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ABSTRACT
This work seeks to improve the present understanding of the dynamics and mixing
processes in the near-field region of river plumes discharged into the coastal ocean. To
advance this, a controlled buoyant river plume flowing into the head of Doubtful Sound,
New Zealand is examined. The high temporal changes in flow, varying by up to 200 m3
s−1 at intervals of less than an hour, impact the distribution of energy in the near-field.
A momentum budget determines the influence of the governing dynamics on near-field
plume structure and is quantified using high-resolution observations of the density, velocity and turbulence, and a control volume method. Within the surface plume, the balance
revealed that the deceleration of the plume was controlled by shear-dominated turbulence.
In the shear-stratified interfacial layer however, momentum was dissipated by an internal
hydraulic jump induced by a transition from a supercritical to sub-critical flow regime in
the initial 1 km. The subsequent release of internal waves were capable of transporting
65% of the total energy out beyond the plume’s boundaries.
Observations of turbulent mixing were quantified using direct measurements of turbulence dissipation rates () and indirect estimates of  from turbulent overturn analysis. Surface plume speeds exceeding 2 m s−1 and some of the strongest stratification (N 2 ∼ 10−1
s−2 ) recorded in the coastal ocean resulted in enhanced shear mixing. The dissipation
rates in the near-field plume region ( > 10−2 W kg−1 ) are amongst the highest recorded in
oceanic shear flows. Stratification constrained the vertical dimension of Thorpe scales (LT )
which limited the maximum dissipation rates that could be inferred from overturn analysis.
This demonstrated that the ratio LT /LO , where LO is the Ozmidov scale, is an unreliable
estimator for  in an environment where boundaries restrict the size of overturns.
The dynamics of plume spreading are closely linked to mixing. Estimates of lateral
plume spreading derived from cross-plume hydrographic data compared favourably with
the control volume method estimates; however, were underestimated by measurements
from GPS drifters due to near-surface flow convergence. Spreading was driven by a horizontal baroclinic pressure gradient that caused lateral flow divergence at the base of the
plume. Empirical diffusion estimates indicated that lateral dispersion increased with distance from the source, consistent with scale-dependent dispersion. Both a plume width
model and analytical shear flow dispersion model independently corroborated the 4/3
power law. Shear was a driving mechanism for lateral dispersion; horizontal shear dispersion was responsible for over 90% of total diffusion within the surface layer.
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Chapter 1
Introduction
A river plume is generated by the discharge of fresh water into the coastal ocean. The release of fresh or brackish water, which is more buoyant than the surrounding ocean ambient,
forms a surface advected buoyant plume (Yankovsky and Chapman, 1997). The dynamical
plume injects substantial quantities of buoyancy, energy and terrigenous material into the
coastal ocean and, in doing so, influences the biological, chemical and physical structure of
the ocean, often many hundreds of kilometres from the river mouth (Horner-Devine et al.,
2009). Consequently, a broad range of environmental issues depend on accurate predictions
of the fate of the freshwater discharge, materials and energy carried into these ecologically
sensitive coastal waters. These issues include the introduction and dispersal of nutrients,
larvae, pollutants and anthropogenic contaminants which underpin the health of the coastal
ocean (Garvine, 1999). An understanding of the dynamics which govern the transport,
dilution and distribution of the freshwater and solutes is therefore necessary.

1.1

Study motivation

The motivation for this river plume study was the importance of near-field plume dynamics in coastal systems. Characterising how the freshwater inflow mixes with the coastal
ambient in the near-field region underpins the structure of the far-field plume (Nash et al.,
2009; Kilcher et al., 2012). The majority of vertical mixing between the river plume and
ambient occurs within the initial few hundred metres from the river discharge point (Jones
et al., 2007) which significantly impacts the density structure and momentum of the flow
(MacDonald et al., 2007; Hetland and MacDonald, 2008; Kilcher et al., 2012). Therefore,
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the impact and fate of the freshwater and related material discharged into the coastal ocean
are controlled by the numerous physical processes which influence the plume close to the
river mouth (McCabe et al., 2009). These processes include stratified-shear mixing, plume
spreading, internal waves, wind forcing and geostrophic transport (Nash and Moum, 2005;
Hetland, 2005; Chen et al., 2009; Kakoulaki et al., 2014), making the riverine system dynamically complex. An understanding of these near-field dynamics, which ultimately influence the plume as it propagates seaward, is vital in order to relate local inflow to the
larger scale coastal environment.
This thesis examines the structure, dynamics and mixing processes in the near-field region of a controlled buoyant plume flowing into the head of Doubtful Sound, New Zealand.
Doubtful Sound is a glacial fjord and the deep, narrow and sheltered basin acts as a largescale natural laboratory. The freshwater tailrace, which carries discharge from the Manapouri hydroelectric power station into the head of the fjord, is generally comparable to
other coastal river plumes. The continuous freshwater inflow results in highly stratified
conditions which are comparable to the density gradients observed in major rivers such
as the Hudson and Columbia Rivers (MacDonald and Geyer, 2004; Jurisa et al., 2016).
Additionally, the discharge rate of the plume is highly variable; the inflow is based on
electricity demands instead of weather systems. This temporal variability in flow rate is
similar to other inherently event-driven coastal plumes (Poff et al., 1997; MacDonald and
Geyer, 2004) and enables a wider range of plume behaviours to be studied over a shorter
period than would be possible in river systems elsewhere. Therefore, the fjord setting provides an ideal system in which to examine specific aspects of near-field plume dynamics.
This work extends the ideas established by O’Callaghan and Stevens (2015) which identified that time-variable inflows resulted in a thicker and more energetic plume, aided by
observations from the same system.

1.2

Aims and objectives

The overarching aim of this study was to characterise the dynamics and mixing processes in
near-field river plumes. This was accomplished using a range of observational techniques.
A second aim was to contextualise the results obtained from an idealised setting to progress
the present knowledge and understanding of near-field plumes in coastal systems. These
aims were addressed using the following objectives:
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• Quantify the dynamical balance of a momentum budget in the near-field region of a
buoyant river plume. Identify and describe the influence of the governing dynamics
on near-field plume structure. This includes quantifying the role that internal waves
play in the removal of energy from the locale.
• Examine the impact of turbulent mixing on plume dynamics. Develop new techniques to quantify turbulence within the plume using direct and indirect methods,
and assess how boundaries influence the size of turbulent overturns.
• Consider the relationship between turbulent mixing and lateral plume spreading. Determine the lateral spreading rate of the buoyant plume in the near-field region. Identify the physical forces that drive plume spreading and quantify lateral dispersion.
• Address these objectives with data collected from two field campaigns conducted in
Doubtful Sound that examine the controlled flow of a buoyant river plume discharged
into a fjord. Gather measurements over a range of spatial and temporal scales using
a variety of instruments and sampling methods.

y
x

inflow

z

Chapter 4

Chapter 6

u(x)

b

u(z)

h
vertical mixing

Chapter 5

IWs

Figure 1.1: Conceptual model of the near-field region of a river plume indicating the focus of each chapter in
this thesis. The plume is the blue shaded box fed by a freshwater inflow with an along-channel velocity of u.
The increasing width of the plume is b and its decreasing thickness is h. Entrainment between the plume and
ambient is highlighted and internal waves (IWs) propagate along the base of the pycnocline. The dynamics
governing the plume structure and the role of internal waves are examined in Chapter 4, mixing processes are
quantified in Chapter 5 and lateral spreading mechanisms are investigated in Chapter 6.
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1.3

Study overview

This study aims to improve the present understanding of the dynamics and mixing processes governing the structure and behaviour of near-field buoyant plumes as they are discharged into the coastal ocean. This thesis has been written as three separate, but related,
scientific manuscripts that are in various stages of the peer-reviewed publication process.
Consequently, there may be a small amount of repetition between chapters, most notably
in the introductions. The specific methodologies are also described in the relevant chapters. Table 1.1 outlines the three papers with their respective authors, targeted journal for
publication and current publication status at the time of printing this thesis.
A review of the present literature in the fields addressed in this thesis is provided in
Chapter 2. Two field campaigns were designed and executed to examine the dynamics in
the near-field of coastal plume environments and quantify turbulent mixing in the region
(Fig. 1.2). The field setting and details of both field campaigns are introduced and described
in Chapter 3. The metadata from all the instrumentation used in both field campaigns is
outlined in Appendix B.

Q

N

2

LP

P

IWs

E2

E1

E3

Figure 1.2: Experimental configuration showing propagating (P) buoyant plume with an inflow rate (Q)
discharged into an ambient stratified coastal environment (N 2 shows the strong density gradient at the base
of the plume). Plume dynamics and internal waves (IWs) are tracked with Eulerian moored instrumentation
at downstream locations (E1,2,3) whilst a Lagrangian profiler (LP) captures mixing in a frame of reference
moving with the plume.

The behaviour and evolution of a flow is governed by its change of momentum. The
momentum is quantified by an acceleration term, an advection term and forcing terms that
include the pressure gradient force, gravity and friction. The acceleration term is split into
local acceleration and the effects of the Earth’s rotation, and the frictional force leads to dis4

sipation of energy. Combined, these components form a momentum budget. The balance
of a momentum budget therefore describes the influence of these governing dynamics on
near-field plume structure (MacDonald and Geyer, 2004; McCabe et al., 2008). An alongchannel plume momentum budget was quantified in the near-field plume region in Chapter
4. Vessel-mounted survey work was conducted to obtain a spatial distribution of the temperature, velocity and turbulence fields within the inner fjord. The observations directly
resolved most of the components of the momentum budget and a control volume method
was used to estimate the remaining terms. The balance of these dynamics was examined
and the mechanics of near-field mixing and spreading were quantified. The degree that energy and momentum are lost due to internal waves is also relevant to the balance of plume
dynamics as internal waves facilitate horizontal and vertical mixing (Orton, 2005; Nash
and Moum, 2005; Pan and Jay, 2008). The role that internal waves played in transferring
mass and energy offshore was also considered in Chapter 4.
Turbulence is important across all scales of relevance as mixing and the dissipation
of energy can significantly impact the density structure and momentum of the flow (MacDonald et al., 2007; Kilcher et al., 2012). In Chapter 5, direct turbulence measurements
were used to quantify the mechanics of turbulent mixing all the way up to the water surface. A combination of reference frame viewpoints (both Eulerian and quasi-Lagrangian)
illustrated the spatio-temporal evolution of the structure and mixing rates in the near-field
buoyant river plume (Fig. 1.2). This unique approach offers insight into the evolution of
turbulent structures in the thin, strongly stratified and highly dynamic interfacial layer. Turbulent overturn analysis was conducted using the high-resolution data to estimate the size
of typical turbulent fluctuations in the near-surface region. Estimates of turbulent mixing
indirectly derived from the overturn analysis were compared to the direct measurements.
The influence of stratification and boundaries on the size of turbulent overturns was also
discussed. A detailed description of the methods used for measuring turbulence dissipation
rates in a strongly sheared environment are included in Appendix A.
The dynamics of plume spreading are a component of the momentum budget examined in Chapter 4 and are tightly linked to vertical mixing (Hetland, 2010; MacDonald
and Chen, 2012). The physical mechanisms responsible for plume spreading can be examined by quantifying dispersion which dictates the lateral and vertical structure of the plume
(Stacey et al., 2000; Jones et al., 2008). Using GPS drifter experiments, across-fjord transects of velocity and temperature, and control volume method estimates of plume width
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from Chapter 4, the plume spreading rate is quantified in Chapter 6. Moreover, the physical forces that drive plume spreading are determined from lateral dispersion coefficients,
obtained from direct observations and numerical analysis.
Results are synthesised in Chapter 7 and the contribution of this work to the present
knowledge of near-field river plume dynamics is also discussed.

Table 1.1: Thesis chapters, paper titles, authorship, target journals and current publication status for each of
the three journal articles produced for this thesis

Ch #
4

Paper title
Dynamics of a highly
turbulent and stratified
near-field buoyant plume

Authors
McPherson,
Stevens,
O’Callaghan,
Lucas & Nash

Journal
Journal of
Geophysical
Research: Oceans

Status
In
Preparation
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Turbulent scales observed
in a river plume entering
a fjord

McPherson,
Stevens &
O’Callaghan

Journal of
Geophysical
Research: Oceans

Under
Review

6

Lateral spreading and
dispersion of a near-field
buoyant river plume

McPherson,
Stevens,
O’Callaghan,
Lucas & Nash

Continental
Shelf
Research

In
Preparation
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Chapter 2
Literature Review
Buoyant river plumes discharged into the coastal ocean can significantly influence shelf
circulation and ecosystem health. The impact and fate of the freshwater inflow are governed by a balance of forcing mechanisms close to the river source. Research over the past
decades has significantly improved our understanding of the individual dynamics and mixing processes within this near-field plume region. This work progresses the current body of
knowledge by adding observations from a highly energetic, near-field buoyant river plume.
However, this thesis also brings together specific aspects of three diverse topics: near-field
plume dynamics, stratified-shear turbulence, and fjord mechanics. The relevance of fjordriver interactions to near-field river plumes is also illustrated in this work.

2.1

River plumes

A buoyant river plume is generated by the inflow of fresh water into the coastal ocean.
These plumes carry more than one third of land-based precipitation to the ocean (Trenberth
et al., 2007) and represent one of the principal forcing mechanisms for coastal and shelf
currents (Yankovsky and Chapman, 1997). River plumes inject large freshwater discharges
and terrigenous material into the coastal ocean which can influence the biological, chemical
and physical structure of the ocean, often many hundreds of kilometres from the river
mouth (Horner-Devine et al., 2009). Consequently, there are significant environmental
implications for the discharge carried into the ecologically sensitive coastal waters.
River-borne materials can be natural such as nutrients and larvae (Mizerkowski et al.,
2012; Lehahn et al., 2017), or anthropogenic such as pollutants and contaminants (Garvine,

7

1999; Hunt et al., 2010; Poje et al., 2014). Coastal ecosystems are affected by these materials carried downstream by rivers. For example, the high nutrient content of water runoff
from agricultural lands can cause algal blooms with adverse effects on marine life (Durand
et al., 2002). Similarly, treated wastewater is often discharged into adjacent waters which
leads to residual nutrient and contaminant loading (Roberts, 1999a). The impact of these
natural and artificial materials is controlled by the numerous physical processes that transport and transform the buoyant freshwater. Accurate predictions of the ultimate fate of the
riverine waters and related material require an understanding of the plume dynamics over a
broad range of spatial scales, typically considered in terms of near and far-field processes.
Near-field

Far-field

advection dominated

(1)
river

wind dominated

(2)

(3)

estuary

buoyant plume

intense
shear-mixing
lift-off point

sustained mixing
and
spreading

return flow

(4)
coastal ocean

wind-mixing

Figure 2.1: Schematic model of the river plume anatomy identifying the major regions of the plume where
(1) source, (2) near-field, (3) mid-field and (4) far-field region. The dominant mixing processes in each region
are illustrated. (Figure modified from Hetland (2005)).

There are four dynamically distinct regions of river plume structure (Garvine, 1984;
Horner-Devine et al., 2015). (1) The source region is the initial point of discharge where
buoyancy and momentum initiate the river plume. As the river discharge is typically more
buoyant than the surrounding oceanic ambient, it ‘lifts off’ from the bed and forms a surface outflow, consistent with hydraulic theory (Armi and Farmer, 1986; Yankovsky and
Chapman, 1997; MacDonald and Geyer, 2005). (2) The near-field region exists at the liftoff point just outside the source where, away from the immediate source of momentum,
the jet-like inflow evolves into a buoyancy-forced plume. Driven by the enhanced discharge velocity, the river momentum exceeds the buoyancy of the plume. The dynamics
in this near-field region are governed by inertial influences (MacDonald and Geyer, 2005).
The high inflow velocities and momentum surplus results in active turbulent mixing of the
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plume and ambient waters (Geyer and Smith, 1987). (3) The mid-field region is where the
inflow momentum has been depleted by processes in regions (1) and (2) and the plume
is increasingly affected by the Earth’s rotation before transitioning into the (4) far-field
plume. The dynamics governing the far-field plume region, which can extend hundreds
of kilometres from the river mouth, include buoyancy, wind stress and rotation (Hetland,
2005; McCabe et al., 2009). The physics in the near-field plume region are responsible
for establishing the initial conditions of the far-field plume; therefore, an understanding of
these near-field dynamics can enable local outflow to be related to the larger scale coastal
environment.

2.2

Plume dynamics

The spatial and temporal evolution of a plume immediately after discharge is controlled
by a complex and poorly understood relationship between vertical mixing of the plume
with ambient water and spreading of the plume in the lateral direction (Hetland, 2010;
MacDonald and Chen, 2012). As the plume exits the river mouth, it is no longer confined
by the channel and spreads laterally as a result of the strong density gradient between the
freshwater plume and ambient coastal water (Hetland, 2010). This spreading causes the
surface layer to shoal and accelerate, thereby increasing shear at the plume base (Wright
and Coleman, 1971; Armi and Farmer, 1986). The enhanced shear results in mixing of
low-momentum, high density ambient water into the buoyant plume which decelerates the
plume, reduces shear and decreases the density anomaly which in turn slows spreading
(McCabe et al., 2009; Kilcher et al., 2012; MacDonald and Chen, 2012). These linkages
make it critically important to understand the relative contribution of each dynamic process
to properly characterise the local plume behaviour and understand the implications for the
larger coastal ocean.
The balance of a plume momentum budget describes the influence of these governing dynamics on near-field plume structure (MacDonald and Geyer, 2004; McCabe et al.,
2008; MacDonald et al., 2013). Other components of the budget include an acceleration
term, an advection term and forcing terms that include the pressure gradient, gravity and
friction. The acceleration term is split into local acceleration and the effects of the Earth’s
rotation, and the frictional force leads to dissipation of energy. The momentum balance in
the near-field plume region has been shown to be dominated by turbulent interfacial stress
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between the buoyant plume and underlying ambient, flow acceleration, and the barotropic
and baroclinic pressure gradients (McCabe et al., 2009; Kilcher et al., 2012).
y

z=0

x

A1
z

h1
t = t1

A2

u1
u2

b1
h2

Volume V
t = t2

b2

Figure 2.2: Schematic of a control volume approach for a river plume. The volume V exists between two
adjacent surface streamlines (bold lines) separated by some distance b over a period ∆t = t2 − t1 . A variable
depth of the plume base (h) is determined by the depth of the maximum stratification and the cross-sectional
plume area at times t1 and t2 is denoted by A1 and A2 respectively. Mean flow speeds at each of the two
faces are given by u1 and u2 .

The budget is formed over a finite region of the flow field such as a control volume,
governed by conservation equations. The control volume method is best suited to highenergy environments and regions of strong turbulence, such as the near-field region of river
plumes, due to the sensitivity required to identify changes in flow structure (MacDonald
et al., 2007). The method has been successfully applied in estuarine systems to estimate
turbulent transport quantities (MacDonald and Geyer, 2004; Chen and MacDonald, 2006),
plume spreading (MacDonald et al., 2007) and to examine the role of mixing in a river
plume (McCabe et al., 2008; MacCready et al., 2009; MacDonald et al., 2013). The control
volume is generally used to indirectly quantify turbulence due to the expensive nature of
collecting data at microscale resolution (MacDonald and Geyer, 2004; Chen and MacDonald, 2006) and reasonably good agreement between control volume estimates and direct
measurements using shear probes has been found. However, a sufficient number of direct
measurements are necessary due the intermittency and heterogeneity of the turbulent field
(MacDonald et al., 2007, 2013). Errors can also develop in control volume assumptions,
arising from accounting for lateral spreading using freshwater conservation. This method
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provides a reasonable estimate for lateral fluxes within the surface plume; however is a poor
representation of spreading below the interface. Furthermore, there is high-frequency variability and time-dependence which is not included using solely the control volume method
(MacDonald and Geyer, 2004; Kilcher et al., 2012). The control volume technique is further developed in Chapter 4 by using direct turbulence observations to more accurately
represent the mechanisms of turbulent mixing within the budget.

2.3

Internal waves

The degree that energy and momentum in the system are lost due to internal waves is also
relevant to the balance of plume dynamics (Orton, 2005; Kilcher and Nash, 2010). Internal
waves transfer mass and energy gained from the front offshore, facilitating horizontal and
vertical mixing of the plume with the surrounding ambient (Pan and Jay, 2008). Internal
waves are generally assumed to radiate from locations where tidal currents flow over topographic features such as sills (Farmer and Freeland, 1983; Klymak and Gregg, 2004),
ridges (Klymak et al., 2008; Stevens et al., 2012) and the continental shelf (Moum et al.,
2003, 2007), and have been regularly observed from space by synthetic aperture radars
(SAR) (Fu and Holt, 1982). Internal waves can also be generated from a river plume that
flows as a buoyant gravity current into the coastal ocean (Nash and Moum, 2005; Pan et al.,
2007; Horner-Devine et al., 2009). The internal Froude number, F ri = us /c, where us is
√
the surface speed and c = g 0 h is the internal wave speed, g 0 is the reduced gravity and h is
the depth of the surface layer, sets the criterion for free wave propagation. When the plume
front propagates faster than the intrinsic internal wave, the flow is supercritical (F ri > 1)
and the internal waves are bound to the plume front. As the plume speed decreases below
the internal wave speed, the flow transitions to a sub-critical flow regime (F ri < 1) and
internal waves are released and detached (Jay et al., 2009).
In the Columbia River, Nash and Moum (2005) observed the release of packets of
internal waves from the decelerating plume front which then propagated through the nearfield and extended the influence of the plume to a considerable area beyond its bounding
front. Pan and Jay (2008) found that a packet of internal waves carried 70% of the total
energy out beyond the Columbia River’s boundaries. Internal waves therefore play an
important role in the energy dissipation process. However, the influence of internal waves in
redistributing and dissipating momentum has not yet been included in a plume momentum
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budget. The role that internal waves play in removing energy from the system is quantified
in Chapter 4.

2.4

Turbulent mixing

Vertical mixing of the plume and surrounding oceanic ambient and dissipation of energy
can significantly impact the density structure and momentum of the flow (MacDonald et al.,
2007; Hetland and MacDonald, 2008; Kilcher et al., 2012). The intensity of turbulence is
often quantified based on the turbulent kinetic energy (TKE) dissipation rate () which can
be estimated from direct microstructure measurements (Moum, 1990a; Lueck et al., 2002)
or turbulent overturn scales (Orton, 2005). Typically, ocean microstructure is calculated
from vertical profilers or autonomous underwater vehicles (AUVs) mounted with shear
probes or fast thermistors which directly measure shear or temperature, sampling the dissipation subrange of the turbulence spectrum (Lueck et al., 2002). Direct estimates of 
are then achieved by fitting the observations to theoretical spectra (Osborn, 1974; Oakey,
1982; Wesson and Gregg, 1994).
Direct turbulence measurements of dynamics have improved understanding of the mechanisms responsible for mixing in river plumes. This method has been used to examine
stratified-shear flow instabilities (Smyth and Moum, 2000; Geyer et al., 2010; Stacey et al.,
2011), quantify the relationship between plume mixing and spreading (MacDonald et al.,
2007) and has provided insight into the impact of mixing in each region of the plume
(MacDonald et al., 2007; Nash et al., 2009). There exists an inverse relationship between
turbulent mixing and distance from the river mouth; the most intense turbulence dissipation
occurs in the region near the discharge point or plume lift-off zone (Luketina and Imberger,
1989; McCabe et al., 2008) and decreases with distance from the front (Orton, 2005; MacDonald et al., 2007). Values of  in the near-field region have been observed to be as high
as 10−4 − 10−3 W kg−1 (MacDonald and Geyer, 2004; Nash et al., 2009). This provides a
motivation to measure  as close to the riverine source as possible; the results of which are
described in Chapter 5.

2.4.1

Turbulent overturning scales

Stratified-shear flows generate overturn structures (Smyth and Moum, 2000) which can
also be used to quantify turbulence. Mater et al. (2013) examined such fundamental length
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scales with a particular focus on the Thorpe scale (LT ). The Thorpe scale estimates the
vertical extent of overturns in a stratified water column (Thorpe, 1977). Thorpe (1977)
argued that the appearance of inversions in a vertical density profile from an otherwise
stably stratified fluid was created by an eddy which temporarily overturned the density
surface. The inversions, therefore, indicated the presence of turbulent mixing (Fig. 2.3).
To quantify the vertical overturning scale associated with the eddies, Thorpe (1977) sorted
temperature profiles observed in a Scottish freshwater loch to a stable state and kept track
of the vertical distance over which the observed profile is displaced to become the sorted
profile, yielding the vertical turbulent displacement. The root-mean-square of the Thorpe
displacements within a complete overturn is defined as LT .

u1
1

LT
2

u2

a

stable density
profile
depth

b

1

<

overturns
appear as
inversions

stable profile

2

depth

c

density

density

Figure 2.3: (a) Generation of an idealised shear instability along a density interface in a stratified two-layer
system in which a lighter fluid overlays a heavier layer (ρ1 < ρ2 ). The velocity difference across the interface
(u1 > u2 ) generates shear which leads to overturning in the interface. The vertical size of the overturn is the
Thorpe scale (LT ). Vertical density profile when (a) the two-layer system is stable and (b) in the middle of a
turbulent overturn with the stable density profile overlaid (dotted). The overturns within the eddy appear as
inversions in the density profile.
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Often LT is related to fundamental quantities of flow such as stratification (N ), shear
(S) or TKE dissipation rate () to more fully characterise turbulence (Dillon, 1982). An indirect approach for estimating  assumes that  scales with the Ozmidov scale (LO ) (Gregg,
1987; Gargett, 1989) which is the outer bound on eddy size above which overturns are
affected by stratification (Ozmidov, 1965). However, LO is not measured directly and the
Thorpe scale is instead used as an objective measure of the overturn’s size in the water
column. Previous field measurements have established that LO and LT are proportional
in shear-dominated mixing (Dillon, 1982; Wesson and Gregg, 1994; Ferron et al., 1998;
Stansfield et al., 2001).
While microstructure profilers provide accurate measurements of the dissipation scales
of ocean turbulence, microstructure surveys are sporadic as they are restricted by their
complexity and expense. Small-scale mixing can instead by estimated from coarser resolution data. Using Thorpe scales to indirectly determine  has been employed in a variety
of settings such as lakes, straits and the open ocean (Etemad-Shahidi and Imberger, 2001;
Stansfield et al., 2001; Finnigan et al., 2002; Park et al., 2014) due to the relative ease with
which overturns are measured using standard oceanographic instrumentation. Good agreement between direct microstructure and turbulent overturn analysis using LT to estimate 
have been previously reported (Klymak et al., 2008; Paka et al., 2013; Park et al., 2014).
A critical assessment of the use of Thorpe scales to estimate turbulence dissipation rates
in a variety of conditions has been conducted in papers by Mater et al. (2015) and Scotti
(2015).
However, this method is typically applied where turbulence is generated by relatively
low energy overturning events ( = 10−10 − 10−7 W kg−1 ) (Moum, 1996). Recently, the
approach was used in a more turbulent, fast-flowing strait ( = 10−5 W kg−1 ) and overturnderived TKE dissipation rates and microstructure-derived estimates of  also converged
(Stevens, 2017). MacDonald et al. (2013) compared direct measurements of  with the
overturn-based  in the near-field of the Merrimack River where  peaked at 10−5 W kg−1 .
It was found that while both methods described the turbulent structure in the plume over
broad spatial scales, using overturns to quantify mixing tended to underestimate regions of
locally enhanced turbulence. This motivates a comparison between the Thorpe scale-based
and microstructure-based methods for calculating  in a highly energetic system. This
comparison is undertaken in Chapter 5.
Furthermore, turbulent overturn analysis is generally applied in the open ocean where
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the measured LT are typically not affected by physical constraints such as boundaries or
stratified layers (Gargett and Garner, 2008; Stevens et al., 2014). In river plumes however,
the comparatively shallow and strong pycnocline can act as a boundary that could impact
the overturns within the plume. As a directly measured quantity, Thorpe scales relate physically to boundary layers unlike LO which are inferred and not subject to the same physical
boundaries. Therefore, boundary layers are more likely to influence LT . Though Thorpe
scale analysis has been previously applied in the context of river plumes (Peters, 1997;
MacDonald et al., 2013), the effect of boundaries on the vertical extent of overturns and the
implications for quantifying mixing has not yet been considered. The potential applicability of using Thorpe scales to estimate  in an environment where the shear-stratified layer
acts as a physical boundary is also examined in Chapter 5.

2.5

Plume spreading

While mixing in the near-field region plays an important role in the transport of buoyancy,
material and energy into the coastal ocean, lateral plume spreading is also an important
component of the transport process (Luketina and Imberger, 1987; Anderson et al., 2005).
Plume spreading occurs due to the strong density difference between the freshwater inflow
and the surrounding ambient (List, 1982; Garvine, 1984). Lateral spreading and the relationship between spreading and stratified shear-turbulence have been examined primarily
using numerical simulations (Hetland and MacDonald, 2008; McCabe et al., 2009; Hetland,
2010; MacDonald and Chen, 2012). Model results compare well with direct measurements
of plume spreading using hydrographic surveys and GPS drifters (McCabe et al., 2008;
Chen et al., 2009). The results of these studies have shown that plume spreading is generally a function of the radial distance from the river mouth (Hetland and MacDonald, 2008)
and capable of enhancing local turbulence (MacDonald and Chen, 2012). The rate of lateral spreading is also proportional to the internal wave speed (Hetland and MacDonald,
2008; Chen et al., 2009). A comparison and validation of several different observational
techniques used to estimate plume spreading rates are provided in Chapter 6.
The CORMIX3 modelling system uses a sequence of hydrodynamic models to quantitatively predict buoyant discharge properties such as the trajectory and width of the plume,
and the concentration levels of specific pollutant parameters (Doneker and Jirka, 2007).
The model is typically used in outfall designs and in environmental impact assessments.
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Complex and variable flow simulations of near-field plumes have compared well to direct
measurements (Akar and Jirka, 1994; Lucas and Kudela, 2017). However, the predictions
made by CORMIX and widely used by regulators and policy-makers rely on the simplification of the hydrodynamics within the plume and the spatio-temporal variability of the
ambient environment.

2.5.1

Lateral dispersion

The physical mechanisms responsible for plume spreading can be examined by quantifying dispersion. Advection governs the rate of travel and the direction in which the plume
evolves from a source, and dispersion determines the lateral and vertical structure of the
plume (Stacey et al., 2000; Jones et al., 2008). When the vertical dimension is constrained
by a boundary or stratified layer, such as in the coastal ocean, vertically well-mixed conditions are quickly reached and the dispersion of scalars tends to occur primarily in the lateral
direction (Okubo, 1971).
Longitudinal dispersion in rivers governs the transport of solutes in the far field region
and has been examined extensively using both observation and estimation methods (Wilson
and Okubo, 1978; Fischer et al., 1979; Guymer and West, 1992; Shen et al., 2010; Zeng and
Huai, 2014). In the near-field plume region, longitudinal dispersion is generally neglected
as vertical mixing and lateral dispersion are dominant transport processes (Fair et al., 1971;
Fischer et al., 1979; Fong and Stacey, 2003). Lateral dispersion coefficients have been
estimated in riverine systems using dye tracers (Rathbun and Rostad, 2004; Sun et al.,
2013; Baek and Seo, 2016) though many of these studies failed to determine the particular
mechanisms which drove the observed dispersion.
Generally, the mechanisms responsible for dispersion are combined into a single empirical law which relates the rate of diffusion (i.e., the dispersion coefficient, Kh ) to the
plume width (l), i.e., the dispersion is scale-dependent (Richardson, 1926; Okubo, 1971;
Lawrence et al., 1995). Field measurements of dispersion in the open ocean have found
that Kh ∝ l4/3 for homogenous, isotropic turbulence (Stommel, 1949; Batchelor, 1950).
Studies of dispersion in the surface waters of lakes and oceans (Stommel, 1949; Okubo,
1971; Murthy, 1976; LaCasce and Bower, 2000; Stevens et al., 2004) and in shelf seas
(Jones et al., 2008; Moniz et al., 2014) have corroborated this 4/3 power law. Stacey et al.
(2000) and Fong and Stacey (2003) found that the initial growth of a near-bed coastal plume
also obeyed the 4/3 law, indicating that open ocean dispersion theory is applicable in the
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near-shore coastal environment. The 4/3 law of dispersion was also predicted by Batchelor
(1950) and the similarity theory of turbulence (Kolmogorov, 1941).
In comparison to lakes and the open ocean, mixing in the near-field region of river
plumes is typically stronger and anisotropic due to velocity shear (Gregg, 1987; Fischer
et al., 1979; MacDonald et al., 2013). Therefore, it seems unlikely that the turbulent processes responsible for dispersion in a river plume would be comparable to those in the open
ocean and postulated by the 4/3 power law. Lateral dispersion and the physical forces that
govern dispersion in the near-field of a buoyant river plume are examined in Chapter 6.

2.6

Fjords

This thesis focuses on buoyant river plumes discharged into a fjord. Fjords are often influenced by freshwater inflow in response to the seasonal weather cycle (Stanton and Pickard,
1980; Farmer and Freeland, 1983). The major freshwater input to a fjord is typically riverine and distributed around the shoreline (Pickard and Stanton, 1980; Stanton and Pickard,
1980; Inall and Gillibrand, 2010) however, the input of a consistently large river flow is
exceptional. The presence of a significant freshwater plume at the head of a fjord would
produce similar density gradients to those observed in major rivers such as the Hudson and
Columbia Rivers during periods of large freshwater flux (MacDonald and Geyer, 2004;
Hunter et al., 2010). A comparison between fjord-inflow interactions and the near-field
region of a river plume discharged into the coastal ocean was made by O’Callaghan and
Stevens (2015), whereby a recirculating bulge of river water interacts with a coastal current. The study examined the near-field energetics of a transient freshwater plume flowing
into the head of a fjord, setting the scene for the present work. Results found that variable
inflow rates similarly impact the plume structure and energetics in both coastal plume and
fjord settings (Yankovsky et al., 2001; Nash and Moum, 2005).
Fjords, glacially formed estuaries, are characterised by a long, deep, narrow and sheltered basin separated from the open ocean by a shallow sill. This sill acts to isolate the fjord
from the sea which affects the biological, chemical and physical structure of the inner waters (Farmer and Freeland, 1983). Due to their deep and complex bathymetry, fjord studies
typically focus on processes over the whole water column (Gade and Edwards, 1980; Geyer
and Cannon, 1982; Ross et al., 2015) and little emphasis has been placed on near-surface
structure. Many fjords feature a thin surface layer of brackish water (0 − 5 m) as a result
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Figure 2.4: Schematic diagram of a typical fjord system. Details include an outer and inner sill; deep,
intermediate and brackish surface water layers; as well as water mass exchanges between inshore and offshore
coastal waters. Other factors influencing fjord circulation include wind forcing, tides and changes in the
coastal density structure.

of the freshwater inflow which drives estuarine circulation: the low-salinity surface layer
(LSL) flows seaward above a deeper return flow (Stanton and Pickard, 1980). A return flow
is also observed in the near-field of buoyant river plumes (Fig. 2.1) (Horner-Devine, 2009;
Kilcher and Nash, 2010). The LSL lies above an intermediate layer typically between the
surface layer and the depth of the fjord sill, and deep basin water below the sill (Fig.2.4)
(Farmer and Freeland, 1983). Due to the deep bathymetry which minimises tidal exchange
and the basin sheltered from large ocean swell, little mixing of the surface layer generally
occurs with the ambient water below. Therefore, the LSL can be persistent throughout the
year (Farmer and Freeland, 1983). Ecologically, the LSL is of crucial importance as the
sharp salinity gradient is often the dominant driver of biological processes in fjords such a
predation distribution (Witman and Grange, 1998), species diversity (Smith and Witman,
1999) and controlling the vertical structure of rock wall communities (Grange and Singleton, 1988).
The renewal of waters below the depth of the sill is principally driven by the sinking of
high-density waters which replace the existing basin water (Geyer and Cannon, 1982) and
diapycnal mixing (Stigebrandt and Aure, 1989). Internal tides, generated by the interaction
between the sill and the tides, transfer energy from barotropic to baroclinic processes, thus
to mixing (Inall et al., 2004; Ross et al., 2014). Enhanced mixing is also associated with
sill processes such as internal hydraulic jumps and shear instabilities (Stacey and Gratton,
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2001). These physical processes also occur in both the coastal and open ocean (Nash and
Moum, 2001; Geyer et al., 2017) however, are less complicated in fjord settings as the
dynamics are reduced to two dimensions due to the narrow topography. Fjords are therefore often used as a natural process laboratory (Sjöberg and Stigebrandt, 1992; Stigebrandt,
1999; Inall and Gillibrand, 2010; O’Callaghan and Stevens, 2015) and provide ideal systems in which to examine specific aspects of near-field plume dynamics.
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Chapter 3
Field Setting: Deep Cove, Doubtful
Sound
3.1

Buoyant river plume

Two field campaigns were designed to examine the dynamics in the near-field of coastal
plume environments and quantify turbulent mixing in the region. The setting in which
these campaigns were executed was a controlled buoyant discharge flowing into head of
Doubtful Sound, New Zealand. The water originates from alpine Lakes Manapouri and Te
Anau and, through the Manapouri hydroelectric power station, is discharged as a freshwater
tailrace into the head of the fjord, Deep Cove. The tailrace discharge enters Deep Cove via
two constructed tunnels then continues to follow a canal cut through the inter-tidal flats
for another 200 − 300 m before it reaches the discharge point (Fig. 3.1). The canal is
approximately 100 m wide and 3 m deep. Due to the steep topography of the fjord, the
water depth increases rapidly to 90 m within 100 m of the tailrace discharge point.
With an annual average inflow of 420 m3 s−1 , the tailrace is the third largest river flow
in New Zealand and generally accounts for twice the freshwater input of natural runoff into
the fjord (Bowman et al., 1999). Freshwater runoff enters Doubtful Sound during episodic
rain events through approximately 140 rivers and waterfalls that drain a catchment area of
1070 km2 . Tailrace inflow rates (Q) are highly variable as they are based on power demands instead of weather systems and can change rapidly by up to 200 m3 s−1 at intervals
of less than an hour (i.e., dQ/dt ≈ 0.05 m3 s−2 ) (Fig. 3.2). The high temporal changes in
discharge rate are comparable to the pulsed, event-driven, high flow discharges observed in
20
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Figure 3.1: Photographs of (a) the tailrace canal and discharge flowing towards Deep Cove and (b) where the
tailrace is discharged into the head of Deep Cove. Photographs were taken by the author.
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other major New Zealand rivers and elsewhere (Poff et al., 1997; MacDonald and Geyer,
2004). Variable freshwater forcing similarly impacts the vertical density structure and energetics of the near-field plume in both Deep Cove and other river plume systems (Yankovsky
et al., 2001; Nash and Moum, 2005; O’Callaghan and Stevens, 2015).

Figure 3.2: Discharge from the Manapouri hydroelectric power station (solid) and tidal cycle (dotted) for the
duration of the (a) September 2015 and (b) March 2016 field experiments. Tidal elevation was predicted from
the NIWA tidal model.

3.2

New Zealand fjords

Around 200 km of the south-west coast of the South Island of New Zealand is indented with
a system of glacially carved fjords. Fiordland - a major part of the wider Te Wahipounamu
World Heritage Site - is over 1.2 million hectares in size and encompasses 14 individual
fjords and associated arms, extending from Milford Sound southwards to Preservation Inlet
(Fig. 3.3). The fjords range in length from 15 to 38 km and are separated by steep mountain
walls rising to heights of 2000 metres and more. The outer coasts and fjord entrances are
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exposed to oceanic swells from the Southern Ocean.
The fjords have a globally unique subtidal ecosystem and are renowned for their highly
endemic and diverse marine communities (Smith, 2001; Witman et al., 2004). The region
has been a site of numerous marine ecology studies focusing on marine mammals and other
biota. These include the demographics, distribution and behaviour of bottlenose dolphins
(Williams et al., 1993; Schneider et al., 1998; Haase and Schneider, 2001), population assessments of the nationally endangered Fiordland crested penguin (Mattern, 2013; Otley
et al., 2017), the dynamics of sea urchin populations and the effects of their grazing (Villouta et al., 2001; Wing, 2009).
The exposure of the Fiordland region to prevailing Westerly weather systems and orographic precipitation compounds in annual rainfall in excess of 7 m. This large freshwater
input is greater than in any other fjord in the Pacific region (Pickard and Stanton, 1980) and
results in pronounced low-salinity surface waters off the Fiordland coast (Garner, 1969). It
also produces a well-defined surface low-salinity-layer (LSL) within the fjords which drives
estuarine circulation; a surface brackish layer flows seaward and a return flow occurs below
(Stanton and Pickard, 1980). Due to the deep bathymetry, narrow tidal range (1.5 m and 2.5
m for neap and spring tides respectively (Walters et al., 2001)) and basins sheltered from
the large ocean swell, little mixing of the LSL occurs with the coastal ocean below. Therefore, the LSL is a permanent feature. Seasonal observations in different fjords have shown
that the LSL is generally 2 - 4 m thick (Stanton and Pickard, 1980; Stanton, 1984) though
deepens during strong wind and rain events (Witman and Grange, 1998; Gibbs et al., 2000).
Salinity gradients associated with the LSL have been identified as a dominant driver of biological processes in fjords (Witman and Grange, 1998; Smith and Witman, 1999) including
governing the distribution of assemblages of shallow-water species along the rock walls
(Grange and Singleton, 1988; Boyle et al., 2001).

3.3

Doubtful Sound

Doubtful Sound (45.3◦ S, 167◦ E) is approximately 35 km long, typically less than 1 km
wide, and has a maximum depth of 450 m at the confluence of Doubtful and Bradshaw
Sound (Fig. 3.4a). At the seaward entrance of the fjord lies a moderately shallow submarine
sill (∼ 120 m) (Fig. 3.4c). The presence of the LSL is a common feature found across
Fiordland however, it is most persistent in Doubtful Sound due to natural and anthropogenic
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Figure 3.3: Location map of the Fiordland region in south-western New Zealand, showing the distribution of
the deep-water fjords.

24

freshwater sources (Stanton and Pickard, 1980). The freshwater tailrace discharge from
the Manapouri hydroelectric power station into the head of the fjord plays a significant
role in the maintenance of the near-surface stratification (Gibbs et al., 2000). The tailrace
inflow variability as well as wind forcing and rainfall regulates the thickness of the LSL in
Doubtful Sound (Bowman et al., 1999; Goodwin and Cornelisen, 2012).
Due to their deep and complex bathymetry, fjord studies typically focus on processes
over the whole water column (Gade and Edwards, 1980; Geyer and Cannon, 1982; Ross
et al., 2015) and little emphasis has been placed on near-surface density structure. However,
the permanent LSL in Doubtful Sound has provided an excellent opportunity to examine
the near-surface region. The high tannin content of river run-off, from the fluvic and humic
acid leached from the surrounding vegetation, modifies the colour of the surface water. This
markedly reduces the amount of light penetration through the LSL (Peake, 1978). Low
light levels (Grange et al., 1981), a lack of sedimentation (Pickrill, 1987), and protection
from exposure to oceanic swells by Secretary Island (Fig. 3.4a) (Wing et al., 2007) allows
assemblages of species such as antipatharian black and red coral and sea pens to live at
much shallower depths (5 − 40 m) than the usual 75 m (Smith and Witman, 1999). The
continental shelf is narrow along the Fiordland coastline and, as a result, currents carry the
larvae of deep water organisms from beyond the shelf into the nearby fjords where they are
able to grow in this unique environment (Grange et al., 1981).
In contrast to the numerous ecological studies of Doubtful Sound, physical oceanographic investigations of the fjord system have been relatively limited. Previous work
includes descriptive studies of hydrography (Stanton and Pickard, 1980; McCully et al.,
1995) and examining variability in the vertical structure of the LSL due to weather bands
and the temporal tailrace discharge (Gibbs, 2001; Goodwin and Cornelisen, 2012). More
recently, O’Callaghan and Stevens (2015) found that changing tailrace inflow rates induced
hydraulic jumps which led to enhanced energy dissipation and rapid breakdown of the vertical density structure. This work also highlighted the significance of time-variable inflows
on energy dynamics and near-field structure in coastal plumes more generally.

3.3.1

Vertical structure of Doubtful Sound

Doubtful Sound was characterised by a three-layer vertical temperature structure (Fig.
3.5a). A 5 m thick near-surface layer overlay a mixed layer of approximately 14.5◦ C
from 10 - 40 m. Below this, a sharp thermocline from 40 - 50 m marked a decrease in
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temperature from 14.35 − 12.5◦ C and the bottom layer, down to 120 m, was well-mixed.
The salinity profiles highlighted a distinct two layer vertical structure where a 4 m thick
freshwater (∼ 3 psu) surface layer overlay a well-mixed ambient of constant oceanic value
(35 psu) from 6 m to the bottom of each basin (Fig. 3.5b). This equates to a vertical σt
difference of σt = 24 kg m−3 over the upper 10 m of the water column.

Figure 3.5: Full-depth vertical profiles of (a) temperature and (b) practical salinity, and the upper 10 m of (c)
temperature and (d) practical salinity at each of the four deep CTD cast locations: Deep Cove (DC), Rolla
Island (RI), Hall Arm (HA) and Elizabeth Island (EI) (Fig. 3.4b). The CTD profiles were only taken in March
2016.

The vertical profiles were taken towards both the head and seaward end of two arms
of Doubtful Sound: Deep Cove and Hall Arm (Fig. 3.4b). An along-fjord surface salinity
gradient existed in both locations, where fresh surface water was measured at the head of
the inner basin and increased in salinity towards the seaward end of the basin. There was
a difference of approximately 3 psu between the surface layer at Deep Cove and Elizabeth
Island, and between Hall Arm and Rolla Island (Fig. 3.5d). Though the surface layer at
Hall Arm and Deep Cove was of a comparable salinity, the temperature difference between
the two locations (1.4◦ C) indicates that the source of the freshwater at each location was
different (Fig. 3.5c): Deep Cove was influenced by the tailrace discharge (Gibbs et al.,
2000) and a small creek (∼ 3.8 m3 s−1 ) contributed to the freshwater inflow at Hall Arm
(Rutger and Wing, 2006). Temperature behaved as a scalar tracer in the surface layer, highlighting the seaward path of the colder tailrace discharge from Deep Cove past Elizabeth
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Island. The temperature difference between the surface layer at each of the seawards locations, Elizabeth Island and Rolla Island, was 0.8◦ C (Fig. 3.5c). At the seaward entrance
of Doubtful Sound, more oceanic conditions and a surface layer of approximately 1 m in
thickness have been recorded (McCully et al., 1995). The surface salinity was found to be
influenced by the freshwater tailrace outflow as close as 4.6 km from the seaward entrance
of Doubtful Sound, approximately 30 km from the head of Deep Cove (Rutger and Wing,
2006).

3.4

Deep Cove

The focus of the observational experiments in this thesis were conducted between the tailrace discharge point and the seaward end of Deep Cove, approximately 3 km downstream.
As a result of the tailrace discharge, the LSL is more persistent in Deep Cove than other
arms of the fjord also influenced by natural freshwater inputs (e.g., Precipice Cove and
Gaer Arm at the head of Bradshaw Sound) (Stanton and Pickard, 1980; Tallis et al., 2004).
Deep Cove itself is 3.6 km long and orientated at a direction of 320◦ (Fig. 3.4b). A shallow
submarine sill (∼ 30 m) exists at the seawards entrance to Deep Cove (Fig. 3.6). Flanked by
steep topography rising to heights of over 2000 m, the maximum depth of Deep Cove (126
m) occurs within 50 m of the shoreline. The deep, narrow and sheltered basin acts as an
ideal large-scale natural process laboratory (Fig. 3.7). The freshwater tailrace discharged
at the head of the fjord contributes to the natural laboratory concept.
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Figure 3.6: (a) Map of Deep Cove with mooring locations from September 2015 (circles) and March 2016
(stars) and (b) vertical depth profile of Deep Cove. Maximum basin depth is 126 m and a submarine sill exists
at the entrance to Deep Cove.
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Figure 3.7: Annotated photograph at the head of the fjord (Wilmot Pass) overlooking Deep Cove. The freshwater tailrace inflow is a distinct narrow jet to the right of the basin. Photograph taken by J. M. O’Callaghan.

The upper water column in Deep Cove was highly stratified with a well-mixed 2 − 3 m
thick freshwater (0.8 psu) surface layer above a sharp density interface (Fig. 3.8a). Below
the pycnocline there was an increase of salinity towards an oceanic value (∼ 36 psu). The
corresponding temperature range over the upper 5 m was 7.9 − 12.3◦ C (14.1 − 15.3◦ C) in
austral spring (autumn), equating to a vertical sigma-t difference of σt ≈ 28 kg m−3 . The
pycnocline became more diffuse with distance from the tailrace discharge point.
The buoyancy frequency squared (N 2 ) profile at the head of the fjord revealed a sharp
peak of N 2 = 0.25 s−2 at 2.4 m below the surface (Fig. 3.8b). Generally weaker values
were observed in the surface layer (N 2 = 10−2 s−2 ) and reduced towards zero with depth
below the interface to 10 m. The velocity structure of the near-field plume region showed
a fast-flowing surface layer which overlay a relatively stationary ambient (Fig 3.8c). Maximum plume speeds exceeded 2 m s−1 with a mean surface velocity of 1.4 m s−1 . The
velocity of the plume decreased with distance from the tailrace discharge point from 2.1
- 0.8 m s−1 over the 3 km distance. Previous studies have shown that variability in the
velocity and thickness of the surface layer corresponded well to changes in the discharge
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rate of the freshwater plume (Boyle et al., 2001; O’Callaghan and Stevens, 2015).

Figure 3.8: Example vertical profiles of (a) sigma-t (σt ), (b) buoyancy frequency squared (N 2 ) and (c) alongchannel velocity (u) from 0.5 km (solid line), 1 km (dashed) and 1.5 km (dotted) downstream of the tailrace
discharge point. The horizontal dashed line in (c) shows the depth above which the velocity was interpolated.
Near-surface velocity was obtained by linearly interpolating from the measured ADCP data at 1 m to the
Velocimeters moored at 0.1 m.

The freshwater tailrace is generally comparable to the near-field region of other coastal
plumes, whereby a recirculating bulge of river water interacts with the coastal ambient
(Garvine, 1987). The buoyant plume discharged into Deep Cove flowed at speeds greater
than 2 m s−1 (Fig. 3.8c) which is comparable to the maximum flow speeds of major rivers
such as the Columbia River (Nash et al., 2009) and the Fraser River (MacDonald and Geyer,
2005). The freshwater inflow also produces similar density gradients (Fig. 3.8b) to those
observed in the Hudson and Columbia Rivers during periods of large freshwater flux (MacDonald and Geyer, 2004; Hunter et al., 2010). Additionally, the high temporal variability
in flow rate is similar to other event-driven coastal plumes (MacDonald et al., 2007). The
inflow variability enables a wide range of plume behaviours to be studied over a shorter
period than would be possible in river systems elsewhere. Therefore, the controlled freshwater discharge into the head of Deep Cove provides an ideal system in which to examine
near-field plume dynamics. A further comparison of specific characteristic properties of the
tailrace inflow and other river plume systems is conducted in Chapter 4 and 5, and more
fully in Chapter 7.
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3.5

Method summary

Both field campaigns in Deep Cove were conducted over three-week periods in September
2015 and March 2016 (austral spring and autumn respectively). During each experiment, a
wide range of instrumentation was used to obtain a spatial distribution of density, velocity
and turbulence fields within Deep Cove. Details of the specific methodologies are included
in the relevant chapters of this thesis and a summary of the observational techniques is
presented here. This thesis represents an analysis of a sub-set of all the data gathered. A
general science plan was constructed before each field campaign to address the main goals
of this work, with mooring deployment and retrieval to be conducted as early and late as
possible respectively. The plan for each interim day was then flexible: subject to weather
conditions and instrumentation availability, with certain experiments prioritised depending
on the results of previous days.
A near-surface mooring array was deployed at locations throughout Deep Cove for the
duration of both field experiments. The moorings were used to determine the structure and
temporal evolution of the buoyant plume as it propagated seaward, including the influence
of variable inflow rates on near-field plume structure outlined in Chapter 5. Each mooring
comprised a surface mounted Acoustic Doppler Velocimeter (Nortek Vector), temperature
loggers (SBE 56; RBR TR1050), conductivity-temperature-depth loggers (CTD, SBE 37SMP) and an Acoustic Doppler Current Profiler (ADCP, RDI 1200 kHz; RDI 600 kHz).
The configuration and location of each mooring is described in Appendix B. Spectral
analysis was conducted on the velocity and temperature observations and used to examine
the distribution of variability across a range of frequencies (Emery and Thomson, 2001).
In Chapter 4, the components of the along-channel momentum budget in the near-field
plume region were quantified. Direct observations of density, velocity and turbulence directly resolved most of the terms of the budget and the remaining components were estimated using a control volume method. A sequence of vessel measurement transects within
Deep Cove were repeated over the course of the March 2016 field campaign. Along-fjord
transects were aligned with the orientation of the main river discharge, lateral transects
cut through the plume approximately perpendicular to its trajectory, and oblique (zig-zag)
transects captured both lateral and longitudinal plume evolution. High-resolution profiles
of practical salinity and temperature were obtained from ‘tow-yoed’ CTD loggers (RBRconcerto) and velocity estimates were acquired from a pole-mounted 600 kHz ADCP (RDI

31

Workhorse). Turbulence stress was estimated from direct measurements of turbulence dissipation rate () using a vertical microstructure profiler (VMP-250, Rockland Scientific)
which more accurately represented the mechanisms of turbulent mixing within the momentum budget compared to an indirect quantification of turbulence using a control volume.
The VMP was also used in Chapter 5, along with a temperature microstructure profiler
(Scamp, PME), to quantify turbulent mixing using both direct measurements and turbulent
overturn analysis. Repeated vessel-deployed stationary profiles using the VMP provided
a Eulerian perspective of the plume while Scamp, attached to a thruster engine (SUCA)
designed for repeated profiling in near-surface waters (Stevens et al., 2005), offered a
quasi-Lagrangian perspective of mixing and captured the spatially evolving structure of
the plume. In Chapter 5, length scale analysis was conducted on the overturns identified in
the finescale temperature profiles measured by both profilers. Using Thorpe scale methodology, a second set of turbulence dissipation rates were calculated and compared to the
microstructure-derived estimates of .
Estimates of the lateral plume spreading rate were directly obtained from GPS surface
drifters and lateral hydrographic data in Chapter 6. A total of 8 GPS drifters were released
approximately 10 m apart across the width of the tailrace discharge point and were recovered after ∼ 1 hour. The drifters consisted of a cylindrical drogue (0.5 m deep and 0.2 m
in diameter) ballasted to measure the upper 0.5 m of the water column by a small spherical
float (Fig. 3.9). Wind slippage was minimal as the float had little exposure to wind above
the surface water level.
A weighted bowchain was attached to the vessel which comprised temperature (RBRsolo) and CTD loggers (RBRconcerto). The lateral vessel transects of temperature from the
bowchain were used to quantify spreading by estimating the change in width of the plume
over distance. Dispersion coefficients were also quantified using these direct observations
and compared to results from a plume width model based on the control volume method
estimates in Chapter 4 and an analytical shear flow dispersion model.
Details outlining the vessel-mounted instrumentation, microstructure profilers and GPS
surface drifters including deployment and retrieval records are described in Appendix B.
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Figure 3.9: (Top) Drifter configuration with green drogues and (bottom) drifters in water showing spherical
float with attached flag used to keep track of drifters.
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3.6

Field challenges

There were significant environmental and technical challenges associated with obtaining
data in the idealised fjord setting of Deep Cove. Firstly, Doubtful Sound is a remote region
of New Zealand (Fig. 3.3). The rigorous planning of each month-long field campaign
included the logistics of transporting a large range of oceanographic instrumentation and
associated equipment and hardware to a fjord with no direct road access. This entailed
shipping all of the instrumentation, floats, ropes, tools and batteries (including spares of
all the aforementioned gear) from Wellington to Dunedin (east coast of the South Island)
where it was packed into trucks and driven across the country to the west coast. Everything,
including all the food required for a team of between 3 − 7 people for one month, was then
loaded onto a small ferry from Te Anau across Lake Manapouri. At the farthest lake edge,
the gear and provisions were unpacked onto trucks and driven across the Wilmot Pass to
the head of Deep Cove. There, we were based at a small and basic hostel run by an outdoor
education trust; a near-by outhouse was converted into a laboratory and storage facility.
Due to the isolation of the location, there was significant contingency planning required.
The near-surface moorings deployed in the near-field required a configuration that accounted for the high flow speeds (> 2 m s−1 , Fig. 3.8c) and also minimised movement of
the mooring instrumentation (Fig. 3.10). To accomplish this, the moorings used a Y-shaped
tether to anchor to a group of secondary surface floats (Fig. 3.11). A line was suspended
from the surface buoy on which a number of instruments measuring velocity, temperature
and conductivity were mounted (Fig. 3.12). This layout meant that the position of the
instruments relative to the surface remained relatively constant. The top of the instrument
line tilted by up 20◦ in high discharge conditions and the bottom half of the line, which was
exposed to significantly weaker currents, remained close to vertical. The assembly of the
surface floats was made very buoyant to avoid having the mooring fully submerged.
Deep Cove is typically over 100 m deep with a maximum depth of 126 m (Fig. 3.6).
However, the focus of this work was the 2 − 3 m thick buoyant plume and the thin shearstratified interfacial layer (Fig. 3.8a). There are significant observational challenges associated with the proximity of the plume to the water surface. For example, up-fjord winds
acting on the water have sufficient fetch to generate significant surface waves (Fig. 3.13)
which can contaminate surface measurements and impact the vertical structure of the LSL
(Gibbs, 2001).
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Figure 3.10: (Top) Surface flow past a deployed mooring, and (bottom) preparation to deploy near-field
mooring. A surface buoy with mounted Velocimeter and CTDs on instrument line can be seen.
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Figure 3.11: Set-up of each mooring. Direction of seaward propagating plume (Q) is indicated.
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Figure 3.12: Schematic of idealised instrument string on mooring. Each mooring comprised a surface mounted Acoustic Doppler Velocimeter, temperature loggers, conductivity-temperature-depth loggers
(CTDs) and an upwards-facing Acoustic Doppler Current Profiler (ADCP).
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Traditional sampling methods also struggle to obtain high resolution measurements
close to the water surface and in the thin, strongly stratified but highly dynamic interface
at the base of the plume (Fig. 3.8b). For upwards-facing ADCPs, data is lost close to the
boundary. Referred to as sidelobe interference, this loss of data can cover between 6 −
12% of the water column (Mueller et al., 2007). To overcome this challenge, near-surface
velocity was measured by the Velocimeters which were mounted on the surface buoys at 0.2
m from the water surface and pointed into the seawards-flowing plume (Fig. 3.10, 3.12).
High-resolution profiles of practical salinity and temperature right up to the surface were
obtained from CTDs sampling continuously in a ’tow-yoed’ (saw-tooth) pattern, providing
both a vertical and horizontal distribution of the density field. A conventional big-game
fishing reel is uniquely suited to this application (Rudnick and Klinke, 2007) and was used
to repeatedly deploy and recover the CTD line (Fig. 3.14).
Near-surface vertical profiles of microstructure can be obtained using a positively buoyant profiler with the sensors facing upwards. However, there is great difficulty in ensuring
the instrument is not sampling in its own wake (Gerbi et al., 2009). A further challenge
of microstructure profiling is capturing the spatio-temporal variability of turbulent mix38
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Figure 3.14: The fishing reel and attached CTD for ’tow-yo’ profiling.

ing. Two methods of turbulence profiling were used in Deep Cove and both profilers were
developed to cope with these challenges, combining repeated vessel-deployed stationary
profiles with a surface-drifting profiler package.
Firstly, the VMP was deployed from the side of a vessel in an upwards profiling mode
that enabled measurements right to the water surface (Fig. 3.15). The positively buoyant
instrument was attached to a ballast (5 kg) which initially caused the profiler to sink. At the
desired depth (∼ 10 m), approximately 10 seconds elapsed before the retrievable ballast
was disconnected using a release mechanism, allowing the VMP to rise and avoiding contamination by the wake of the instrument. Velocity shear was measured at a sample rate of
512 Hz from which direct estimates of  are then calculated. Over 500 profiles of vertical
microstructure were collected at locations within Deep Cove, conducted in groups of three
to resolve some of the rapid variability, so there were effectively 9 ensembles of vertical
microstructure at each location.
Secondly, a temperature microstructure profiler (Scamp) was deployed at the tailrace
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Figure 3.15: The VMP-250 in upwards profiling mode with flotation collar for buoyancy and drag brushes
for both stability and controlling the instrument rise speed.

discharge point in free-drifting, upwards profiling mode. Scamp was attached to a thruster
engine (SUCA) (Stevens et al., 2005) which enabled an increase in sample size by at least
an order of magnitude over standard deployment methods (Fig. 3.16). The surface-drifting
profiler package moved with the propagating plume and collected over 200 finescale profiles in total, resolving temperature and conductivity gradients at approximately 5 mm resolution. This deployment technique offered a quasi-Lagrangian perspective of mixing.
The sharp velocity gradient between the plume and ambient below (Fig. 3.8c) caused
significant sampling challenges. When initially deploying the VMP from the side of the
vessel, the fast-flowing surface plume advected both the vessel and instrument downstream.
The weighted profiler then descended into the stationary ambient where it continued to sink
vertically to a depth of approximately 10 m. Simultaneously, the vessel continued to be
advected with the plume at speeds over 1 m s−1 away from the instrument. This resulted
in a considerable length of line in the water (30 − 40 m) to ensure measurements of the
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Figure 3.16: (Top) Scamp attached to the thruster engine (SUCA) and (bottom) Scamp/SUCA deployed at
the tailrace discharge point connected to a GPS surface float.
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full 10 m depth. The line was often swept under the vessel as it moved seaward which
made recovery of the profiler onerous. A relatively successful deployment technique was
trialed and implemented to reduce the risk of damaging the profiler, whereby the VMP was
deployed off the stern and the vessel was angled relative to the plume.
In addition to the challenges associated with near-surface sampling outlined above, the
velocity gradient also affected the trajectory of the turbulence profilers. The surface plume
advects the rising instrument downstream while the bulk of the instrument remains in the
stationary ambient below. This causes the profiler to slow its ascent and simultaneously tilt
relative to its vertical trajectory. The impact of this tilting on the resultant  estimates is
discussed in Appendix A.
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Chapter 4
Dynamics of a highly turbulent and
stratified near-field buoyant plume
4.1

Introduction

Buoyant river plumes inject large freshwater discharges, terrigenous material and energy
into the coastal ocean which influences the biological, chemical and physical structure
of the ocean, often many hundreds of kilometres from the river mouth (Horner-Devine
et al., 2009). Immediately seawards of the plume discharge point a near-field region exists (Horner-Devine, 2009). The dynamics in the near-field region which include stratifiedshear mixing, plume spreading, internal waves and wind forcing determine the initial structure of a plume discharged into ambient coastal conditions (Nash and Moum, 2005; Hetland, 2005; Chen et al., 2009; Kakoulaki et al., 2014). An understanding of these near-field
dynamics, which ultimately influence the plume as it propagates seawards, is needed to
better understand the physical and ecological impact of river plumes on the coastal ocean.
Lateral spreading and vertical mixing are considered to be the two most important processes affecting the structure and behaviour of the buoyant plume (Hetland, 2010; MacDonald and Chen, 2012). As the plume exits the river mouth, it is no longer confined
by the channel and spreads laterally as a result of the strong density gradient between
the freshwater plume and ambient coastal water (Hetland, 2010). Spreading causes the
surface layer to shoal and accelerate, thereby increasing shear at the plume base (Wright
and Coleman, 1971; Armi and Farmer, 1986). The shear results in enhanced mixing of
low-momentum, high density ambient water into the buoyant plume which decelerates the
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plume. This reduces shear and decreases the density anomaly which in turn slows lateral
spreading (McCabe et al., 2009; Kilcher et al., 2012; MacDonald and Chen, 2012). Therefore, enhanced turbulent mixing in the near-field region significantly influences the density
structure and momentum of the flow (MacDonald et al., 2007; Hetland and MacDonald,
2008).
A momentum budget can be constructed over a finite region of the flow field such
as a control volume. The balance of the budget components describes the influence of
governing dynamics on near-field plume structure (MacDonald and Geyer, 2004). The
method has been successfully applied in riverine systems to estimate turbulent transport
quantities (MacDonald and Geyer, 2004; Chen and MacDonald, 2006) and examine plume
spreading (MacDonald et al., 2007) and the role of mixing in the near-field plume region
(McCabe et al., 2008; MacCready et al., 2009; MacDonald et al., 2013). Typically, the
control volume is used to indirectly quantify turbulence due to the expensive nature of
collecting data at microscale resolution (MacDonald and Geyer, 2004) and generally good
agreement between control volume estimates and direct measurements have been found
(MacDonald et al., 2007). However, a sufficient number of measurements are necessary
due the intermittency and heterogeneity of the turbulent field (MacDonald et al., 2013) and
errors can develop in control volume assumptions (MacDonald and Geyer, 2004; Kilcher
et al., 2012). Therefore, a budget that is fully resolved by direct observations would more
accurately represent the plume dynamics and their role in determining near-field plume
structure and evolution.
Also relevant to the balance of plume dynamics is the degree that energy and momentum are lost due to internal waves (Orton, 2005; Kilcher and Nash, 2010). Internal waves
transfer mass and energy gained from the front offshore, facilitating horizontal and vertical
mixing of the plume with the ambient (Pan and Jay, 2008). Nash and Moum (2005) observed the release of packets of internal waves from the Columbia River plume front which
propagated through the near-field and extended the influence of the plume to a considerable
area beyond its bounding front. The internal Froude number, F ri = us /c, where us is the
√
surface speed and c = g 0 h is the internal wave speed, g 0 is reduced gravity and h is the
depth of the surface layer, sets the criterion for free wave propagation. When the plume
front propagates faster than the intrinsic internal wave, the flow is supercritical (F ri > 1).
As the plume speed decreases below the internal wave speed, the flow transitions to a subcritical flow regime (F ri < 1) and internal waves are released (Jay et al., 2009).
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The transition from supercritical to sub-critical flow, which represents a conversion of
kinetic to potential energy, can also induce a hydraulic jump (Armi and Farmer, 1986;
Weber, 2001; Cummins et al., 2006). However, due to the inefficiency of this transition,
intense turbulence dissipation is observed within these hydraulic jumps (Nash and Moum,
2001; Klymak and Gregg, 2004). It is therefore important to consider the impact of these
highly dissipative flow phenomena in the momentum budget of near-field river plumes.
Fjords, glacial formed estuaries, are characterised by a deep, narrow, sheltered basin
which acts as an ideal large-scale natural laboratory in which to examine specific aspects
of near-field plume dynamics. Though freshwater inflow to the fjord is typically distributed
around the shoreline (Stanton and Pickard, 1980), a dominant riverine inflow is occasionally discharged at the head of the fjord which contributes to the natural laboratory concept
(Pickard and Stanton, 1980). While near-field plume dynamics have been examined in laboratory settings (Ivey and Imberger, 1991; Itsweire et al., 1993; Horner-Devine et al., 2006),
these freshwater discharges generate larger Reynolds numbers (Re ∼ 104 ) than could be
achieved in a laboratory experiment (Geyer et al., 2010).
Fjord-river interactions can been directly applied to coastal plumes as the two systems
share many common features. For instance, freshwater inflow to the fjord produces similar
density gradients observed in major rivers such as the Hudson and Columbia Rivers (MacDonald and Geyer, 2004; Hunter et al., 2010). Also, comparable estimates of turbulence
dissipation rates () occur in each of the near-field plume regions (MacDonald et al., 2007;
McCabe et al., 2008). Furthermore, it has been shown that time-variable discharge rates,
common to both systems, similarly impact the plume structure and energetics (Yankovsky
et al., 2001; Nash and Moum, 2005; O’Callaghan and Stevens, 2015).
The objective of this chapter is to examine the spatial and temporal evolution of dynamics in the near-field region of a buoyant plume discharged into the head of a fjord. This
is achieved by quantifying the components of the along-channel momentum budget in the
near-field plume region using high-resolution observations of velocity, density and turbulence, and a control volume method. In particular, this chapter is focused on examining the
balance of the plume momentum budget in a highly turbulent and stratified system. This
includes quantifying the role that internal waves and internal hydraulic jumps play in the
removal of energy from the locale.
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4.2

Field setting

A controlled freshwater tailrace carries discharge from the Manapouri hydroelectric power
station into the head of Doubtful Sound, located on the south-west coast of New Zealand
(45.3 ◦ S, 167 ◦ E) (Fig. 4.1a,b). Freshwater is discharged at an average flow rate of Q =
420 m3 s−1 and maximum 550 m3 s−1 , making it the third largest river flow in New Zealand
(Bowman et al., 1999). Maximum plume speeds exceed 2 m s−1 which is comparable to the
peak ebb outflow velocity of larger river systems such as the Columbia River (Q > 7, 000
m3 s−1 , Hickey et al. (1998)).
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Figure 4.1: Location map of (a) New Zealand (NZ) with the Fiordland region highlighted, (b) Doubtful Sound
and (c) Deep Cove showing the repeated lateral (blue) and along-channel (red) vessel transects taken on three
separate days. The sampling started at the tailrace exit point and continued towards the seaward end of Deep
Cove. The placement of the moorings are the stars (March 2016) and the circles (September 2015). The
arrow in (b) indicates the tailrace inflow from the Manapouri hydroelectric power station (HEP) discharged
into the head of Deep Cove.

The main fjord is approximately 35 km long, typically less than 1 km wide and has a
maximum depth of 450 m south of Secretary Island (Fig. 4.1b). The freshwater tailrace is
discharged into the head of the inner fjord, Deep Cove (Fig. 4.1c). Deep Cove is 3.6 km
long and, flanked by steep topography, has a maximum depth (126 m) that occurs within
50 m of the shoreline. The climate in Fiordland is characterised by episodic strong winds
from the Tasman Sea and the exposure of the region to prevailing Westerly weather systems
results in an annual rainfall in excess of 7 m (Bowman et al., 1999). The tides are predominantly semidiurnal with ranges of 1.5 m and 2.5 m for neap and spring tides respectively
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(Walters et al., 2001). Observational experiments were conducted between the tailrace discharge point and the seaward end of Deep Cove, approximately 3 km downstream.

4.3

Methods

A two-week field campaign was conducted in March 2016 when tailrace inflow rates were
high and relatively steady (Q ≈ 530 m3 s−1 ) and wind speeds were typically less than 10
m s−1 (Fig. 4.2). Though wind mixing generates variability in river plumes (Kakoulaki
et al., 2014) it has an increasingly important role farther offshore (Hetland, 2005) and so
wind effects shall not be examined here.

Figure 4.2: Boundary conditions for the duration of the March 2016 experiment. (a) Discharge from the
Manapouri hydroelectric power station (solid) and tides (dotted), and (b) wind speed recorded at the head of
Deep Cove. Periods of along-channel (red) and lateral (blue) transects are indicated.

4.3.1

Moored timeseries data

A near-surface instrumented mooring array was deployed in the near-field region of Deep
Cove (Fig. 4.1c). The location and configuration of the moorings were determined by
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results of previous field campaigns in Deep Cove which are outlined in O’Callaghan and
Stevens (2015) and in Chapter 5. Surface velocity was measured by Acoustic Doppler
Velocimeters (Nortek Vector) mounted on surface buoys which pointed into the seawardsflowing plume and sampled continuously at 1 Hz. The moorings also included temperature
loggers (SBE56) sampling at 1 Hz, conductivity-temperature-depth loggers (CTD, SBE37)
which sampled every 10 seconds and an Acoustic Doppler Current Profiler (ADCP; RDI
Workhorse 600 kHz) facing upwards and set to record an ensemble of 50 pings every 3
minutes in 2 m vertical bins.
Spectral analysis was conducted on the temperature observations and used to examine
the distribution of temperature variability across a range of frequencies (Emery and Thomson, 2001). A spectral periodogram was generated, splitting the temperature series into
periods corresponding to the inertial frequency and passing it through a Hanning window
before using the fast Fourier transform (FFT). A 95% confidence interval was calculated
from the χ2 distribution based on the degrees of freedom associated with the spectral averaging.

4.3.2

Vessel-based survey of currents and density field

Along-channel and lateral vessel transects, aligned with and perpendicular to the main river
discharge respectively, were repeated over the course of the field campaign (Fig. 4.1c). The
along-channel transects represent the path of the mean flow (Fig. 4.1b) as the vessel drifted
with the seawards-propagating plume. Data were collected to obtain a spatial distribution of
density, velocity and turbulence fields within Deep Cove (Table 4.1). A weighted bowchain
was attached to the vessel which was comprised of temperature (RBRsolo) and CTD loggers (RBRconcerto) sampling continuously. High-resolution profiles of practical salinity
and temperature were obtained from ‘tow-yoed’ CTD loggers (RBRconcerto). These data
enabled estimation of the buoyancy frequency from the gradient of the measured density
profiles,
s
N=

−

g ∂ρ
ρ ∂z

(4.1)

where ρ is the potential density. Using the tow-yoed CTD, a density-perturbation-based
approach was employed to quantify the energy transport (E) of internal waves (Nash et al.,
2005). It is a conservation equation and assumes inviscid, incompressible flow (Gill, 1982).
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The energy density is given by,
1 g 2 ρ02
1
E = ρ0 (u2 + w2 ) −
2
2 ρ0 N 2

(4.2)

where ρ0 is the reference density and u and w are the horizontal and vertical components
of velocity respectively.
Table 4.1: Summary of Vessel-Mounted Instrumentationa

Instrument
Sampling Rate
Depth Range (m)
Tow-Yo CTD
5 Hz
0 - 50
Bowchain CTD
5 Hz
0.5 - 10
Bowchain temperature logger
2 Hz
0.5 - 10
ADCP
0.03 Hz
2.5 - 41.4
EK60
600 kHz
0.5 - 38.5
VMP-250
512 Hz
0 - 10
a
The tow-yoed CTD was repeatedly profiled through the upper water column with a fall
rate of 1 m s−1 . The bowchain was comprised of temperature loggers and CTDs spaced
0.5 m apart. The 600 kHz ADCP was set to burst sample water velocity with 30 second
averages in 1 m vertical bins, averaging 10 pings per ensemble. The 600 kHz echosounder
(EK60) was mounted to measure below the surface 0.5 m which was contaminated by
vessel motion.
Horizontal velocity estimates were obtained from a 600 kHz ADCP (RDI Workhorse)
mounted on a pole alongside the vessel 1 m below the surface. Currents were rotated
according to the local bathymetry to determine along-channel (u) and across-channel (v)
velocities. Due to the position and limitations of the vessel-mounted ADCP, velocity was
not measured between z = 0 − 2.5 m. Near-surface velocity was obtained by linearly
interpolating from the measured ADCP data at 2.5 m to the Velocimeters moored at 0.2
m. The Velocimeter results compared well to estimates of surface currents from a series
of Lagrangian GPS drifter experiments described in Chapter 6 in which a pack of surface
drifters were released at the tailrace discharge point and, advected with the mean plume
flow, retrieved after approximately 1 hour. The surface drifter estimates of plume speed
and results from the mooring deployment in September 2015 (Fig. 4.1c) were then applied
to determine near-surface velocity towards the seaward end of Deep Cove.
A 600 kHz narrow-beam echosounder was also mounted on the other side of the vessel
to provide a means of imaging the flow on fine horizontal and vertical scales. Hydroacoustic
systems typically have difficulty collecting data close to the surface due to vessel motion
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and the surface wave field. Precision position data was obtained from an onboard GPS unit.
A microstructure profiler (VMP 250, Rockland Scientific) was deployed from the side
of the vessel, measuring small-scale velocity shear at a sample rate of 512 Hz from which
estimates of turbulent kinetic energy (TKE) dissipation rates () were directly obtained. A
detailed description of this process is outlined in Appendix A. The VMP was deployed
in an upwards profiling mode that enabled measurements right to the water surface. Due
to contamination of data by the wake of the instrument, measurements of  towards the
bottom of each profile were not always obtained.

4.3.3

Plume momentum

By applying the Boussinesq approximation, the along-channel momentum budget is calculated along the centre-line of the plume,
∂u
~ − f v + ∂P + ∂τ = 0
+ ~u · 5u
∂t
∂x
∂z

(4.3)

where f is the Coriolis parameter, τ is the horizontal shear stress and P is the reduced
pressure which is written as a sum of its baroclinic (Pbc ) and barotropic (Pη ) components,
g
P = Pbc + Pη =
ρ0

Z

0


ρdz

+ gη

(4.4)

z

and η is the surface displacement. The observations in Table 4.1 directly resolved most
of the terms in Eqn. 4.3. The local acceleration was calculated as the observed rate of
change of velocity between consecutive tow-yoed profiles. Within the advection term, the
u-component was measured directly using the along-channel velocity, the v-component
was assumed to be equal to zero along the plume axis, and the w-component was obtained
using a control volume method. The total plume deceleration (Du/dt) is then defined as
Du/dt = ∂u/∂t+u ∂u
+w ∂u
. The Coriolis acceleration was estimated using the northward
∂x
∂z
velocity component and the baroclinic pressure gradient (∂Pbc /∂x) was calculated from the
observed density field. The horizontal shear stress (τ ) from which a vertical gradient was
calculated is,
τ = −Kν

∂u
.
∂z

and was derived from the vertical eddy viscosity,
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(4.5)

Kν =

1

1 − Rf S 2

(4.6)

where S is the velocity shear and a constant flux Richardson number Rf = 0.17 was
assumed (Moum, 1990b). In this study, turbulence stress was estimated from the direct
measurements of  using the vertical microstructure profiles. This is a development of the
control volume technique established by MacDonald and Geyer (2004) and more accurately
represents the mechanisms of turbulent mixing within the budget.
The remaining components of Eqn. 4.3 were estimated using a control volume method.
The majority of energy was found in the surface layer (O’Callaghan and Stevens, 2015)
hence the upper and lower integration limits were defined by the depth 0 ≤ z ≤ 10 m and
along-axis distance 0 < x ≤ 3 km. Across-fjord limits (in the y-direction) were defined
by the relative plume width, b(x), which was determined by the freshwater conservation
equation,
0

Z
Q0 =

u
z

s0 − s
bdz
s0

(4.7)

where the total freshwater flux, Q0 , is constant, s0 is the salinity of the fjord water and s
is the local salinity. The physical characteristics of the plume itself (e.g., u, N 2 , , etc.)
were studied by averaging over the depth of the surface layer, h, which was defined as
the distance from z = 0 to the depth of the maximum N 2 value for each profile. To fully
quantify the advection term in Eqn. 4.3, the vertical entrainment velocity, w, was calculated
using the volume conservation equation,
1
w(z) =
b



∂
∂x

Z

0


budz

(4.8)

z

assuming that b does not vary in time. The remaining barotropic component of the pressure
gradient was estimated by calculating η using a Bernoulli approach,
1
1
η = u2 +
2g
g

Z

∂u
dx.
∂t

(4.9)

using surface velocities at z = 0. The Bernoulli approach was chosen here because it incorporates the effects of mixing (MacDonald, 2003). Further details about the assumptions
surrounding vertical velocity estimates and lateral effects such as plume spreading in the
control volume are discussed in MacDonald and Geyer (2004) and Kilcher et al. (2012).
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Figure 4.3: Schematic representation of the plume and terms in the along-channel momentum budget, including near-field vertical structure. The plume is the blue shaded box fed by inflow Q0 . The increasing width
of the plume in the lateral direction is b and the decreasing thickness of the plume is h. Vertical profiles
of sigma-t (σt ), along-channel velocity (u) and turbulence stress (τ ) are shown. The baroclinic (Pbc ) and
barotropic (Pη ) components of pressure are indicated and the vertical entrainment velocity (w) is shown. Entrainment between the plume and ambient is highlighted and internal waves (IWs) propagate along the base
of the pycnocline. The initial ambient is assumed to be unstratified following MacDonald and Geyer (2004).

4.4
4.4.1

Results
Near-field water column structure

The complex vertical structure of the upper water column in Deep Cove is illustrated by the
along-channel echosounder transect. The bright acoustic scattering layers result from variations in density stratification and microstructure due to turbulence (Lavery et al., 2003).
The transect shows a distinct 5 m deep surface layer in which the scattering intensity is
high above a relatively quiescent ambient (Fig. 4.4).
Vertical profiles provide an interpretation of these data by relating the sounder observations to the physical characteristics of the upper water column (Fig. 4.5). The freshwater
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Figure 4.4: Acoustic backscatter intensity from the echosounder as a function of distance from the tailrace discharge point. The image is coloured so that dark
blue indicates high intensity and white indicates low intensity. The depth of the water column increases from 5 m at the end of the tailrace channel (x = 0) to
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surface layer is 2 − 3 m thick and overlays a dense oceanic ambient below 5 m (Fig. 4.4a).
The profiles highlight several well-mixed layers separated by weak density interfaces (Fig.
4.5a) and the sounder illustrates the multi-layered structure of the surface layer (Fig. 4.4).
Maximum surface plume speeds exceeded 2 m s−1 with a mean along-channel velocity of
1.7 m s−1 close to the discharge point, and decreased towards 0.7 m s−1 at the seaward end
of Deep Cove (Fig. 4.5b). The strong backscatter at the base of the surface layer was the
salinity-induced stratification in the pycnocline (N 2 = 10−1 s−2 ) (Fig. 4.5c). Generally
weaker values were observed within the plume layer (N 2 = 10−2 s−2 ) and reduced towards
zero with depth below the interface to 10 m.

Figure 4.5: Vertical profiles of (a) sigma-t (σt ), (b) along-channel velocity (u), (c) stratification (N 2 ), (d)
shear-squared (S 2 ) and (e) turbulence dissipation rate () averaged over each of the three sections of the fjord
(0 < x ≤ 1 km (solid), 1 ≤ x < 2 km (dashed) and 2 ≤ x < 3 km (dotted)). The horizontal dashed lines in
(b) and (d) shows the depth above which the velocity was interpolated.

The distinct features in the sounder transect are the fluctuations in the density and shear
interface between 2 − 5 m. Shear instabilities were evident as braids at approximately
3 m deep with amplitudes between 0.5 − 1 m. The instabilities observed in the sounder
develop as a result of the large shear found between the fast-flowing surface layer and
stationary ambient (Fig. 4.5d). Enhanced turbulence in the surface layer was caused by
these instabilities and the billows had dissipation rates greater than  = 10−3 W kg−1 (Fig.
4.5e). Below the plume, the ambient was quiescent and turbulence was relatively weak.
Internal waves can also be seen propagating seawards along the base of the surface layer at
5 m and were not observed to break over the length of Deep Cove.
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The plume spread laterally as it propagated downstream, increasing in width from 105
m at the tailrace discharge point to 240 m towards the seaward end of Deep Cove (db/dx =
0.045 m−1 ) (Fig. 4.6a). The thickness of the surface layer varied spatially, with fluctuations
of ∼ 1 m over longitudinal distances of less than 100 m (Fig. 4.6b). The velocity of the
plume decreased with distance from the tailrace discharge point from 1.1 - 0.75 m s−1 (Fig.
4.6c) and surface layer  and τ also decreased over the length of Deep Cove (Fig. 4.6e,f).
The internal Froude number shows that the flow was initially supercritical (F ri > 1) and
transitioned to a sub-critical flow regime (F ri < 1) at approximately 1 km downstream
from the tailrace discharge point (Fig. 4.6g).

4.4.2

Momentum balance evolution

The individual components of the momentum budget (Eqn. 4.3) were averaged over three
1 km long sections from the tailrace discharge point to the seaward end of Deep Cove.
Nearest the tailrace discharge point (0 ≤ x < 1 km), the along-channel component of
advection in the surface layer and a weaker local acceleration term (∂u/∂t, Fig. 4.7b)
drove strong plume deceleration (Du/dt < 0, Fig. 4.7c). The error bounds on ∂u/∂t
indicate a dynamic upper water column, particularly in the near-surface which is reflected
in Fig. 4.6c. Below the plume at 4 m, Du/dt tended to zero thus the ambient was relatively
steady.
The turbulence stress was surface-intensified, exceeding τ = 10−2 m2 s−2 at the base
of the plume (Fig. 4.7d). This maximum value is over an order of magnitude greater
than peak τ within the Columbia River (Kilcher et al., 2012). Positive stress indicates
the movement of momentum downwards from the near-surface to the base of the surface
layer at 4 m. The internal stress was driven by turbulence within the shear-stratified layer
as evidenced by maximum  and τ values at the base of the plume (Fig. 4.7d) where
stratification and vertical shear were also high (Fig. 4.5c,d,e). This is consistent with
shear-induced mixing and the high τ is representative of the intense turbulence in the nearfield region. Furthermore, the surface stress was near zero that suggests that wind did not
impart the observed momentum to the near-field plume region. The variability in τ and
the stress divergence can therefore be attributed to the intermittency and homogeneity of
turbulence (MacDonald and Horner-Devine, 2008; MacDonald et al., 2013).
The mean pressure gradient (∂P/∂x) was the same sign and approximately half the
magnitude of Du/dt within the surface layer (Fig. 4.7c). The spreading component was
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Figure 4.6: The evolution of plume-averaged quantities with distance from tailrace discharge point. (a)
Plume width hbi, (b) surface layer thickness hhi, (c) along-channel velocity hui, (d) stratification hN 2 i, (e)
dissipation rate hi, (f) internal turbulence stress hτ i and (g) internal Froude number (F ri ). The dashed line
in (g) is the critical value F ri = 1. Each term was averaged over the depth of the surface layer (h). These
values are from one along-channel transect on 07 March 2016 and representative of the plume behaviour
observed during each transect.
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weak within the plume as w was defined to be zero at the surface (Fig. 4.7c). The Rossby
number, Ro = u/f L where u and L are the mean velocity and width of the river inflow
respectively, is Ro ≈ 103 which indicates that inertial forces dominated the system and the
Coriolis force can be neglected. This corresponds to the weak observed Coriolis force (10−5
m s−2 ) relative to the other budget terms in the near-field (Fig. 4.7c). Generally significant
in large-scale systems (Fong and Geyer, 2002) the Coriolis acceleration becomes a primary
balancing force in the mid and far field plume regions (Yankovsky and Chapman, 1997;
McCabe et al., 2009).
Further downstream (1 ≤ x < 2 km) the total deceleration was principally within the
surface layer, driven by the along-channel advection component and ∂u/∂t (Fig. 4.7f).
Below the plume, Du/dt tended towards zero (Fig. 4.7g). The pressure gradient was
approximately half the magnitude of Du/dt within the surface layer and comparable to
Du/dt below the plume. The variability in ∂P/∂x were chiefly caused by variations in the
baroclinic pressure component. Maximum τ = 10−3 m2 s−2 at the base of the plume was
an order of magnitude greater than τ within the plume which indicates intense turbulent
mixing at 2 m (Fig. 4.7h). Below the surface layer, τ tended to zero and was relatively
constant which agrees with the weak deceleration observed (Fig. 4.7g). The high interfacial
stress and weak ambient τ resulted in large stress divergence within the surface layer and a
significant decrease in ∂τ /∂z below 3 m (Fig. 4.7g).
Towards the seaward end of Deep Cove (2 ≤ x ≤ 3 km) the along-channel advection component remained strong and dominated the near-surface deceleration (Fig. 4.7j).
Below 4 m, the weaker advection and spreading components balanced ∂u/∂t which led
to a relatively steady ambient (Fig. 4.7k). The maximum pressure gradient was an order
of magnitude less than Du/dt and relatively constant with depth. The stress at z = 0
was comparable to the maximum τ at the base of the plume, indicating that the wind may
have contributed a force to the surface layer at the seaward end of Deep Cove (Fig. 4.7l).
This resulted in a surface-intensified stress divergence that reduced to zero with depth (Fig.
4.7k).
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Figure 4.7: Terms in the along-channel momentum budget averaged over 0 ≤ x < 1 km (top), 1 ≤ x < 2
km (middle) and 2 ≤ x < 3 km (bottom). Profiles of (a,e,i) along-channel velocity u (dashed lines indicate
depth over which velocity was interpolated to the surface), (b,f,j) local acceleration (blue) and advection (x
and z-component, orange and green respectively), (c,g,j) Coriolis force (red), pressure gradient (yellow), total
acceleration (blue) and turbulence stress divergence (purple) and (d,h,l) internal turbulence stress (τ , purple).
The shading around each profile represents one standard deviation. The dotted purple line indicates the region
over which τ was calculated using interpolated velocity data.
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4.5
4.5.1

Discussion
Comparison of tailrace inflow with river discharges

The buoyant tailrace discharge into the head of Deep Cove is generally comparable to
inflows from other coastal river plumes. The surface plume flowed at speeds greater than
2 m s−1 (Fig. 4.5b) which is consistent with the maximum flow speeds of the Columbia
River (Kilcher and Nash, 2010) and the Fraser River (Tedford et al., 2009). However,
the discharge rates of these other rivers are over one order of magnitude greater than the
maximum Q = 550 m3 s−1 in Deep Cove. High inflows of Q = 17, 000 and 10, 000 m3 s−1
have been recorded for the Columbia (McCabe et al., 2009) and Fraser River respectively
(MacDonald and Horner-Devine, 2008). Studies of river plumes of a comparable size to
the tailrace inflow, such as the Merrimack and Connecticut River, exhibit mean flow rates
which are generally half the speed of the plume in Deep Cove (O’Donnell et al., 2008;
Chen et al., 2009).
The continuous tailrace inflow to Deep Cove and substantial annual rainfall results in
highly stratified conditions. The maximum stratification at the base of the plume (N 2 =
10−1 s−2 ) (Fig. 4.5c) was approximately one order of magnitude greater than N 2 observed
in the Hudson and Columbia Rivers during periods of large freshwater flux (Peters, 1997;
Horner-Devine, 2009; Jurisa et al., 2016). The combination of high plume velocities and
strong stratification resulted in active turbulent mixing of the plume and ambient waters.
Average turbulence dissipation rates of  = 10−3 W kg−1 in the near-field region of Deep
Cove (Fig. 4.5e) are comparable to the highest values recorded in other near-field plume
settings (MacDonald et al., 2007; McCabe et al., 2008; Kilcher et al., 2012). Therefore,
the tailrace discharge into Deep Cove exhibits flow properties that are comparable to much
larger river systems.

4.5.2

The balance of the momentum budget

The vertical structure of the momentum budget components varies significantly between
the distinct layers of the upper water column (i.e., the surface plume, interface and ambient
below, Fig. 4.7). Therefore, the balance of the components of Eqn. 4.3 were examined
within each of these layers. The sum of the momentum budget terms averaged over the
plume layer (upper 2 m) was approximately zero (Fig. 4.8d) thus the budget was closed and
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a balance was achieved within the plume. The dynamical balance existed between Du/dt
and ∂τ /∂z, where Du/dt was dominated by along-channel advection with a further, albeit
weaker, contribution by the local acceleration term (Fig. 4.8a). The near-surface alongchannel advection was greatest at the tailrace discharge point (10−3 m s−2 ) where maximum
plume speeds were observed and generally decreased with distance, tending towards zero
as the plume slowed (Fig 4.6c).
The pressure gradient, which was approximately half the magnitude of u ∂u
also acted
∂x
to increase the total deceleration to balance the internal stress divergence (Fig. 4.8a). The
overall balance between plume deceleration and turbulent stress divergence over the length
of Deep Cove signifies that the vertical flux of low momentum dense water into the freshwater surface layer controlled the deceleration of the river plume from the tailrace discharge
point to as far as 3 km downstream. This balance of terms, where shear-driven turbulence
acted as the primary driver of plume deceleration, has been previously observed in the
near-field region of river plumes elsewhere (McCabe et al., 2009; Kilcher et al., 2012).
The budget components averaged over the shear-stratified interfacial layer (2 ≤ z <
h m) shows that an along-channel momentum balance was not obtained in the interface
(Fig. 4.8d). The sum of the budget terms was negative resulting from weak deceleration
(Du/dt < 0) and a negative stress divergence term which approximately mirrored the
corresponding positive component within the plume (Fig. 4.8a,b). This signifies that the
input of momentum required to balance the output primarily driven by turbulence was not
captured in the interfacial layer: either the budget components were not fully resolved or
the momentum was transferred elsewhere.
To balance the negative ∂τ /∂z, a positive Du/dt is required. Return flows are intrinsic
to estuarine circulation and propagate in the opposite direction of the plume between the
surface layer and ambient below (Pritchard, 1952). The up-fjord directed current would
transport momentum back into the system along the pycnocline. In order to balance the
observed ∂τ /∂z = −10−3 m s−2 within the interface, the return flow would have to increase by approximately 0.9 m s−1 from the seaward end of Deep Cove to the tailrace
discharge point. This is significantly greater than the difference of ∼ 0.2 m s−1 between
return flow velocities at either end of Deep Cove measured by O’Callaghan and Stevens
(2015). Therefore, a return flow would not be sufficient to form a dynamical balance in the
interface. Hence, the imbalance of terms within the interface is caused by the redistribution
of momentum by other processes not resolved by the budget components. A momentum
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Figure 4.8: The terms in the along-channel momentum budget averaged over the depth of (a) the plume
(0 ≤ z < 2 m), (b) the interface (2 ≤ z < h m) where h is defined in Fig. 4.6b, and (c) below the surface
layer (h ≤ z < 10 m), and (d) the sum of all the momentum components in the plume (pink), interface (light
blue) and ambient (dark blue).
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imbalance within a shear-stratified interface, resolved by direct observations, has not yet
been examined and provides new insight into the governing processes within thin, highly
dynamic layer. This is further discussed in Section 4.5.3.
Below the surface layer, a balance of momentum was achieved (Fig. 4.8d). The momentum budget was dominated by the pressure gradient and the advection term, without
rotation which is almost negligible (Fig. 4.8c); i.e., the Bernoulli principle. The spreading
component was approximately half the magnitude of the along-channel advection term in
the ambient and contributed to the total deceleration. Below the plume, τ was relatively
constant (Fig. 4.7d) thus the stress divergence became negligible in the ambient (Fig. 4.8c).
The weak τ between 4 − 10 m (10−5 m s−2 ) was linked to the reduced turbulent mixing at
these depths (Fig. 4.5e).

4.5.3

The role of internal waves in the shear-stratified layer

Spectral analysis of temperature from the near-field moorings provided a measure of the
signal variance. Filtering the tidal signal from temperature data using classical harmonic
analysis and the MATLAB fitting software, T TIDE (Pawlowicz et al., 2002), showed that
the tidal components represented approximately 12% of the total energy in the signal. Thus,
a large degree of non-tidal energy remained. The lower frequency signal (f = 10−3 − 10−2
Hz) followed the spectral f −2 slope; however, at periods greater than 1 minute the temperature variance distribution was more energetic than the internal wave spectrum (Fig. 4.9).
This indicates that there is a significant amount of energy contained at high frequencies
(f > 10−2 Hz). Within the interface N 2 ∼ 0.1 s−2 (Fig. 4.5c) which corresponds to a period of 20 s, hence internal waves were captured in this energetic high-frequency band. The
small spikes in the high frequency signal cannot be directly attributed to the existence of
internal waves; rather internal waves could be one of the high-frequency processes that are
captured by the energetic spectrum. It is these internal waves which could be responsible
for the transportation of momentum within the interface.
A transition from a supercritical (F ri > 1) to sub-critical (F ri < 1) flow regime
at approximately 1 km downstream from the tailrace discharge point was also observed
(Fig. 4.6g). This change in flow regime indicates the free propagation of internal waves
which have been observed to be released at other plume fronts (Nash and Moum, 2005;
Jay et al., 2009; Pan and Jay, 2008; Kilcher and Nash, 2010). Internal waves were identified as variability in the acoustic scattering along the density interface using the shipboard
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Figure 4.9: Spectral analysis of temperature in the interface (3.5 m) where the FFT length corresponds to
(LHS) the inertial frequency (12 degrees of freedom) and (RHS) 10 minutes (1307 degrees of freedom). The
dashed line represents where the spectra merge. An f −2 slope for reference and the 95% confidence interval
is included.

echosounder measurements (Fig. 4.4). The variability in plume speed (Fig. 4.6c) which
was not induced by a change in tailrace discharge rate (Fig. 4.2a) was also consistent with
internal wave release (Kilcher and Nash, 2010). Note that the observed internal waves
at x = 0.6 km in the echosounder transect (Fig. 4.4) occurred when near-surface plume
speeds were ∼ 0.1 m s−1 weaker than when the along-channel transect in Fig. 4.6 was
conducted. Therefore, the transition in Froude number would occur closer to the tailrace
discharge point than when plume speeds were higher (Fig. 4.6g).
Internal waves were also observed propagating along the base of the interfacial layer
at Elizabeth Island, approximately 5 km downstream of the tailrace discharge point (Fig.
4.10). The freshwater surface layer is relatively well-mixed and observed as the dark
backscatter from the water surface to approximately 1.5 m deep. The base of the interfacial layer is evident as the dark band at 3 m depth and stratification at the base of the
plume is high (N 2 > 0.4 s−2 ). Below the interface, internal waves can be seen propagating at approximately 5 m depth. The echosounder transects in both the near-field (Fig.
4.4) and far-field plume region (Fig. 4.10), and the energetic high-frequency band of the
temperature spectrum (Fig. 4.9), provide clear evidence of the existence of internal waves
propagating along the shear-stratified interfacial layer.
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a

b

Figure 4.10: (a) Echosounder (EK60) transect from beside Elizabeth Island, with surface flow moving seaward from left to right and (b) vertical σ − t (black) and buoyancy frequency-squared (blue) profiles from the
VMP at the same location.

Internal waves are able to transfer energy contained below the plume farther downstream, extending the influence of the plume to a considerable area beyond its bounding
front (Nash and Moum, 2005). Strong stratification is favourable for their generation and
propagation and the N 2 observed here is amongst the highest recorded in the coastal ocean.
A linear approximation of the energy transport in internal waves using Eqn. 4.2 estimated
the total energy of linear internal waves in Deep Cove to be E ≈ 5.7 × 104 J m−1 . Therefore, the internal waves transported approximately 65% of the total energy out beyond the
plume’s boundaries. The result is comparable to the 70% of total energy that was carried away by a packet of internal waves in the Columbia River (Pan and Jay, 2008). This
indicates that by removing energy along the pycnocline, internal waves were a dominant
mechanism responsible for the imbalance of momentum within the interface (Fig. 4.8b,d).

4.5.4

Momentum loss in the shear-stratified layer

The transition from a supercritical to sub-critical flow regime in the initial 1 km (Fig. 4.6g)
also indicates the presence of an internal hydraulic jump (Cummins et al., 2006). Hy-
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draulic jumps have been previously observed in Deep Cove as the fast surface plume discharged into the deep, stationary ambient presents an ideal environment for their generation
(O’Callaghan and Stevens, 2015). Jump occurrence was corroborated by intense turbulence dissipation (Nash and Moum, 2001; Klymak and Gregg, 2004) where surface layer
 > 10−3 W kg−1 (Fig. 4.6e) and a change in plume thickness from 3.3 m to 5 m (Fig.
4.6b) where the thin near-surface supercritical flow is matched to the thicker sub-critical
layer (Farmer and Armi, 1999; Cummins et al., 2006).
The power dissipated across a hydraulic jump can be estimated from E = ρg 0 Q∆H
where Q is the tailrace discharge and ∆H = (y2 − y1 )3 /4y2 y1 (Weber, 2001). The depths
for the surface plume and Deep Cove are y1 = 10 m and y2 = 110 m respectively, reflecting
the significant difference between the depth of the surface layer and the inner fjord, thus
∆H = 225 m. Using Q = 530 m3 s−1 results in a total of E ∼ 28.7 MW dissipated
across the jump. This is the equivalent to over 30% of the total energy within the interface.
A more conservative depth estimate for the supercritical and sub-critical layers of y1 = 2
m and y2 = 10 m respectively, as it is unlikely for the hydraulic jump to fill the entire
water column, results in a total energy loss of 2% across the hydraulic jump. Therefore, an
internal hydraulic jump contributed to energy dissipation, while the subsequent release of
internal waves (Holloway, 1987) were primarily responsible for the momentum imbalance
in the shear-stratified interface.

4.6

Summary

The momentum budget constructed here using hydrographic and turbulence observations,
formed over a control volume, illustrates the dynamics responsible for the distribution of
momentum within the near-field region of a buoyant plume. The influence of these dynamics on plume behaviour varies between the distinct surface plume layer and the turbulent,
shear-stratified interfacial layer. Within the plume layer, the turbulence stress divergence
controlled the deceleration of the plume as far as 3 km from the discharge point by entraining low-momentum ambient water into the surface layer; i.e., Du/dt balanced ∂τ /∂z. The
total plume deceleration was driven primarily by along-channel advection with the pressure gradient, approximately half the magnitude of Du/dt, also required to balance the
stress divergence. This result directly confirms the control volume technique first applied
by MacDonald and Geyer (2004) and validated by Kilcher et al. (2012).
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Within the interfacial layer however, a balance of momentum was not achieved: there
was no corresponding input of momentum to balance the output driven by turbulence. A
transition from a supercritical to sub-critical flow regime in the initial 1 km induced an internal hydraulic jump. The subsequent release of internal waves were capable of transporting
approximately 65% of the total energy out beyond the plume’s boundaries. Therefore, the
imbalance of momentum in the interface was a result of the redistribution and dissipation
of momentum by these significant energy dissipation processes. The inclusion of these
processes when evaluating the plume momentum budget is therefore necessary to find a
dynamical balance in a highly stratified and turbulent near-field plume system.
The results presented here illustrate the significant impact of vertical mixing on the
density structure and momentum of the flow. A more detailed study of the processes which
drive this intense turbulent mixing in the near-field plume region is investigated in Chapter
5. The enhanced vertical mixing also affects lateral plume spreading by reducing the density anomaly between the freshwater plume and the oceanic ambient. This corresponds to
the limited influence of the spreading term on the total balance. The mechanisms which
regulate plume spreading are therefore examined in Chapter 6.
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Chapter 5
Turbulent scales observed in a river
plume entering a fjord
5.1

Introduction

River plumes inject substantial quantities of buoyancy, energy and material into the coastal
ocean and, in doing so, influence the biological, chemical and physical structure of the
ocean, often many hundreds of kilometres from the river mouth (Horner-Devine, 2009).
The behaviour and evolution of a plume discharged into coastal conditions are determined
by a range of physical processes including the buoyancy difference between the freshwater inflow and the ambient and the momentum imparted by the discharge (Jurisa et al.,
2016). The resultant density stratification and velocity shear in coastal environments is
significantly greater than in the open ocean. This combination of high velocities and strong
stratification results in active turbulent mixing of the plume and ambient waters (Geyer and
Smith, 1987). The cumulative effect of the turbulent mixing processes is to significantly
influence the density structure and momentum of the flow, impacting the rate at which material and energy are distributed between the plume and surrounding environment (Nash
and Moum, 2005).
Four dynamically distinct regions of river plume structure can be defined (HornerDevine, 2009). (1) The source region is the initial point of discharge. The momentumdominated jet-like inflow then evolves into (2) a buoyancy-forced plume in the near-field
region, governed, on dimensional grounds, by the jet-to-plume transition scale, lM =
3/4

1/2

M0 /F0

where M0 and F0 are the discharge momentum and buoyancy fluxes respec67

tively (Jones et al., 2007). Shear mixing dominates the dynamics in the transition region
(MacDonald and Geyer, 2005). (3) The mid-field region is where inflow momentum is
lost and the plume is increasingly affected by the Earth’s rotation, before transitioning into
the (4) geostrophic far-field plume. Hetland (2005) suggests that mixing within the region
near the river mouth is of the same order of magnitude as the total mixing across the much
larger far-field plume region. An understanding of the dynamics in the near-field, which
ultimately influences the plume as it propagates seaward, can therefore enable local outflow
to be related to the larger scale coastal environment.
Direct turbulence measurements have improved understanding of the mechanisms responsible for mixing in estuaries and river plumes (Kay and Jay, 2003; MacDonald and
Horner-Devine, 2008; Geyer et al., 2010). This method has been used to examine stratifiedshear flow instabilities (Smyth and Moum, 2000; Geyer et al., 2010; Stacey et al., 2011),
the relationship between plume mixing and spreading (MacDonald et al., 2007) and has
provided insight into the impact of mixing in each region of the plume (MacDonald et al.,
2007; Nash et al., 2009). There exists an inverse relationship between turbulent kinetic
energy (TKE) dissipation rates () and distance from the source, where maximum  occurs
in the region near the river mouth, or plume ‘lift-off’ zone (Luketina and Imberger, 1989;
MacDonald and Geyer, 2004) and decreases with distance from the front (Orton, 2005;
MacDonald et al., 2007). Values of  in the near-field plume region have been observed to
be as high as 10−4 − 10−3 W kg−1 (MacDonald and Geyer, 2004; Nash et al., 2009).
Stratified shear flows generate overturn structures (Smyth and Moum, 2000) which can
be used to quantify turbulence. Mater et al. (2013) examined such fundamental length
scales with a focus on the Thorpe scale (LT ) which estimates the vertical extent of overturns
in a stratified water column (Thorpe, 1977). Thorpe scale analysis is a useful indicator
of the size of typical turbulent fluctuations and has been used extensively in the oceans
(Crawford, 1986; Moum, 1996; Frants et al., 2013) and coastal environments (Orton, 2005;
MacDonald and Horner-Devine, 2008; Jurisa et al., 2016) to quantify turbulent mixing.
Often LT is related to fundamental quantities of flow such as stratification (N ), shear
(S) or  to more fully characterise turbulence (Dillon, 1982). An indirect approach for
estimating  is founded on the basis that  scales with the Ozmidov scale (LO ) (Gregg, 1987;
Gargett, 1989), which is the outer bound on eddy size above which overturns are affected by
stratification (Ozmidov, 1965). Previous field measurements have established that LO and
LT are proportional in shear-dominated mixing (Dillon, 1982; Wesson and Gregg, 1994;
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Ferron et al., 1998; Stansfield et al., 2001) therefore, as LO is not measured directly, the
Thorpe scale is then used as an objective measure of the overturn’s size in the water column.
Good agreement between direct microstructure and turbulent overturn analysis using LT to
estimate T (the subscript represents the method used for its estimation) in the ocean have
been previously reported (Klymak et al., 2008; Stevens, 2017).
Generally applied in the ocean, the measured LT are typically not affected by physical constraints such as boundaries or stratified layers such as those found in the coastal
ocean (Gargett and Garner, 2008; Stevens et al., 2014). In river plumes, however, the comparatively shallow and strong pycnocline can act as a boundary and so is more likely to
influence LT . Though Thorpe scale analysis has been previously applied in the context
of river plumes (Peters, 1997; MacDonald et al., 2013), the effect of boundaries on the
vertical extent of overturns and the implications for quantifying mixing has not yet been
considered.
Fjords, glacially formed estuaries, provide ideal systems in which to examine specific
aspects of near-field plume dynamics. Fjords are often influenced by freshwater inflow
in response to the seasonal weather cycle in the form of freshwater rivers (Stanton and
Pickard, 1980; Farmer and Freeland, 1983) and the sheltered basin then acts as a largescale natural ‘laboratory’. Often the major freshwater input is riverine and at the head of
the fjord (Pickard and Stanton, 1980; Inall and Gillibrand, 2010), however the input of a
consistently large river flow is exceptional. The presence of a significant freshwater plume
at the head of a fjord would produce similar density gradients to those observed in major
rivers such as the Hudson and Columbia Rivers during periods of large freshwater flux,
such as the spring freshet (MacDonald and Geyer, 2004; Hunter et al., 2010). Therefore,
fjord-river interactions can be directly applied to coastal plume systems. Such a comparison
was made by O’Callaghan and Stevens (2015) who examined the near-field energetics of a
transient freshwater plume flowing into the head of a fjord, namely the same system which
is studied in this chapter.
It is the objective of this chapter to examine turbulence dissipation rates in the near-field
region of a river plume. The near-field turbulent field is quantified using direct estimates
of  and the mechanisms which drive variability between  measurements in the near-field
plume region are examined. Length scale analysis (using Thorpe scale methodology) is
conducted from which a second set of turbulence dissipation rates are calculated and the
Thorpe scale-based and microstructure-based methods for calculating  are then compared.
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5.2

Field setting

A freshwater tailrace carries discharge from the Manapouri hydroelectric power station into
the head of Doubtful Sound, New Zealand. With an annual average inflow (Q) of 420 m3
s−1 and maxima of Q ≈ 550 m3 s−1 , it is the third largest river flow in New Zealand and
accounts for twice the freshwater input of natural runoff (Bowman et al., 1999). Based
on electricity demands instead of weather systems, Q can change by up to 200 m3 s−1 at
intervals of less than an hour (i.e., dQ/dt ≈ 0.05 m3 s−2 ). This high temporal variability
in discharge rate is comparable to the event-driven, high flow discharges observed in other
major New Zealand rivers and elsewhere (Poff et al., 1997; MacDonald and Geyer, 2004)
and enables a wide range of plume behaviours to be studied over a shorter period than
would be possible in river systems elsewhere.
Doubtful Sound is a glacial fjord located in the far south-west of New Zealand (45.3◦
S, 167◦ E, Fig. 5.1) within Fiordland National Park and the wider Te Wahipounamu World
Heritage Site. The fjord is approximately 35 km long, typically less than 1 km wide and
has a maximum depth of 450 m (south of Secretary Island, Fig. 5.1b). The island shelters
the inner basin from the direct impact of large ocean swell. At the seaward entrance of the
fjord lies a moderately shallow submarine sill (∼ 120 m), and a second shallower sill (∼
30 m) exists at the entrance to Deep Cove (Fig. 5.1c). Deep Cove itself is 3.6 km long
and orientated at a direction of 320◦ . Flanked by steep topography, the maximum depth
of Deep Cove (126 m) occurs within 50 m of the shoreline. The climate in Fiordland is
characterised by episodic strong winds from the Tasman Sea and the exposure of the region
to prevailing Westerly weather systems results in an annual rainfall in excess of 7 m. The
tides in the region are predominantly semidiurnal with ranges of 1.5 m and 2.5 m for neap
and spring tides respectively (Walters et al., 2001).

5.3

Methods

Two field campaigns, each three weeks in duration, were conducted in September 2015
and March 2016 (austral spring and autumn respectively). During each experiment, a
mooring array was deployed at locations throughout Deep Cove in the upper 10 m of the
water column (Fig. 5.1c). Each mooring comprised a surface mounted Acoustic Doppler
Velocimeter (Nortek Vector), temperature loggers (SBE 56; RBR TR1050), conductivity70
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Figure 5.1: Location map of (a) New Zealand (NZ) with the Fiordland region highlighted, (b) Doubtful
Sound, and (c) the inner fjord region of Deep Cove. The four mooring sites from each field campaign
(September 2015; circles, March 2016; stars) also acted as stations for the microstructure profiling. The
Scamp/SUCA package was deployed at the tailrace discharge point (cross) and was retrieved downstream
of DCC. The tailrace inflow direction from the Manapouri hydroelectric power station is the southernmost
arrow. The location of the two sills mentioned in the text above are marked as (s).

temperature-depth loggers (CTD, SBE 37-SMP) and an Acoustic Doppler Current Profiler
(ADCP, RDI 1200 kHz; RDI 600 kHz) (Table 5.1).
Two methods of turbulence profiling were used and the instruments sensors and their
sampling rates are outlined in Table 5.2. Firstly, repeated vessel-deployed stationary profiles using a microstructure profiler (VMP-250, Rockland Scientific) provided an Eulerian
perspective of the plume. Over 500 profiles of vertical microstructure were collected at locations within Deep Cove (Table 5.2). The VMP was deployed from the side of a vessel in
an upwards profiling mode. The positively buoyant instrument was attached to a ballast (5
kg) which initially caused the profiler to sink. At the desired depth (∼ 10 m), the retrievable
ballast was disconnected using a release mechanism, allowing the VMP to rise. Velocity
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Table 5.1: Summary of Mooring Instrumentation Collected from September 2015 Deploymenta

Depth (m)
0.5
1
1.5
2
2.5
3
4
5
6
10

DCA
Velocimeter
SBE 37-SMP
RBR TR1050
SBE 56
SBE 56
RBR TR1050
RBR TR1050
RDI 1200kHz

Moorings
DCB
Velocimeter
SBE 37-SMP
SBE 56
SBE 56
SBE 56
SBE 37-SMP
SBE 56
SBE 56
SBE 56
RDI 1200kHz

DCC
Velocimeter
SBE 37-SMP
SBE 56
SBE 56
SBE 56
RBR TR1050
RDI 600kHz

DCD
SBE 37-SMP
RBR TR1050
SBE 56
SBE 56
SBE 37-SMP
SBE 56
RBR TR1050
TR1050
RDI 600kHz

a

The Velocimeters burst sampled with 10 seconds of continuous velocity data recorded every 2 minutes. The CTDs sampled salinity, temperature and pressure every 10 seconds and
the temperature loggers continuously measured temperature every 1 second. All ADCPS
burst sampled with 2 minute averages recorded in 0.25 m bins. Not all the depths were
instrumented (dashes).
shear was measured at a sample rate of 512 Hz from which direct estimates of  are then
typically calculated. A more detailed description of this processes is included in Appendix
A. For reasons outlined in Appendix A, estimates of  at the base of the plume will be
referred to as ‘apparent’ . Furthermore, data has been filtered to remove all measurements
when the tilt of the VMP relative to the vertical (θx ) exceeded 20◦ .
Secondly, a free-drifting profiler package offered a quasi-Lagrangian perspective of
mixing. A temperature microstructure profiler (Scamp, PME) was deployed at the tailrace
discharge point in free-drifting, upwards profiling mode. Scamp was attached to a thruster
engine (SUCA) designed for repeated profiling in near-surface waters (Stevens et al., 2005),
enabling an increase in sample size by at least an order of magnitude over standard deployment methods. The surface-drifting profiler package moved with the propagating plume
and collected over 200 finescale profiles in total, resolving temperature and conductivity
gradients at approximately 5 mm resolution.
The Thorpe scales are calculated by adiabatically reordering the observed instantaneous
density profiles which contain inversions due to overturns (Thorpe, 1977). In this study,
temperature is used as a proxy. The stable temperature profiles in the near-field plume region are monotonically decreasing hence a measurement of salinity is not required. In a
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Table 5.2: Summary of Microstructure Profilers and their Deployments in September 2015 and March 2016b

Microstructure Profilers
Location

Profiler

Sensors

VMP-250

Fast Velocity Shear
Temperature
Conductivity
Pressure

Scamp/
SUCA

Fast Temperature
& Gradient
Temperature
Conductivity
Pressure

N
126

30

115
89
Tailrace discharge

126

30

115
89

b

The VMP-250 sampled velocity shear continuously at a rate of 512 Hz, and temperature
and conductivity at 64 Hz. Repeated profiles were taken both upstream and downstream
of all mooring locations, indicated by the grey shaded areas. The mooring locations in
September 2015 (circles) and March 2016 (stars) are shown. Scamp’s sensors sampled
continuously at a rate of 100 Hz. The thermal time constants for the fast and accurate
temperature sensors are 0.007 s and 0.2 s respectively. Scamp was attached to the SUCA
package and deployed at the tailrace discharge point. Profile were taken at approximately
one-minute intervals. The GPS tracks for three separate deployments in September 2015
are shown.
highly heterogeneous region such as the near-field plume (MacDonald et al., 2013), salinity spiking creates spurious inversions. This contamination was prevented by applying
temperature-based Thorpe scale analysis. A similar technique has been applied in other
oceanic environments (Alford and Pinkel, 2000; Cimatoribus et al., 2014; Stevens, 2017).
The vertical movement over which the observed profile is displaced to become the sorted
profile yields the vertical turbulent displacement (d). The RMS of all Thorpe displacements
within an overturn, defined as the vertical distance over which d sum to zero, is the Thorpe
scale,
1/2

LT = hd2 i

(5.1)

where h i signifies an appropriate averaging process. Having resolved LT as an indicator of
vertical mixing, it is possible to then derive an estimate of turbulence dissipation rate from
the overturning length scale (Moum, 1996),
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T = (0.8LT )2 N 3

(5.2)

assuming the relationship LO /LT ≈ 0.8 where LO is the Ozmidov scale, derived by Dillon
(1982). The buoyancy frequency,
s
N=

−

g ∂ρ
ρ ∂z

(5.3)

where ρ is the potential density, is computed from the gradient of the density profile.

5.4
5.4.1

Results
Moored timeseries data

The velocity structure of the near-field plume region was characterised by a fast-flowing
surface layer between 2 − 3 m in thickness which overlay a relatively stationary ambient
(Fig 5.2a). Maximum plume speeds exceeded 2 m s−1 with a mean surface velocity of
0.94 m s−1 . The thickness and velocity of the plume layer was variable and influenced
by both the tailrace discharge and tidal amplitude (Fig 5.2c). An increase in Q from 275
to 500 m3 s−1 (e.g., 8 September) resulted in an increase in surface velocity from 0.6 to
2.1 m s−1 (Fig 5.2b) and a corresponding increase in plume thickness (Fig 5.2a). When Q
subsequently dropped, the plume velocity and thickness also decreased. Less pronounced
peaks in surface velocity and plume thickness also occurred during the ebb tidal phase when
the discharge rate was steady (e.g., 6 September), a result often seen in tidal river plumes
(McCabe et al., 2009; Kilcher et al., 2012). The initial momentum-driven jet transitioned
to a buoyant plume at a distance of lM = O(10) m.

5.4.2

Near-field water column structure from profilers

The upper water column in Deep Cove was highly stratified with a well-mixed 2 − 3 m
thick freshwater (0.8 psu) surface layer above a sharp density interface (Fig. 5.3a). Below
the pycnocline there was an increase of salinity towards an oceanic value (∼ 36 psu). The
corresponding temperature range over the upper 5 m was 7.9 − 12.3◦ C (14.1 − 15.3◦
C) in austral spring (autumn), equating to a vertical sigma-t difference of ∆σt ≈ 28 kg
m−3 . The plume remained coherent up to 3 km downstream from the discharge point, with
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Figure 5.2: Mooring data from the near-field site at DCA (0.5 km from tailrace exit) for the September 2015
field campaign where, (a) ADCP velocity magnitude for the upper 10 m with Velocimeter data included at
the surface, (b) Velocimeter surface velocity at 0.2 m depth, (c) the hourly tailrace discharge rate (solid line;
data from Meridian) and tidal cycle (dashed).

an approximate thickness of 3 m at the seaward end of Deep Cove. The pycnocline also
became more diffuse with distance.
The buoyancy frequency squared (N 2 ) profile at the head of the fjord revealed strong
salinity-induced stratification where N 2 = 0.25 s−2 at 2.4 m below the surface (Fig. 5.3b).
To contextualise this, N 2 is an order of magnitude greater than the stratification HornerDevine (2009) observed during high discharges in the Columbia River. Further downstream, the profiles showed smaller maximum N 2 values across the pycnocline (N 2 = 0.16
and 0.15 s−2 for DCB and DCC respectively). Generally weaker values were observed in
the surface layer (N 2 = 10−2 s−2 ) and reduced towards zero with depth below the interface
to 10 m at all locations.
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Figure 5.3: Example vertical profiles from the microstructure profiler (VMP-250) of (a) sigma-t (σt ), (b)
buoyancy frequency squared (N 2 ) and (c) dissipation rate () from each mooring location: DCA (solid line),
DCB (dashed) and DCC (dotted). Bulk  = 3.7 × 10−4 , 8.5 × 10−6 and 1.9 × 10−6 W kg−1 at DCA, DCB
and DCC respectively. The profiles were averaged over a vertical distance of 0.1 m.

5.4.3

VMP microstructure-derived dissipation rates

The highest turbulence dissipation rates in Deep Cove were typically found within the surface layer (Fig. 5.3c). Values of  then generally decreased with depth, by up to six orders
of magnitude from the base of the plume to 10 m. Dissipation rates also decreased with
distance from the tailrace exit: the mean surface layer s (average of  over the upper 2 m)
reduced by nearly one order of magnitude between each mooring site, moving downstream
from DCA to DCC. Below the plume however, there was less variation between locations
and the mean  between 4 to 10 m was comparable at each location.
The greatest variation in TKE dissipation rates occurred within the plume layer (Fig.
5.3c), thus apparent s estimates from all profiles are examined as a function of distance
from the tailrace discharge point (for notational convenience, ‘apparent’ s will be shortened to s ). The highest s were found in the region nearest the discharge point with a maximum s = 10−2 W kg−1 (Fig. 5.4a). The Gaussian distribution of  at DCA was nearly
symmetric and dissipation rates spanned five orders of magnitude. Further downstream at
DCB, the distribution was skewed to smaller s estimates and the mean s = 2 × 10−5 W
kg−1 was one order of magnitude smaller than at DCA (Fig. 5.4b). Over 2 km downstream
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from the discharge point, at DCC, the mean s was a further order of magnitude smaller
than at DCB (Fig. 5.4c).

Figure 5.4: Histogram of all apparent surface TKE dissipation rates (s ) in the near-field region of Deep Cove
at (a) DCA, (b) DCB, and (c) DCC. The vertical dashed lines are the mean values for the s estimates at each
mooring site: 2 × 10−4 , 2 × 10−5 and 6.2 × 10−6 W kg−1 respectively. The data points are divided into 11
bins per category and span more than 5 decades. Measurements are averaged over the surface 2 m for all the
VMP profiles gathered in Deep Cove.

5.4.4

Thorpe scales and derived dissipation rates

To examine the vertical extent of overturns in the upper water column, Thorpe scale analysis is applied to a high-resolution temperature profile obtained by the VMP in the near-field
region. Thorpe scales within the plume were typically small, LT ≈ 10−2 m (Fig. 5.5b)
and fewer overturns were identified between 2 − 3 m (LT = 0 m) where N 2 was greatest.
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Below 4 m, stratification was typically low (N 2 = 10−4 s−2 ) and the largest LT were measured. Often LT was greater than 1 m at these depths, reaching a maximum LT = 2.4 m
(Fig. 5.5b).

Figure 5.5: A comparison of methods to derive an estimate for TKE dissipation rates where (a) unsorted
temperature (thick solid line) and buoyancy frequency squared (N 2 ) profile (dotted line), (b) the instantaneous
Thorpe scale (LT ) and (c) direct microstructure-derived  (solid) and Thorpe scale-derived T (dotted). A
high-resolution VMP temperature and velocity shear profile was used to calculate T and  respectively. The
breaks in (c) are where LT = 0, thus T = 0 and cannot be plotted on a logarithmic scale. The profile was
taken approximately 1 km from the tailrace discharge site, downstream of DCA. Values have been vertically
averaged over 0.1 m intervals for clarity.

The measured Thorpe scales can then be related to TKE dissipation rates using Eqn.
5.2 and a direct comparison with the corresponding microstructure-derived  profile can
be made. Between 6 − 10 m there was relatively good agreement between both profiles.
Mean estimates of T averaged over these depths were of a comparable magnitude to the
equivalent  (Fig. 5.5c). Within the surface layer however, the profiles were significantly
different. The Thorpe scale method estimated mean surface T as three orders of magnitude
smaller than measured  in the same layer. This incongruity is further discussed in Section
5.5.3.
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5.4.5

Spatial evaluation of Thorpe scales

The surface-drifting Scamp/SUCA profiler package captured the spatially evolving temperature structure of the plume, providing a quasi-Lagrangian perspective of the flow (Fig.
5.6). Notable differences in plume structure were observed between each time series. In
the first deployment, the thickness of the surface layer was highly temporally variable, fluctuating in thickness by up to 1 m over a longitudinal distance of ∼ 400 m (equivalent to
a period of approximately 10 minutes) (Fig. 5.6a). The thickness of the plume varied by
over 2 m in vertical extent during the second deployment, though over a longer time scale
(Fig. 5.6b). During the third deployment the thickness of the surface layer was relatively
consistent over the length of Deep Cove (Fig. 5.6c).
Well-defined turbulent overturns were identified as inversions in a sample of consecutive Scamp temperature profiles (Fig. 5.7a, black box in Fig. 5.6a). The corresponding
Thorpe displacement (d) profiles reflect the typical vertical extent of the overturns in each
layer: the surface-confined LT peaked at 0.25 m, few overturns were identified in the thermocline (LT = 0), and the larger displacements were observed below the interface (maximum LT = 1.1 m) (Fig. 5.7b). The subset of temperature profiles also demonstrated that
the water column is not simply a two-layer structure but multi-layered and highly heterogeneous.
The distribution of the size of all of the identified overturn events for the third Scamp/SUCA
deployment (Fig. 5.6c) is displayed in a histogram of Thorpe scales in which the frequency
of occurrence is plotted against LT (Fig. 5.8a). The estimated LT were categorised by
approximate depth: surface, interface and deep LT .
The distribution of LT in the surface layer was skewed to smaller values, where over
45% of surface LT were of the order of 10−2 m and a maximum surface LT = 1.3 m (Fig.
5.8a). The vertical extent of all these overturns measured less than the thickness of the
plume. Less than 1% of the total overturns identified occurred within the shear-stratified
interface (LT = 0 m was not included) and those measured were typically less than 0.1
m. This distribution of total LT accentuates the dampening effect that stratification has
on turbulent velocity fluctuations. There were a significantly greater number of overturns
identified in the region below the thermocline, accounting for over 90% of the total number
of measured overturns. The distribution of deep LT was skewed towards smaller Thorpe
scales with a mean LT = 1.05 m and a maximum LT = 3.47 m (Fig. 5.8a).
The average LT profile summarily represented this distribution of turbulent length
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Figure 5.6: Time series of temperature from consecutive Scamp/SUCA profiles for three separate deployments. Each profile is taken as the upwards component of the ‘zig-zag’ profiling motion. The time series
consists of (a) 39, (b) 38 and (c) 66 profiles on the 07/08/09 September 2015 respectively. The instrument
package was deployed at the tailrace discharge point and retrieved downstream of DCB (a,b) and of DCC
(c). The black box in (a) outlines a period of high variability of plume thickness and rapid thermocline
displacement and is discussed in the text.

scales with depth (Fig. 5.8b). Overturns within the plume layer were typically of the
order LT = 10−2 m and this size decreased within the thermocline. Values increased by
over two orders of magnitude at the base of the surface layer, and below 4 m the average
LT = 0.97 m remained relatively consistent. Calculating turbulence dissipation rates from
the mean LT and N 2 profiles from the third Scamp deployment (Fig. 5.6c) equated to an
average bulk T = 8 × 10−5 W kg−1 , where the mean surface T = 1.2 × 10−8 W kg−1
(Fig. 5.8c).
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a

b

Figure 5.7: Several consecutive (a) temperature profiles and (b) corresponding instantaneous Thorpe displacements (d), taken from the 07 September Scamp/SUCA deployment (black box in Figure. 5.6a). Each
temperature profile has been offset by 1◦ C and each d profile by 1 m. The profiles of Thorpe displacements have been vertically averaged over 0.05 m for clarity. Profiles are taken at approximately one-minute
intervals.

5.5
5.5.1

Discussion
TKE dissipation rates in the near-field region

To contextualise the significance of the measured TKE dissipation rates, the highest estimates of  yet observed in the ocean are extremes of  = 10−2 W kg−1 recorded in the
Strait of Gibraltar (Wesson and Gregg, 1994) and the Juan de Fuca Strait (Stansfield et al.,
2001). Average inflows through both Straits were tidally dominated and flow rates exceeded Q = 105 m3 s−1 with measured N 2 = 10−4 − 10−2 s−2 . Strong shear and large
overturns (between 30 − 75 m and 120 − 140 m in the Juan de Fuca Strait and Strait of
Gibraltar respectively) generated the intense turbulence observed in these systems. These
observed  are comparable to the enhanced TKE dissipation rates observed in wave breaking. The intense whitecapping at the ocean surface is a significant source of turbulence,
reaching values of  = 10−3 − 10−1 W kg−1 in typical wind-generated waves (Agrawal
et al., 1992; Gemmrich, 2010; Sutherland and Melville, 2015).
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Figure 5.8: (a) Histogram of Thorpe scales (LT ) relative to the total number of LT measured. The overturns
are categorised by surface layer (z < 2 m (blue)); interface (2 < z ≤ h (orange)); and below the interface
(z > h (green)) where h is the depth of the maximum N 2 value, (b) average Thorpe scale profile, LT , and
(c) average T for all temperature profiles from the 09 September deployment (Fig. 5.6c). Occurrences of
LT = 0 are not included in the histogram and each bar represents an interval of 0.05 m.

Competition between vertical shear and buoyancy, due to density stratification, largely
governs the development of turbulence (Smyth and Moum, 2000). The values of N 2 observed here are some of the highest recorded in the coastal ocean. Stratification of a comparable magnitude (N 2 ≈ 10−1 s−2 ) was observed by Sharples et al. (2003) in a salt wedge
estuary, however surface currents were 0.1 - 0.2 m s−1 which resulted in weak vertical mixing across the halocline ( = 10−6 W kg−1 ). The river plume in Deep Cove flowed at speeds
greater than 2 m s−1 and strong shear was present at the base of the plume (S 2 ∼ 10−1 s−2 ).
Within the near-field region, the freshwater plume layer overlying the denser ambient water
produced a highly stratified interfacial layer (N 2 = 10−2 −10−1 s−2 ) that supported intense
shear and surface-intensified turbulence (Fig. 5.9).
In comparison to typical estimates of  in ocean and coastal environments, the apparent
TKE dissipation rates observed in the near-field plume region of Deep Cove are orders of
magnitude greater. Gregg (1987) reported that generally, values of  within the oceanic
thermocline fall within a range of order 10−10 − 10−6 W kg−1 . Though higher than oceanic
values, estimates of  within tidal channels and in estuaries rarely exceed 10−4 W kg−1 and
are usually several orders of magnitude lower. The mean  = 10−3 W kg−1 in the nearfield region of Deep Cove (Fig. 5.8a) is over an order of magnitude larger than maximum
estimates of  measured in other river plumes of a comparable size to the tailrace inflow.
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Figure 5.9: Scatter plot of buoyancy frequency (N 2 ) against turbulence dissipation rates (), categorised by
depth. Estimates from 18 VMP profiles taken at DCA are shown here, and each point represents a measurement vertically averaged over 0.1 m.

Maximum values of  = 10−4 W kg−1 have been observed in the Merrimack River during
a period of high discharge (Q = 1.2 × 103 m3 s−1 ) (MacDonald et al., 2007, 2013) and
similar peak  values have been measured in the Connecticut River (O’Donnell et al., 2008)
and Hudson River estuary (Peters and Bokhorst, 2000). In each of these systems surface
plume speeds reached a maximum of ∼ 1 m s−1 and stratification was approximately N 2 =
10−2 −10−1 s−2 across the pycnocline. The mean  in the near-field of Deep Cove is instead
comparable to the highest value recorded in the much larger Columbia River (Q = 1.2×104
m3 s−1 ) (Nash et al., 2009).
Maximum measured  observed in the near-field plume region studied here was over an
order of magnitude greater than the peak estimates in these other coastal plumes. At the
head of the fjord (upstream of DCA), a maximum s = 7.8 × 10−2 W kg−1 was measured
by the VMP when the tailrace inflow was near its upper limit of Q = 534 m3 s−1 . This is
one of the largest  values recorded within a river plume setting. O’Callaghan and Stevens
(2015) observed internal hydraulic jumps in the near-field plume region caused by variable
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discharge rates. However, the maximum measurements of  within the near-field plume
region did not occur when tailrace discharge rates varied (Fig. 5.2c). Therefore, the high
 observed was not enhanced by the increased turbulence within a hydraulic jump (Nash
and Moum, 2001) and is instead representative of the intense shear-dominated mixing in
the near-field plume region.

5.5.2

Drivers of energy dissipation rates in the near-field

Though the phase of the tide and tailrace inflow rate influenced the structure of the surface plume in the near-field region (Fig 5.2a,b), the variability of either quantity did not
significantly impact the apparent TKE dissipation rates directly measured by the VMP in
the plume. While wind mixing is a relevant process which generates variability in river
plumes and elsewhere (Kakoulaki et al., 2014), it adds additional complexity thus a wind
speed limit of 10 m s−1 was imposed over which profiling was delayed. The higher tailrace
discharge rates did not generate markedly higher surface or bulk  estimates. For lower Q,
there was a greater range of measured  than for Q > 450 m3 s−1 where an order of magnitude difference existed between minimum apparent  estimates for high and low discharge
rates (Fig. 5.10a). However, maximum values of s = 10−2 W kg−1 were measured both
when Q = 275 and 540 m3 s−1 .
There was a similar lack of correlation between  and the tidal phase. Comparable
maximum estimates of s were measured during both the ebb and flood tide in the near-field
plume region (Fig. 5.10b). This is in contrast to a number of plume and estuarine studies
which show that  is primarily driven by tides, with the strongest turbulence occurring
during the ebb phase (Peters and Bokhorst, 2000; Kay and Jay, 2003; Nash et al., 2009).
However, O’Callaghan and Stevens (2015) noted that the headwaters of the fjord absorbed
the momentum of the tidal oscillations. Therefore, the impact of tidal forcing on  in the
near-field would be reduced, as observed here.
It is predominantly the distance from the tailrace discharge point that controlled the
magnitude of dissipation rates:  generally decreased with distance from the tailrace discharge point. This result reinforces the inverse relationship between turbulent mixing and
distance from the discharge point previously observed in river plume systems (Orton, 2005;
McCabe et al., 2008). Turbulence dissipation rates were strongest in the 1 km region immediately downstream of the river mouth, where a maximum s = 2 × 10−2 W kg−1 and
mean bulk  = 6 × 10−4 W kg−1 were recorded (Fig. 5.10c). Both bulk and surface 
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Figure 5.10: Mean s estimate (mean of the surface 2 m; crosses) and bulk  (mean of the full measured depth
of the profiles; circles) from each deployment as a factor of external forcing, where (a) tailrace inflow rate Q,
(b) tidal stage and (c) distance from the mouth of the tailrace. The lines in (c) trace the average  estimate at
each of the locations (solid line represents s ; dashed line represents bulk ).

values decreased at a similar rate over distance, ultimately resulting in mean estimates of
 = 2 × 10−6 W kg−1 and s = 2 × 10−5 W kg−1 at the seaward end of Deep Cove. The
decrease in mixing with distance was a consequence of the entrainment of low-momentum
ambient water into the fast-flowing surface layer by shear-driven turbulence.

5.5.3

Thorpe scales near a boundary

Thorpe scales derived from a series of consecutive finescale temperature profiles measured
by Scamp/SUCA illustrated the typical size of turbulent overturns in the upper water column (Fig. 5.8). The Thorpe scale analysis showed that generally LT = 10−2 m within
the plume layer which is approximately one order of magnitude smaller than mean surface
layer LT in the Fraser River (MacDonald and Geyer, 2004). In highly stratified estuarine
systems, the overturns are limited by two horizontal boundaries: the upper water surface
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and the lower stratified layer. By examining the distribution of overturns within the plume
layer the high N 2 across the pycnocline appeared to have a greater damping effect on the
size of the overturns than the presence of the physical water surface. The smallest scales
were found at the base of the plume (LT ≈ 10−3 m) and larger overturns were identified in
the upper half of the surface layer (Fig. 5.11).

Figure 5.11: Average Thorpe scales (LT ) in the surface layer of the plume, normalised with respect to the
depth of the pycnocline. The water surface is defined as z ∗ = 0 and the base of the pycnocline (defined at
the depth where N 2 is greatest) is z ∗ = 1. The Thorpe scales are divided into 20 equal vertical intervals per
profile in relation to the thickness of the plume, and then an overall average is taken. The average is taken
over one Scamp/SUCA deployment (Fig. 5.6c).

The upper limit length scale of turbulence (LO = (/N 3 )1/2 ) is generally highly correlated to LT in both open ocean and coastal environments (Dillon, 1982; Wesson and Gregg,
1994; Peters, 1997; Stevens, 2017) and LO and LT are proportional in shear-dominated
mixing (Ferron et al., 1998; Stansfield et al., 2001). This differs from the relationship seen
here which shows that the observed LT were greatly underestimated by the inferred LO .
Discrepancies between overturning scales exceeding five orders of magnitude (Fig. 5.12).
Conversely, there was no clear distinction between the bulk and surface LO and LT
estimates. Over 85% of surface LO estimates exceeded the maximum surface LT = 2.8 m
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Figure 5.12: Scatterplot of measured LT against LO , categorised as mean surface estimates (crosses) and
mean bulk estimates (circles). The dotted line for unity is indicated. The surface is defined as 0 < z < 2m.
Profiles were vertically averaged over 0.1 m and then averaged over the prescribed depths. These values are
taken from VMP profiles in the near-field region of Deep Cove.

and ranged up to LO = 105 m. As a directly measured quantity, Thorpe scales relate physically to the boundaries and limitations of the environment unlike LO which are inferred and
not subject to the same constraints. There was also no correlation between the measured
LT and the maximum overturn scale (δρ ) where δρ = (0.3ρ0 u2 )/(g∆ρ), ρ0 is the reference
density and u is along-channel velocity. This length scale estimates the height (δρ ) at which
Kelvin-Helmholtz (KH) billows collapse and the layer begins to stabilise (Sherman et al.,
1978; Turner, 1981). Typically, estimates of δρ in the surface layer were at least two orders
of magnitude greater than the measured LT and relatively comparable to LO (not explicitly shown). The significant difference between LT and other fundamental length scales,
particularly in the surface layer, is attributed to the presence of boundary layers. The water
surface and highly stratified interface below acted as boundaries and restricted the size of
LT , i.e., the vertical extent of the overturns could be no greater than the depth of the surface
layer.
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5.5.4

Evaluation of the Thorpe scale method

Using Thorpe scales to indirectly determine T has been employed in a variety of settings
(Etemad-Shahidi and Imberger, 2001; Finnigan et al., 2002; Park et al., 2014) due to the
relative ease with which overturns are measured using standard oceanographic instrumentation. A critical assessment of the use of Thorpe scales to estimate turbulence dissipation
rates in a variety of conditions has been conducted in papers by Mater et al. (2015) and
Scotti (2015). However, this method is typically applied in the deep ocean where turbulence is generated by relatively low energy overturning events (T = 10−10 − 10−7 W
kg−1 ) (Moum, 1996). Recently, the approach was used in a more turbulent, fast-flowing
Strait ( = 10−5 W kg−1 ) and overturn-derived TKE dissipation rates and microstructurederived estimates of  converged (Stevens, 2017). MacDonald et al. (2013) compared direct
measurements of  with the overturn-based T in the near-field of the Merrimack River and
found that, while both methods described the turbulent structure in the plume over broad
spatial scales, using overturns to quantify mixing tended to underestimate regions of locally
enhanced turbulence.
In the near-field region of the river plume in Deep Cove however, there was no relationship between turbulence dissipation rates inferred from LT and directly measured  (Fig.
5.13). Both  and T were derived from shear and temperature profiles from the same VMP
deployment. Estimates differed by over two orders of magnitude around the line of unity
for both bulk and surface dissipation rates across all orders of magnitude. Bulk and surface
 were generally one order of magnitude greater than the equivalent mean T . Furthermore,
there was only one derived T which exceeded 10−3 W kg−1 (2.5% of the total estimates)
compared to over 15% of the directly measured  which exceeded this value. The overturning scales within the surface layer are restricted by the boundaries and this constraint on
LT limits the maximum dissipation rate that can be inferred.
A key assumption for deriving T from LT , on which Eqn. 5.2 is based, is a linear
relationship between LT and LO . Though the ratio can vary as a Kelvin-Helmholtz billow ages (Smyth and Moum, 2000) and observational estimates include large uncertainties
(Ferron et al., 1998; Mater et al., 2013), the ratio has been supported by open-ocean (Wesson and Gregg, 1994) and lake (Dillon, 1982) measurements. A representative value of
LT /LO generally accepted in an active turbulent field is of order one (Mater et al., 2015).
A comparison of these overturn scales shows that the expected linear relationship did not
hold here (Fig. 5.12). Therefore Eqn. 5.2 failed to provide an accurate representation of
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Figure 5.13: Comparison of TKE dissipation rates resolved from Thorpe scales (T ) and direct microstructure
measurements (), categorised into mean surface estimates (crosses) and bulk values (circles). The surface
layer is defined as the depth from z = 0 − 2 m. The dashed line is the line of unity ( = T ) and the solid
line is the line of best fit for the bulk dissipation rates.

turbulence dissipation rates in this near-field plume region (Fig. 5.13). Therefore, caution
must be taken when conducting turbulent overturn analysis to estimate T in a stratified
shear flow where boundary layers limit the size of turbulent overturns, and in turn restrict
the derived maximum turbulence dissipation rates.

5.6

Summary

The turbulence analysis conducted here indicates that the near-field river plume setting in
Deep Cove is one of the more turbulent marine environments observed (from an  perspective). Measurements of  in the surface layer of the near-field are amongst the highest
recorded (maximum  > 10−2 W kg−1 ) and values decrease with distance from the discharge point. Though variable discharge rates and tidal oscillations affected the velocity
and thickness of the surface plume, the headwaters of the fjord absorbed momentum and 
did not vary with tidal stage. Turbulent overturn analysis highlighted the vertical distribu89

tion of Thorpe scales: in the surface layer LT were typically small (LT = 10−2 m), strong
stratification dampened turbulence in the interfacial layer, and larger and more frequent
overturns were observed in the ambient water below the pycnocline, reaching a maximum
size of LT = 7.9 m. It was also demonstrated that boundaries and stratified layers impacted the size of overturns, limiting their vertical extent to the thickness of the surface
layer. Additionally, the overturn analysis served as an observational basis for testing the
applicability of using Thorpe scales to estimate turbulence dissipation rates. It was found
that the physical constraints on the size of LT then limits the maximum dissipation rate that
can be inferred.
It was shown that vertical mixing of the plume and surrounding oceanic ambient and
dissipation of energy can significantly impact the density structure and momentum of the
flow in Chapter 4. This chapter has better contextualised the mechanisms which drive the
enhanced turbulent mixing within the near-field plume region. It is anticipated that this
work, identified for the near-field plume region of a river entering the ambient ocean, can
also be applied to other estuarine and coastal regimes, as well as stratified shear flows.
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Chapter 6
Lateral spreading and dispersion of a
near-field buoyant river plume
6.1

Introduction

Buoyant river plumes inject large freshwater discharges and terrigenous material into the
coastal ocean. Such input, particularly sediment, pollutants and nutrients carried by river
plumes into these ecologically sensitive coastal waters, can have significant environmental implications (Garvine, 1999; Hunt et al., 2010; Poje et al., 2014). For example, the
high nutrient content of water runoff from agricultural lands can cause algal blooms with
adverse effects on marine life (Durand et al., 2002) and, similarly, treated wastewater is
often discharged into adjacent waters which leads to residual nutrient and contaminant
loading (Roberts, 1999a). The dynamics in the near-field region, immediately seawards of
the plume discharge point, determine the structure and behaviour of the plume as it propagates seawards (Hetland, 2005; Horner-Devine, 2009; McCabe et al., 2009). Therefore,
accurate predictions of the impact and fate of river plumes on the coastal ocean require an
understanding of near-field plume dynamics.
Mixing processes in the near-field region can significantly impact the density structure
and momentum of the plume as demonstrated in Chapter 4 (MacDonald et al., 2007; Hetland, 2010). Lateral plume spreading, which occurs due to the strong density difference between the freshwater inflow and the surrounding ambient (List, 1982; Garvine, 1984), also
plays an important role in the transport of freshwater away from the river source (Luketina
and Imberger, 1987; Anderson et al., 2005). Mixing and spreading are closely linked, com91

peting to determine the overall plume structure and the ultimate redistribution of energy and
momentum in the plume (Hetland, 2005; MacDonald et al., 2007; Hetland, 2010; MacDonald and Chen, 2012), thus determining the relative contribution of each process is necessary
to characterise the dynamics which govern near-field plume structure.
Plume spreading and the relationship between spreading and stratified shear-turbulence
have been examined primarily using numerical simulations (Hetland and MacDonald, 2008;
McCabe et al., 2009; Hetland, 2010; MacDonald and Chen, 2012). These model results
compare well with direct measurements of plume spreading using hydrographic surveys
and GPS drifters (McCabe et al., 2008; Chen et al., 2009). The results of these studies have
shown that lateral plume spreading is generally a function of the radial distance from the
river mouth (Hetland and MacDonald, 2008), capable of enhancing local turbulence (MacDonald and Chen, 2012), and the spreading rate is proportional to the internal wave speed
(Hetland and MacDonald, 2008; Chen et al., 2009).
The physical mechanisms responsible for plume spreading can be examined by quantifying dispersion. Advection governs the rate of travel and the direction in which the plume
evolves from a source while dispersion determines the lateral and vertical structure of the
plume (Stacey et al., 2000; Jones et al., 2008). When the vertical dimension is constrained
by a boundary or stratified layer, such as in the coastal ocean, vertically well-mixed conditions are quickly reached and the dispersion of scalars tends to occur primarily in the lateral
direction (Okubo, 1971).
Longitudinal dispersion in rivers governs the transport of solutes into the far field region
and has been examined extensively using both observation and estimation methods (Wilson
and Okubo, 1978; Fischer et al., 1979; Guymer and West, 1992; Shen et al., 2010; Zeng and
Huai, 2014). In the near-field plume region, longitudinal dispersion is generally neglected
as vertical mixing and lateral dispersion are dominant transport processes (Fair et al., 1971;
Fischer et al., 1979; Fong and Stacey, 2003). Lateral dispersion coefficients have been
estimated in riverine systems using dye tracers (Rathbun and Rostad, 2004; Sun et al.,
2013; Baek and Seo, 2016) though many of these studies failed to determine the particular
mechanisms which drove the observed dispersion.
The mechanisms responsible for dispersion are generally combined into a single empirical law which relates the rate of diffusion (the dispersion coefficient) of a tracer to its
size (l), i.e., the dispersion is scale-dependent (Richardson, 1926; Okubo, 1971; Lawrence
et al., 1995). The rate of dispersion in the coastal ocean is most strongly linked to scale-
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dependence (Okubo, 1971) therefore, the dispersion coefficient (Kh ) can be expressed generally as,
Kh = αln

(6.1)

where the parameters α and n are empirical. The value of n defines the scale-dependence
of the dispersion. These empirical constants incorporate the effects of meteorological (e.g.,
wind speed, direction) and oceanographic (e.g., stratification, ambient currents and turbulence) influences, as well as measurement errors. Note that the nomenclature adopted
in this chapter defines dispersion as the combined processes by which turbulence causes
irreversible mixing.
Field measurements of dispersion in the open ocean have found that Kh ∝ l4/3 for
homogenous, isotropic turbulence (Stommel, 1949; Batchelor, 1950). Studies of dispersion
in the surface waters of lakes and oceans (Stommel, 1949; Okubo, 1971; Murthy, 1976;
LaCasce and Bower, 2000; Stevens et al., 2004) and in shelf seas (Jones et al., 2008; Moniz
et al., 2014) have corroborated this n = 4/3 power law. Stacey et al. (2000) and Fong and
Stacey (2003) found that the initial growth of a near-bed coastal plume also obeyed the 4/3
law, indicating that open ocean dispersion theory is applicable in the near-shore coastal
environment. However, in comparison to lakes and the open ocean, mixing in the near-field
region of river plumes is typically significantly stronger and anisotropic due to velocity
shear (Gregg, 1987; Fischer et al., 1979; MacDonald et al., 2013). Therefore, it seems
unlikely that the driving mechanisms for dispersion in a river plume would be comparable
to the turbulent processes in the open ocean and postulated by the 4/3 power law.
The objective of this chapter is to quantify the lateral plume spreading rate and determine the mechanisms responsible for plume spreading in the near-field region of a buoyant
river plume. The spreading rate in the near-field is obtained directly from GPS surface
drifters and lateral hydrographic data, and then compared with the control volume derived
estimates from Chapter 4. Moreover, the forces that drive plume spreading are determined
from lateral dispersion coefficients, obtained from direct observations and numerical analysis.
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6.2

Field setting

A freshwater tailrace carries discharge from the Manapouri hydroelectric power station into
the head of Doubtful Sound, New Zealand. The tailrace is the third largest river flow in New
Zealand with an average inflow of Q = 420 m3 s−1 . Peak surface plume speeds are over
2 m s−1 and comparable to the maximum outflow velocity of the Columbia River (Nash
et al., 2009) and the Fraser River (MacDonald and Geyer, 2005). The continuous tailrace
inflow into the fjord represents an excess of twice the natural runoff, driven by an annual
rainfall greater than 7 m (Bowman et al., 1999), and results in highly stratified conditions.
The riverine input can produce similar density gradients observed in major rivers such as
the Hudson and Columbia Rivers (MacDonald and Geyer, 2004; Jurisa et al., 2016).
Doubtful Sound is a glacial fjord located in the far south-west of New Zealand (45.3◦
S, 167◦ E, Fig. 6.1). Fjords provide an ideal system in which to examine specific aspects of
near-field plume dynamics as the deep, narrow, sheltered basin acts as a large-scale natural
process laboratory. The fjord is approximately 35 km long, typically less than 1 km wide
and has a maximum depth of 450 m south of Secretary Island (Fig. 6.1b). At the seaward
entrance of Doubtful Sound lies a sill approximately 120 m deep, and a second shallower
sill (30 m) exists near the head of the fjord, at the entrance to Deep Cove. Deep Cove
itself is 3.6 km long and orientated at a direction of 320◦ (Fig. 6.1c). Flanked by steep
topography rising to heights of over 2000 metres, the maximum depth of the inner fjord
(126 m) occurs within 50 m of the shoreline.

6.3

Methods and analysis

The present observations were made during a two-week long field campaign in March
2016. Over this period tailrace discharge rates into Deep Cove were high and relatively
steady (Q ≈ 530 m3 s−2 ) and the tidal range varied from 0.5 m to 1.2 m (Fig. 6.2). A
wide range of instrumentation and observational techniques were utilised to obtain a spatial
distribution of density, velocity and turbulence fields within Deep Cove.

6.3.1

Moored timeseries data

Three closely spaced near-surface moorings were deployed within 0.5 km of the tailrace
discharge point (Fig. 6.1c). The mooring array was configured to observe the near94
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Figure 6.1: Location map of (a) New Zealand with the south-west Fiordland region highlighted, (b) Doubtful
Sound and (c) Deep Cove showing the longitudinal (light blue), lateral (dark blue) and ‘zig-zag’ (pink) vessel
transects. The placement of the moorings are the stars (March 2016) and the circles (September 2015). The
arrow indicates the tailrace inflow from the Manapouri hydroelectric power station (HEP) and the thin dashed
line is the 50 m depth contour. The lateral transects are 0.2 km, 0.5 km and 1.5 km downstream of the tailrace
discharge point respectively.

field structure and evolution of the buoyant plume. Each mooring comprised an Acoustic
Doppler Velocimeter (Nortek Vector) mounted on the surface buoy which pointed into the
seawards-flowing plume and measured near-surface velocity continuously at a rate of 1 Hz,
temperature loggers (SBE56) sampling at 1 Hz, conductivity-temperature-depth loggers
(CTD; SBE37) which sampled every 10 seconds, and an upwards-facing Acoustic Doppler
Current Profiler at 10 m (ADCP; RDI Workhorse, 600 kHz) set to record an ensemble every
3 minutes in 2 m vertical bins. Further details of the mooring configurations can be found
in Appendix B.
Spectral analysis was conducted on the velocity observations and used to examine the
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Figure 6.2: Hourly tailrace discharge rate (thick solid line; data from Meridian) and tide (dashed) for the
duration of the field experiment. Peak spring tide occurred on 11 March. The blue shaded boxes indicate the
timing of the GPS drifter experiments.

distribution of velocity variability across a range of frequencies (Emery and Thomson,
2001). A spectral periodogram was generated and passed through a Hanning window before using the fast Fourier transform (FFT). A 95% confidence interval was calculated from
the χ2 distribution based on the degrees of freedom associated with the spectral averaging.

6.3.2

GPS drifters

Lagrangian measurements of currents near the plume surface were made over the course
of six GPS drifter experiments. The plume discharge rate and wind speeds (consistently
onshore) for each experiment are detailed in Table 6.1. The drifter set-up consisted of a
0.5 m deep and 0.2 m diameter cylindrical drogue, and the whole package was ballasted
to measure the upper 0.5 m of the water column by a small spherical float (Fig. 3.9).
Wind slippage was minimal as the float had little exposure to wind above the surface water
level. Each drifter was equipped with a GPS receiver (Columbia V-900 GPS data logger)
programmed to record every 1 second. The GPS devices have a position accuracy up to
1.5 m, depending on satellite coverage. The drifters were released approximately 10 m
apart across the width of the tailrace discharge point and were recovered after ∼ 1 hour. A
total of 8 drifters were deployed in the first two experiments then, due to the loss of a GPS
receiver, 7 drifters were deployed and retrieved in the subsequent four experiments.
The non-dimensional plume width (W/W0 ) quantifies the lateral spreading of the plume
in relation to the discharge point where W is the plume width, evaluated as the standard
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Table 6.1: Summary of drifter deployments and conditions

Day
(March 2016)
04
06
07
08
09
13

Drifter Deployments
Wind Speed
Discharge
(m s−1 )
(m3 s−1 )
5.6 - 6.8
515
0.8 - 2.4
527
1.5 - 1.8
501
4.8 - 6.0
530
2.3 - 2.6
532
4.1 - 5.3
536

Tide
(Phase)
Flood
Ebb
Ebb
Ebb
Ebb
Ebb

Total
Retrieved
8
8
7
7
7
7

deviation of the transverse distances between each set of drifters, and W0 is the width of the
plume at a reference location. The uncertainty limits are calculated as the minimum and
maximum standard deviations of all the subsets of the deployed drifters at a given distance
from the reference point.
The dispersion coefficient (Kh ) was quantified by examining the continuous convergence and divergence of drifters from the centre of the plume, defined as the average drifter
track. The standard deviation of the distance between the drifters and the plume centreline
(σr ) was then used to calculate the diffusion coefficient,
Kh (l) =

σr 2 (t)
4t

(6.2)

where t is the diffusion time (i.e., the time elapsed since the introduction of the drifter) and
l = 3σr is the scale of diffusion (Okubo, 1971). This definition of l implies that eddies of a
comparable size to σr are the most effective
in the diffusion of the plume. Plume spreading
q

is generally anisotropic thus σr =

(σx2 + σy2 ), where σx , σy denote the standard devia-

tions in the major (along-channel) and minor (across-channel) axes respectively (Stocker
and Imberger, 2003). Estimates of total diffusion were examined as Kx which acts in the
direction of the main current and Ky which acts in the lateral direction.

6.3.3

Vessel-based survey

A sequence of vessel-based observations within Deep Cove were repeated over the course
of the field campaign (Fig. 6.3). Along-fjord transects were aligned with the main river discharge, lateral transects cut through the plume perpendicular to its trajectory, and oblique
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transects captured both lateral and longitudinal plume evolution (Fig. 6.1c). At least six
consecutive lateral transects were repeated during each sampling period. Horizontal velocity estimates were obtained from a vessel-mounted ADCP (RDI Workhorse, 600 kHz). The
ADCP sampled water velocities in 1 m vertical bins from 2.5 to 41.4 m. Currents were rotated according to the local bathymetry to determine along-channel (u) and across-channel
(v) velocities. A weighted 10 m bowchain was attached to the vessel which comprised temperature (RBRsolo) and CTD loggers (RBRconcerto) sampling at 2 Hz and 5 Hz respectively. High resolution profiles of practical salinity and temperature were obtained from
‘tow-yoed’ CTD loggers (RBRconcerto). These data enabled estimation of the buoyancy
frequency from the measured density profiles,
s
N=

−

g ∂ρ
ρ ∂z

(6.3)

where ρ is the potential density.

Tow-yoed CTD

Bowchain

CTDs/
temperature
loggers

ADCP
10 m
weight
50 m

Figure 6.3: Schematic of vessel-mounted instrumentation set-up including bowchain, pole-mounted ADCP
and tow-yoed CTD.

A microstructure profiler (VMP 250, Rockland Scientific) was deployed from the side
98

of a separate vessel, measuring small-scale velocity shear at a sample rate of 512 Hz from
which estimates of turbulent kinetic energy (TKE) dissipation rates () were directly obtained. A detailed description of this process is outlined in Appendix A. The VMP was
deployed in an upwards profiling mode which enabled measurements right to the surface.
The lateral transects of temperature from the bowchain were used to quantify vertical
(Kz ) and lateral (Ky ) diffusion by estimating the change in thickness and width of the
plume over distance. Typically, the salinity field is used to define a freshwater plume flowing into an oceanic ambient due to the sharp vertical and horizontal salinity gradients generated (Hetland, 2005). In this study however, temperature was used to identify the plume
boundaries. This is due to the persistent low-salinity surface layer observed throughout
Deep Cove and the wider fjord region (Stanton and Pickard, 1980) which makes the distinction between the buoyant inflow and freshwater surface layer less pronounced in the
salinity field than in temperature. The diffusion components were estimated by,
∆yp2
Ky =
t

and

∆zp2
Kz =
,
t

(6.4)

where t is the time taken for the plume to flow between each transect and yp is the width of
the plume at the interface and zp is the plume depth, defined as the distance from the base
of the plume to the maximum height of the bounding isotherm.

6.3.4

Lateral dispersion

Lateral plume dispersion can also be quantified using the estimates of plume width (b)
derived using the control volume method in Chapter 4. Scale-dependent dispersion is determined from the growth of b with distance from the tailrace discharge point,
)1/(2−n)
b(x) = ((2 − n)βb01−n x + b2−n
0

(6.5)

where β = 12α/(U b0 ) represents the magnitude of dispersion using the mean alongchannel velocity U , and b0 is the initial plume width at the tailrace discharge point (Fong
and Stacey, 2003). A non-linear least squares fit of the estimates of b to Eqn. 6.5 is taken
and both β and n are treated as adjustable parameters. By optimising for n and α using
this fit, these parameters can be compared to the empirical estimates from Eqn. 6.2. The
method has been used to estimate dispersion in both near-coastal systems and the open
ocean (Stacey et al., 2000; Fong and Stacey, 2003; Jones et al., 2008; Moniz et al., 2014).
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The magnitude of horizontal shear dispersion for a mean flow in the along-channel (x)
direction (Fischer et al., 1979) can be estimated from,
Kx = 1.5c2 (∂u/∂y)2 κy t2

(6.6)

where c2 = 0.037 (Saffman, 1963), and κy is the horizontal diffusivity associated with the
small-scale motions (Okubo and Ebbesmeyer, 1976). An equivalent expression applies for
the y direction.

6.4
6.4.1

Results
Near-field water column structure

Temperature observations from the bowchain found the 3 m thick freshwater buoyant plume
to be approximately 1◦ C warmer than the ambient surface layer (13.6◦ C) (Fig. 6.4a). The
plume boundary can be defined by an isotherm of 14.5◦ C (Fig. 6.4b). The freshwater
surface layer overlay a sharp interface and dense, oceanic ambient below 5 m, equating to
a vertical σt difference of 24 kg m−3 (Fig. 6.4b,c). Maximum plume temperatures were
found at the base of the surface layer (∼ 14.8◦ C) where warmer water was entrained from
the ambient below (Fig. 6.4b).
The plume surface speeds were over 1.5 m s−1 and the ambient below 5 m was relatively
stationary (u ≈ 0.2 m s−1 ) (Fig. 6.4d). The near-surface ambient currents were weak
and the outer plume boundary can also be defined by speeds of 0.2 m s−1 (Fig. 6.4d).
The river plume was confined to the surface layer by strong salinity-induced stratification
(N 2 = 10−1 s−1 ) in the pycnocline (Fig. 6.4e). Generally weaker values were observed
within the plume layer (N 2 = 10−2 s−2 ) and reduced towards zero with depth below the
interface to 10 m. The highest turbulence dissipation rates were found within the surface
plume ( > 10−3 W kg−1 ) and  generally decreased with depth (Fig. 6.4f).
The near-surface velocity was also estimated by the Lagrangian GPS drifters that were
advected downstream with the surface plume. The drifters initially moved at speeds of
∼ 1.5 m s−1 and decreased to approximately 0.6 m s−1 towards the seaward end of Deep
Cove (Fig. 6.5). The majority of drifters remained within 10 m of each other over the
duration of each experiment.
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Figure 6.4: (a) Vertical distribution of temperature within Deep Cove and mean profiles of (b) temperature, (c)
salinity, (d) along-channel velocity (u), (e) buoyancy frequency-squared (N 2 ) and (f) turbulence dissipation
rate () of inside (solid) and outside (dashed) the plume. The arrow indicates the direction of tailrace inflow
(Q). The oblique vessel transect started from the tailrace discharge point and ended at the seaward end of
Deep Cove, approximately 3.1 km downstream. The dotted line in (d) shows the depth above which the
velocity was interpolated.

6.4.2

Techniques for evaluating lateral plume spreading

6.4.2.1

GPS drifters

The non-dimensional plume width (W/W0 ) ranged from 0.2 − 0.44 close to the tailrace
discharge point (Fig. 6.6). Away from the source W/W0 remained relatively constant,
between 0.2 − 0.4 at 1.5 km downstream. The maximum W/W0 = 0.8 occurred during the
04 March experiment when two drifters were detrained from the mean flow and diverged
from the body of the drifter pack (Fig. 6.5a). The uncertainty limits for one deployment
(06 March) are shown and all W/W0 estimates fall within these limits.
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Figure 6.5: The trajectories of the multiple GPS drifters released near the entrance of the tailrace discharge
point, where (a - f) are the six deployments, corresponding to the days outlined in Table 6.1. On the upper
right corner of each plot is a histogram of flow velocities (m s−1 ).
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Figure 6.6: The non-dimensional plume width (W/W0 ) for each GPS drifter experiment. The shaded region
indicates the uncertainty for the 06 March 2016 experiment and drifter trajectories were averaged over 10 m.

6.4.2.2

Lateral vessel transects

Near the tailrace discharge point, the buoyant plume was a distinct convex core of warmer
water (> 14.5◦ C) within the 3 m thick ambient surface layer (Fig. 6.7a). The surface
layer overlay a sharp thermocline and well-mixed 15.5◦ C ambient water below 4 m. The
width of the plume was then determined as the distance between the 14.5◦ C isotherm at
the base of the surface layer. The plume width at 0.2 km from the discharge point was 247
m, compared to a fjord width of approximately 800 m. Farther downstream at 1.5 km, the
plume had spread almost uniformly across the vessel transect and had a width of 349 m,
and the thermocline had become more diffuse (Fig. 6.7c).
The near-surface velocity field ranged from 0 − 1.15 m s−1 (Fig. 6.8a). Maximum
surface velocities occurred 0.2 km downstream of the tailrace discharge point at the plume
centreline. Farther downstream, maximum velocities decreased to 0.91 m s−1 at 0.5 km
and 0.71 m s−1 at 1.5 km from the discharge point. Flow speeds tended towards zero with
lateral distance from the plume centreline. The lateral velocity profile also became more
uniformly distributed across the width of the vessel transect with distance from the source.
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Figure 6.7: Mean vertical distribution of temperature of across-channel transects in the near-field plume
region taken (a) 0.2 km, (b) 0.5 km and (c) 1.5 km downstream of tailrace discharge point. The plume
boundary was defined by the isotherm 14.5◦ C (black lines). Temperature was recorded by the bowchain and
averaged over at least six consecutive lateral transects.

The outer plume boundary, defined by 0.2 ms −1 , increased laterally from 241 m to 330 m
over the 1.3 km distance. Mean estimates of du/dy and dv/dy ranged from 10−4 − 10−2
s−1 (Fig. 6.8b,c). Maximum values occurred within 0.2 km of the tailrace discharge point
approximately 100 m from the plume centreline. Velocity shear then tended towards zero
with distance from the centreline. Farther downstream, maximum values decreased by an
order of magnitude and dv/dy became relatively constant along the width of the vessel
transect.

6.4.3

Techniques for evaluating dispersion

6.4.3.1

GPS drifters

The diffusion diagram shows that both Kx and Ky increased with the scale of mixing (Fig.
6.9). Estimates of Kx were typically smaller than Ky . Values of Kx = 0.32 − 0.98 m2
s−1 were observed at diffusion scales of 0 < l < 120m. Estimates of Ky were at least
one order of magnitude greater for larger scales, ranging from Ky = 1.44 − 14.08 m2 s−1 .
Expressing the estimates in the form of Eqn. 6.1, the line of best fit yielded α = 0.0017 and
n = 1.38 ± 0.53. All the lateral diffusion estimates and most of the longitudinal diffusion
estimates fall within the 95% confidence intervals on either side of the predicted values.

104

0.2 km
0.5 km
1.5 km

a

a

b

c

Figure 6.8: Mean near-surface (a) velocity magnitude and horizontal velocity shear of (b) along-channel
(du/dy) and (c) across-channel velocity (dv/dy) at locations 0.2 km (magenta), 0.5 km (green) and 1.5 km
(blue) downstream of the tailrace discharge point. Distance is relative to the centre of the plume (maximum
u) at each location. Each line represents the velocity shear at z = 2.5 m. The mean transects were averaged
over at least six consecutive lateral transects and derived from the vessel-mounted ADCP.
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Figure 6.9: Okubo-style diffusion diagram of mean lateral (Ky , circles), longitudinal (Kx , stars) and total
diffusion (Kh , triangles) against the scale of diffusion (l). Error bars denote one standard deviation. The two
vertical lines (dotted) represent the width of the plume (lp ) and the width of the fjord (lf ). Estimates were
derived from the drifter trajectories (light blue, dark blue, pink) and two sets of mean lateral temperature
transects (green). The line of best fit was derived from the drifter results and given by K = 0.0017l1.3825
(solid). The 95% confidence intervals are also included (dashed).

6.4.3.2

Lateral vessel transects

Equation 6.4 was applied to the lateral vessel transects of temperature (Fig. 6.7) where the
plume boundary was defined by the 14.5◦ C isotherm. The results obtained an alternate
estimate of Ky = 29.8 m2 s−1 and a vertical diffusion component of Kz = 1.4 × 10−4
m2 s−1 . This Kz is comparable to the vertical diffusivity measured in other river plumes
(Horner-Devine et al., 2009; Hetland, 2005) which suggests that Eqn. 6.4 provides an
accurate first order estimate of bulk diffusion. The Ky estimates derived from both Fig. 6.7
and other lateral transects of temperature agreed with the drifter-derived diffusion results
(Fig. 6.9).
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Horizontal shear dispersion was quantified using Eqn. 6.6. Estimates of κx = 0.31
and κy = 0.23 m2 s−1 were derived using the GPS drifters and the mean shear values
were estimated from the near-surface velocity transects (Fig. 6.8). The shear dispersion
coefficients Kx = 0.19 and Ky = 15.80 m2 s−1 were the same order of magnitude as the
observed Kx and Ky from drifters and temperature transects (Fig. 6.9).
6.4.3.3

Shear-flow dispersion model

A non-linear least-squares fit of b to Eqn. 6.5 was applied. The plume width estimate was
derived using the control volume method in Chapter 4. Setting b0 = 128 m and U = 1.1 m
s−1 , and optimising for n and β, gives a best-fit with 95% confidence intervals defined by
n = 1.39 ± 0.35 and β = 0.024 ± 0.005 (Fig. 6.10). Most of the diffusion estimates fall

b

within the 95% confidence intervals on either side of the predicted values.

Figure 6.10: Plume width (b) as a function of distance from the tailrace discharge point. The plume width
is calculated from the control volume method in Chapter 4. The best-fit line with scale-dependency n =
1.39 ± 0.35 (solid) was determined using the length-scale model of Eqn. 6.5. Dashed lines are the 95%
confidence limits of the line of best fit.
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6.5
6.5.1

Discussion
Lateral spreading rate and drivers

Estimates of W/W0 derived from both the lateral vessel transects of plume temperature
(Fig. 6.7) and velocity (Fig. 6.8a) compared well to the control volume method estimates
of plume width in Chapter 4 (Fig. 6.11). The results show that W/W0 = 1 close to
the tailrace discharge point and increased to W/W0 = 1.8 over 3 km downstream. This
indicates that the plume spreads laterally in the near-field region as it propagates seaward,
with a spreading rate of db/dx = 0.045 m−1 . Mean W/W0 from the GPS drifter estimates
(Fig. 6.6) remained relatively constant along Deep Cove (W/W0 ≈ 0.3) which suggests
that there was no significant lateral spreading of the plume within the initial 2 km from the
tailrace discharge point. The excellent agreement between the estimates of spreading from
the control volume and lateral vessel transects indicates that the drifters underestimated
W/W0 .

Figure 6.11: The non-dimensional plume width (W/W0 ) estimated by drifter data, lateral transects of temperature and velocity, and a control volume method.

Estimates of plume spreading using drifters in other river plume systems have compared
well to results from numerical and other observational techniques (Hetland and MacDon108

ald, 2008; McCabe et al., 2009; Chen et al., 2009). However, drifters are also susceptible
to meteorological and other oceanographic factors. A drifter consisting solely of a surface
float provides velocities and a trajectory that are a combination of surface advection, Stokes
drift and direct wind forcing (Phillips et al., 2013; Lumpkin et al., 2017). The effects of
wind on the trajectory of the drifters in Deep Cove were minimised as so little of the drifter
was visible above the water (Fig. 3.9), and by conducting the GPS drifter experiments
when wind speeds were low (Table 6.1).
In Deep Cove, the drifters did not measure lateral plume spreading. The mean nondimensional plume width was W/W0 ≈ 0.3 (Fig. 6.11) which indicates that the drifters
spanned a cross-plume distance that was significantly less than the initial plume width, W0 .
This is likely caused by a convergence of surface flow that concentrated the drifters in regions of high velocity within the centre of the plume (Hetland and MacDonald, 2008). The
enhanced entrainment of high density ambient water into the low density surface plume described in Chapter 4 created a strong horizontal density gradient at the base of the plume.
The corresponding horizontal baroclinic pressure component is greatest at 3 m, reaching
dPbc /dy = 1.5 s−1 at either side of the plume centreline, and weakest at 0.5 m below the
water surface (dPbc /dy = 10−5 s−1 ) (Fig. 6.12). The gradients show that the density and
pressure are greatest within the centre of the plume, at the base, where the mixing occurs.
Therefore, the dense water diverges and flows to where density and pressure are lower,
i.e., laterally, to the ambient outside the plume. The lateral velocity gradient (dv/dy) also
illustrates diverging velocities at 2.5 m below the surface (Fig. 6.8c). By continuity, the
near-surface water converges towards the plume centreline. This suggests that the trajectories of the GPS drifters, drogued to the upper 0.5 m, did not spread laterally due to this
near-surface flow convergence. Instead, the drifters were concentrated within the plume
core which resulted in an underestimation of the overall spreading rate. Nunes and Simpson (1985) showed that in a well-mixed estuarine channel with shoals on both sides, differential advection will produce baroclinically driven secondary circulation with midchannel
convergence at the surface and divergence near the bottom.
The horizontal spreading rate for a two-layer gravity current is

p
(g 0 H)/2 (Farmer

et al., 2002). In the near-field region of Deep Cove, the horizontal spreading rate equates
to ∼ 0.19 m s−1 for a plume depth of H = 3 m. With a mean along-channel plume
velocity of 0.8 m s−1 , the plume would take approximately 2400 s to propagate over the
3 km from the tailrace discharge point to the seaward end of Deep Cove. This equates to
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Figure 6.12: Horizontal baroclinic pressure gradient from within the plume layer at 0.5 m (blue), 1 m (orange), 2 m (yellow) and 3 m (purple) below the water surface. Vertical dashed lines illustrate the centre of the
plume, where dσt /dy = 0 at each depth. These measurements are from the mean lateral temperature transect
taken 0.2 km from the tailrace discharge point (Fig. 6.7a).

the plume spreading by ∼ 450 m over the 3 km. However, the estimates of plume width
from the control volume method showed that the plume increased in width from 105 to
240 m over the length of Deep Cove (db/dx = 0.045 m−1 , Fig. 6.11). The discrepancy
between the spreading rates could be attributed to the intense vertical mixing at the base of
the plume described in Chapter 5 which would reduce the density difference between the
surface plume and ambient which in turn slows lateral spreading.

6.5.2

Topographic influence on spreading

The trajectories of the GPS drifters highlight the proximity of the fjord sidewalls to the
mean plume flow (Fig. 6.5). The observed db/dx = 0.045 m−1 (Fig. 6.11) is significantly
less than the horizontal spreading rate for a two-layer gravity current (db/dx ≈ 0.19 m
s−1 ) (Farmer et al., 2002), and approximately one order of magnitude smaller the spreading rate of other coastal river plumes which tend to show radial expansion and splaying
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streamlines (Garvine, 1984; Hetland and MacDonald, 2008; Chen et al., 2009; Kilcher
et al., 2012). Coastal plumes generally exhibit a discharge perpendicular to the coast with
no lateral boundaries (Kourafalou et al., 1996; Yankovsky, 2000; Chen et al., 2009). The
larger spreading rates of these coastal plumes relative to the Deep Cove system implies that
the fjord sidewalls constrained lateral plume spreading.
A number of laboratory experiments have also found that the spreading rate of a plane
jet was lower when sidewalls were present (Deo et al., 2007; Alnahhal and Panidis, 2009).
Deo et al. (2007) examined the flow fields of a jet issuing from a rectangular nozzle with
and without sidewalls; the length of the potential core of a jet, defined as the distance from
the source to where the local centreline velocity was approximately equal to the mean exit
velocity, was greater with sidewalls than without. This implies a lower rate of near-field entrainment and therefore a lower spreading rate of the jet. The fjord sidewalls likely reduced
entrainment of the freshwater plume into the ambient which restricted lateral spreading of
the buoyant plume in the near-field region of Deep Cove.

6.5.3

Lateral dispersion

Empirical diffusion estimates indicate that lateral dispersion increased with distance from
the source, consistent with scale-dependent dispersion. Based on scale, the estimates of
lateral diffusion observed here are comparable to other plume inflows (Yankovsky, 2000;
Hunt et al., 2010; Holleman, 2013). Lines of best fit on both the diffusion diagram (Fig.
6.9) and plume width model (Fig. 6.10) yielded n = 1.38 ± 0.53 and n = 1.39 ± 0.35
respectively. The model results independently support the empirical dispersion coefficient
from the diffusion diagram. The comparable values of n indicate that, within statistical
certainty, n = 4/3. This motivates the analysis of dispersion first using turbulence theory.
6.5.3.1

Dispersion from turbulence theory

Fixing n = 4/3 in the shear-flow dispersion model, thus eliminating n as a fitting coefficient in Eqn. 6.5, gives β = 0.023 ± 0.002. This value of β is comparable to results from a
near-bed plume in coastal waters where β = 0.02 (Stacey et al., 2000) and β = 0.036 (Fong
and Stacey, 2003). The growth of the lateral dispersion coefficient can then be expressed in
1/3

the form of Eqn. 6.1 where α = βU/(12b0 ) (Roberts, 1999b). Observations from Deep
Cove calculated α = 0.044 cm2/3 s−1 . Observed α recommended by Fischer et al. (1979)
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was in the range 0.002 − 0.01 cm2/3 s−1 which is up to one order of magnitude lower than
observed here. The α observed in Deep Cove is also larger than the near-coastal plume
studies of Stacey et al. (2000) and Fong and Stacey (2003) who found that α = 0.0036 and
0.013 cm2/3 s−1 respectively.
If the scales of the plume fall within the inertial subrange prescribed by the similarity theory of turbulence, the observed α represents a scale for the turbulence dissipation
acting on horizontal dispersion, i.e., α ∝ 1/3 (Okubo, 1968). Elevated values of α have
been observed in regions of relatively strong turbulence (Jones et al., 2008). The turbulence dissipation rates in near-field river plumes are driven by shear-dominated mixing and
are significantly greater than  in the open ocean (Gregg, 1987; MacDonald et al., 2007).
The mean  > 10−3 W kg−1 observed in the near-field region of Deep Cove (Fig. 6.4f) is
comparable to the maximum values recorded in other near-field plume settings (MacDonald et al., 2007; McCabe et al., 2008; Kilcher et al., 2012). Therefore, the significant α
measured in the near-field plume in Deep Cove scales with the enhanced turbulent mixing
observed.
Irreversible turbulent dispersion describes scale-dependent dispersion. This assumes
that the plume scale lies within the inertial subrange so that the plume is dispersed by
three-dimensional turbulence structures. As the plume grows in scale, it is dispersed by
progressively larger eddies (Fong and Stacey, 2003). However, as the width of the plume
over the initial 3 km (b = 105 − 240 m) exceeds the vertical thickness of the surface layer
(h = 3 − 5 m), set by the strong stratification, the plume scales are likely to be outside of
the inertial subrange.
The mooring array in the March 2016 experiment (Fig. 6.1c) did not measure the evolution of the plume downstream of 0.5 km from the tailrace discharge point. Spectral analysis
was instead conducted on velocity observations from a near-surface mooring deployed approximately 1 km downstream of the tailrace discharge point during the September 2015
experiment, detailed in Chapter 5. The turbulence spectrum shows a relatively narrow inertial subrange which corresponds to periods between 6 and 17 mins (Fig. 6.13). At higher
frequencies, the spectrum contains more energy than predicted by the −5/3 slope. In the
surface layer of a stratified river plume, the largest eddies scale with the depth of the surface layer as illustrated in Chapter 5. Thus, the plume scale corresponds to f = 10−2 Hz
(Tennekes and Lumley, 1972) which does not fall within the inertial subrange. Hence, the
observed dispersion in the near-field plume region is not primarily the result of turbulence.
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Figure 6.13: Power spectral density measurements of the along-channel near-surface flow (z = 2 m) approximately 1 km downstream from the tailrace discharge point. The dotted lines indicate the inertial subrange
for turbulence and the −5/3 slope is shown as the dashed line. Variability lies within the 95% confidence
interval.

6.5.3.2

Shear flow dispersion

An alternative to turbulence-driven dispersion is shear flow dispersion which also yields
a 4/3 power law dependence (Fischer et al., 1979). Shear dispersion arises from vertical
mixing acting upon horizontally sheared flow (Taylor, 1953) and has been observed to be
an important mechanism of dispersion in lakes and the ocean (Stocker and Imberger, 2003;
Stevens et al., 2004; Moniz et al., 2014; Lanotte et al., 2016). The strong velocity shear on
either side of the plume centreline (du/dy = 10−2 s−1) highlights the presence of shear
layers between the plume interior and ambient surface layer (Fig. 6.8). These shear layers were most pronounced at 0.2 km from the tailrace discharge point and weakened with
distance downstream as the stationary ambient decelerated the plume. The combination of
both strong horizontal shear between the plume interior and ambient surface layer and the
enhanced vertical mixing within the surface layer ( > 10−3 W kg−1 ) (Fig. 6.4f) allows
for the existence of shear-flow dispersion (Young et al., 1982). The magnitude of the horizontal shear dispersion coefficient derived from Eqn. 6.6 was over 90% of the maximum
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dispersion coefficient from empirical estimates (Fig. 6.9). This suggests that horizontal
shear dispersion was a dominant mechanism responsible for the observed dispersion.
The GPS surface drifters were drogued to the upper 0.5 m thus not influenced by vertical
shear dispersion. However, vertical velocity shear within the plume can be approximated
from the velocity gradient between the mean drifter surface speed and the stationary ambient water below 5 m. Velocity shear was generally greatest immediately after deployment
(du/dz ≈ 0.23 s−1 ) and decreased with distance from the tailrace discharge point (Fig.
6.14). Minimum du/dz = 10−2 s−1 occurred over 1.5 km downstream from the source.
The uncertainty limits were relatively large due to the high-frequency variability in the velocity field and the shear estimates tended to fall within these limits. The du/dz values
here are comparable to vertical shear measurements in other strongly sheared river plume
systems (McCabe et al., 2009; Nash et al., 2009).

Figure 6.14: The evolution of mean vertical shear (du/dz) with distance from the tailrace discharge point
for each drifter experiment. Along-channel velocity (u) was estimated using the GPS drifters and dz = 5 m.
Uncertainty limits for the 06 March experiment are shown (dashed lines). The calculation was stopped when
fewer than three drifters could be averaged.

Estimates of vertical diffusion were two orders of magnitude smaller than average Ky
and contributed to less than 5% of the total empirical diffusion coefficient. This suggests
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that while the enhanced vertical shear drove turbulent mixing within the surface layer,
vertical shear dispersion did not significantly contribute to the lateral dispersion of the
plume. The presence of boundaries and stratification restricts vertical dispersion (Ralston,
2005) and the observed N 2 = 10−1 s−2 at the base of the plume (Fig. 6.4e) is amongst
the highest recorded in the coastal ocean. This suggests that the strong salinity-induced
stratification limits the effects of vertical shear dispersion in the surface layer. This result
agrees with experiments in lakes, on the continental shelf and in the open ocean which
found that vertical shear dispersion is considerably less important than horizontal shear
as a mechanism of lateral dispersion (Stevens et al., 1995; LaCasce and Bower, 2000;
Sundermeyer and Ledwell, 2001; Lanotte et al., 2016).

6.6

Summary

This study presents estimates of the lateral spreading rate of a near-field buoyant plume
discharged into the head of a fjord. Direct measurements were obtained from GPS surface
drifters and cross-plume hydrographic data, and compared with the control volume derived
estimates of plume width from Chapter 4. The results showed good agreement between the
control volume method estimates and lateral vessel transects of temperature and velocity
fields. The plume spread laterally at a rate of db/dx = 0.045 m−1 as it propagated seaward
from the tailrace discharge point to 3 km downstream as a result of a strong baroclinic
pressure gradient at the base of the plume which caused lateral flow divergence. The surface
drifters were concentrated in regions of high velocity in the plume core by a near-surface
convergence of flow and therefore, underestimated the spreading rate over the initial 2 km.
The observed lateral spreading of the buoyant plume was likely to have been restricted by
the fjord sidewall boundaries. A numerical simulation comparing the spreading rate of a
near-field plume both with and without sidewalls would better resolve the influence of the
topography on lateral transport.
Empirical diffusion estimates indicated that lateral dispersion increased with distance
from the source, consistent with scale-dependent dispersion. A plume width model and
shear flow dispersion model independently corroborated the 4/3 law of dispersion. The
plume scale did not fall within the inertial subrange which indicates that the observed
scale-dependent dispersion was not primarily the result of large scale turbulence. The combination of strong horizontal shear between the plume interior and ambient surface layer
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and enhanced vertical mixing within the surface layer results in horizontal shear dispersion
which also yields a 4/3 power law dependence (Fischer et al., 1979). Shear was a driving
mechanism for lateral dispersion and horizontal shear dispersion was responsible for over
90% of total diffusion within the surface layer.
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Chapter 7
Synthesis
7.1

Structure, dynamics and mixing processes

The overarching aims of this thesis were to characterise the governing dynamics and mixing processes in the near-field region of a buoyant river plume discharged into a coastal
environment. These objectives were addressed with observations from two comprehensive
field campaigns. The field experiments were designed and executed to quantify the dynamics in the near-field region of a controlled freshwater tailrace which carries discharge into
the head of Doubtful Sound; Deep Cove.
The upper water column in Deep Cove was highly stratified with a well-mixed 2 − 3
m thick freshwater surface layer above a sharp density interface and relatively stationary
oceanic ambient below 5 m. This equates to a vertical difference of σt ≈ 28 kg m−3 over
the upper 10 m of the water column. The buoyant river plume flowed at speeds exceeding 2
m s−1 and was confined to the surface layer by strong salinity-induced stratification (N 2 =
10−1 s−2 ) in the pycnocline. The depth and velocity of the plume layer was influenced
by both the tailrace discharge and tidal amplitude. Peaks in surface velocity and plume
thickness occurred when tailrace discharge rates increased and during the ebb tidal phase.
The balance of a momentum budget describes the influence of the governing dynamics
on near-field plume structure. High-resolution hydrographic and turbulence observations
were combined with a control volume method to quantify the components of a momentum
budget in the near-field plume region. Direct estimates of internal stress were made from
measurements of turbulence dissipation using vertical microstructure profiles. Within the
plume layer, a dynamical balance existed. The balance illustrated that the turbulence stress
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divergence controlled the deceleration of the plume as far as 3 km from the discharge point.
The internal stress was driven by shear-induced mixing within the shear-stratified layer;
turbulence governed plume deceleration by entraining low-momentum ambient water into
the fast-flowing surface layer. Therefore, turbulent mixing had a significant impact on the
overall plume structure and momentum of the flow.
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Figure 7.1: Schematic representation of the findings of this thesis. An along-channel momentum budget
in the near-field plume region is quantified over a control volume (V). The plume is the blue shaded box
fed by inflow Q, advected downstream with a velocity u. The increasing width of the plume is b and the
thickness of the plume is h, defined by the depth of the maximum N 2 profile. Vertical profiles of sigma-t (σt ),
along-channel velocity (u) and turbulence stress (τ ) illustrate the near-field vertical structure. The baroclinic
(Pbc ) and barotropic (Pη ) components of pressure are indicated and the vertical entrainment velocity (w)
is shown. Turbulent mixing between the plume and ambient is highlighted with the most intense mixing
near the discharge point. Internal waves (IWs) propagate from the front of the plume along the base of the
pycnocline.

Turbulent mixing within the plume was quantified using direct turbulence measurements in both Eulerian and quasi-Lagrangian perspectives and turbulent overturn analysis.
Enhanced turbulence dissipation rates were observed within the surface plume. The highest
turbulence dissipation rates were found in the region nearest the discharge point with maximum  > 10−2 W kg−1 observed within the initial 500 m. Mean surface layer  = 10−3 W
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kg−1 over the initial 1 km and farther downstream,  decreased by approximately one order
of magnitude with every 1 km from the tailrace exit. Turbulent overturning (Thorpe) scales
within the plume were no greater than the depth of the surface layer (LT = 10−2 −10−1 m),
overturns were dampened in the pycnocline where N 2 was greatest and the largest LT were
measured in the ambient below, reaching a maximum size of LT = 7.9 m. The vertical
extent of the measured LT in the surface layer were limited by the strong stratification at
the base of the plume and the water surface.
Thorpe scales were used to indirectly determine turbulence dissipation rates. Below the
pycnocline where N 2 = 10−3 s−2 , estimates of  derived from Thorpe scales compared
relatively well to the equivalent  from direct microstructure measurements. In the surface
layer however, the Thorpe scale method significantly under-estimated . The boundary layers limited the size of LT in the surface plume which then limited the maximum dissipation
rate that could be inferred from turbulent overturn analysis.
Internal waves also facilitated horizontal and vertical mixing of the plume water with
the ambient. The plume transitioned from a supercritical (F ri > 1) to sub-critical (F ri <
1) flow regime approximately 1 km downstream of the tailrace discharge point. The transition induced an internal hydraulic jump and a subsequent release of internal waves. The
power dissipated across a hydraulic jump was equivalent to over 30% of the energy within
the shear-stratified interface and the internal waves transported approximately 65% of the
total energy out beyond the plume’s boundaries. The redistribution and dissipation of momentum in the shear-stratified interfacial layer by these processes resulted in an imbalance
of the momentum budget in the interface; therefore, the momentum balance in the interface
was not obtained.
The influence of the plume spreading component on the momentum budget was relatively weak. Direct measurements of plume spreading obtained from cross-plume hydrographic data compared well with the control volume method derived estimates. The results
showed that the plume spread laterally (db/dx = 0.045 m−1 ) over the 3 km from the tailrace discharge point, driven by a strong baroclinic pressure gradient at the base of the plume
which caused lateral flow divergence. GPS surface drifters were concentrated in regions
of high velocity in the plume core by a near-surface convergence of flow and therefore
underestimated the spreading rate over the initial 2 km. The observed lateral spreading of
the buoyant plume was likely to have been restricted by the fjord sidewall boundaries that
reduced entrainment of the freshwater plume into the ambient.
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Empirical diffusion estimates indicated that lateral dispersion increased with distance
from the source, consistent with scale-dependent dispersion. The lateral dispersion coefficient ranged from Ky = 1.44 − 14.08 m2 s−1 up to a distance of 700 m downstream of
the tailrace discharge point. The combination of strong horizontal shear between the plume
interior and ambient surface layer (du/dy = 10−2 s−1 ) and enhanced vertical mixing resulted in horizontal shear dispersion. Both a plume width model and analytical shear flow
dispersion model independently corroborated the field-measured 4/3 power law. Shear was
determined to be a driving mechanism for lateral dispersion and horizontal shear dispersion
was responsible for over 90% of total diffusion within the surface layer.

7.2

Relevance to near-field river plume dynamics

The observations from Deep Cove are relevant to the dynamics in the near-field region of
other shear-stratified flows. The deep, narrow and sheltered fjord basin is an ideal largescale natural process laboratory in which to examine aspects of near-field plume dynamics,
specific to highly sheared and stratified systems. The freshwater tailrace discharge generates Reynolds numbers that are not reproducible in the laboratory (Re ∼ 104 ) but are
relatively common in river flows (Kay and Jay, 2003; Geyer et al., 2010).

7.2.1

Near-field water column structure

The behaviour and evolution of a plume discharged into coastal conditions are determined
by the buoyancy difference between the freshwater inflow and the ambient and the momentum imparted by the discharge (Jurisa et al., 2016), which in coastal environments are
significantly greater than in the open ocean. In the near-field region of Deep Cove, surface
flow speeds exceeding 2 m s−1 were comparable to the maximum outflow velocity of the
Columbia River (Nash et al., 2009; Kilcher and Nash, 2010) and the Fraser River (MacDonald and Geyer, 2005; Tedford et al., 2009). However, the high inflows of Q = 17, 000
and 10, 000 m3 s−1 recorded for the Columbia (McCabe et al., 2009) and Fraser River
respectively (MacDonald and Horner-Devine, 2008) are at least two orders of magnitude
greater than the maximum Q = 550 m3 s−1 in Deep Cove (Table 7.1). Studies of other river
plumes of a comparable size to the tailrace inflow, such as the Merrimack and Connecticut
River, exhibit mean flow rates generally half the speed of the buoyant plume observed in
Deep Cove (O’Donnell et al., 2008; Chen et al., 2009).
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Regardless of flow rates, strong salinity-induced stratification in the pycnocline (N 2 =
10−1 s−2 ) was approximately one order of magnitude greater than N 2 observed in the Hudson and Columbia Rivers during periods of large freshwater flux (Peters, 1997; HornerDevine, 2009; Jurisa et al., 2016). This combination of high velocities and strong stratification results in active turbulent mixing of the plume and ambient waters (Geyer and
Smith, 1987). Average  = 10−3 W kg−1 in the near-field region of Deep Cove is over an
order of magnitude larger than maximum estimates of  measured in other river plumes of
a comparable size to the tailrace inflow such as the Merrimack River (MacDonald et al.,
2007, 2013), Connecticut River (O’Donnell et al., 2008) and Hudson River estuary (Peters
and Bokhorst, 2000). The mean  in the near-field of Deep Cove is instead comparable to
the highest value recorded in other much larger river plume settings such as the Columbia
River (MacDonald et al., 2007; McCabe et al., 2008; Kilcher et al., 2012). Therefore, the
tailrace discharge into Deep Cove exhibits flow properties that are comparable to much
larger river systems and the near-field region is amongst the most strongly stratified and
turbulent in coastal regimes (Table 7.1).
Table 7.1: Comparison of Characteristic Properties of River Plume Systemsa

River
Deep Cove
Columbia

Fraser
Merrimack
Connecticut

Hudson

Q (m3 s−1 )
420
6,000
5,000
4,000
4,000
12,000
Jurisa et al. (2016)
3,000
MacDonald and Geyer (2004) 7,500
MacDonald et al. (2007)
1,260
MacDonald et al. (2013)
300
O’Donnell et al. (2008)
1,192
Holleman et al. (2016)
300
Geyer et al. (2017)
200
Peters (1997)
100
Peters and Bokhorst (2000)
300

Study
Chapter 5
Kay and Jay (2003)
Orton (2005)
Nash et al. (2009)
Kilcher et al. (2012)

a

N 2 (s−2 )
10−1
10−3
10−2
10−3
10−3
10−2
10−3
10−2
10−2
10−3
10−2
10−2
10−2
10−2
10−3

 (W kg−1 )
10−2
10−4
10−3
10−3
10−4
10−4
10−4
10−3
10−4
10−4
10−5
10−4
10−4
10−5
10−5

Comparison of river discharge (Q), stratification (N 2 ) and maximum turbulence dissipation rates () observed in the near-field region of the system studied in this thesis and river
plumes elsewhere.
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7.2.2

Plume dynamics and mixing processes

Time-variable discharges modify the near-field vertical density structure of river plumes
(Yankovsky et al., 2001; Horner-Devine, 2009; McCabe et al., 2009). In Deep Cove, the
variability in the tailrace inflow rate mimicked the pulsed, event-driven discharges observed
in other major New Zealand rivers and elsewhere (Poff et al., 1997; MacDonald and Geyer,
2004). The results presented in Chapter 5 showed that the depth and velocity of the plume
layer in the near-field was influenced by both the tailrace discharge and tidal amplitude.
Peaks in surface velocity and plume thickness occurred when tailrace discharge rates increased and during the ebb tidal phase. These results have been observed in other river
plumes, where high temporal changes in flow and tidal pulsing influenced vertical structure (Yankovsky et al., 2001; McCabe et al., 2009; Kilcher et al., 2012; O’Callaghan and
Stevens, 2015). Transient forcing impacts the near-field structure and behaviour of the
plume which ultimately propagates into the coastal ocean.
In the near-field plume region, the high inflow velocities and momentum surplus results
in active turbulent mixing of the plume and ambient waters (Geyer and Smith, 1987). The
enhanced turbulent mixing generally observed close to the river source impacts the density
structure and momentum of the flow (MacDonald et al., 2007; Hetland and MacDonald,
2008; Kilcher et al., 2012). The near-field momentum budget quantified in Chapter 4 described a balance where shear-driven turbulent interfacial stress was the primary driver of
plume deceleration. This balance of terms has been previously observed in the near-field
region of the Columbia River where stress divergence played a fundamental role in the initial deceleration of the plume (McCabe et al., 2009; Kilcher et al., 2012). The budget in
Chapter 4 was resolved by direct observations thus more accurately represents the plume
dynamics and their role in determining near-field plume structure and evolution.
Internal waves are released from a river plume when the flow transitions from a supercritical to subcritical flow regime (Nash and Moum, 2005; Jay et al., 2009). Internal waves
transfer energy gained from the front offshore and facilitate horizontal and vertical mixing
(Pan and Jay, 2008). In Deep Cove, this transition in flow regime occurred within the
initial 1 km from the tailrace discharge point as illustrated in Chapter 4. The internal waves
subsequently generated were capable of transporting approximately 65% of the total energy
out beyond the plume’s boundaries. Internal waves are frequently observed propagating
away from the Columbia River plume front and can expand the plume area up to 20% and
carry 70% of the total energy beyond its bounding front (Nash and Moum, 2005; Pan et al.,
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2007; Horner-Devine et al., 2009; Jay et al., 2009). The internal wave transport observed in
the Columbia River and quantified in Chapter 4 highlights the importance of internal wave
generation as an energy dissipation process in riverine systems.
The principal difference between the tailrace discharge into the fjord and coastal plumes
more generally derives from the topographic setting. Wind forcing and ambient coastal
currents can influence near-field plume structure and behaviour (Yankovsky, 2000; Kilcher
and Nash, 2010; Kakoulaki et al., 2014). The plume in Deep Cove is sheltered from these
meteorological and additional oceanographic factors by Secretary Island which lies at the
seaward end of Doubtful Sound. Knowledge of the physical processes obtained from the
ideal setting of Deep Cove can help to develop an understanding of the way similar processes work in the coastal ocean.
Lateral plume spreading is an important component of the transport process and momentum budget (Luketina and Imberger, 1987; Anderson et al., 2005). The steep fjord
sidewalls suppress lateral spreading both topographically and by reducing entrainment of
the freshwater plume into the ambient as discussed in Chapter 6. The lateral spreading
rate of the plume in the initial 3 km from the tailrace discharge point is approximately one
order of magnitude smaller than the spreading rate of other coastal river plumes (Garvine,
1984; Hetland and MacDonald, 2008; Chen et al., 2009; Kilcher et al., 2012). Coastal
plumes generally exhibit a discharge perpendicular to the coast with no lateral boundaries
(Kourafalou et al., 1996; Yankovsky, 2000; Chen et al., 2009). The mechanisms responsible for the observed near-field plume spreading in Deep Cove cannot be directly compared
with other river plumes.
Notwithstanding the topographical implications for near-field lateral plume spreading,
the similarities between the governing dynamics in the near-field region of both Deep Cove
and river plumes more generally showed that, in many ways, fjord-river interactions can
inform coastal river plume situations.

7.3

Contribution of this thesis

The dynamics and mixing processes observed in the near-field plume region of Deep Cove
have wide applicability to other estuarine and coastal systems, as well as other energetic,
shear-stratified flows. The most significant implications of this thesis can be summarised
as follows.
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7.3.1

Development of the control volume method

The control volume technique was first applied by MacDonald and Geyer (2004) to obtain
estimates of the vertical structure of turbulent transport quantities in the near-field region of
the Fraser River. The method was then validated by Kilcher et al. (2012) in the Columbia
River plume. Typically, the control volume method is used to indirectly quantify turbulence due to the expensive nature of collecting data at microscale resolution (MacDonald
and Geyer, 2004; Chen and MacDonald, 2006; McCabe et al., 2008). However, a sufficient
number of direct measurements are necessary due the intermittency and heterogeneity of
the turbulent field (MacDonald et al., 2013) and errors can develop in control volume assumptions (MacDonald and Geyer, 2004; Kilcher et al., 2012). The control volume method
was advanced in Chapter 4 by estimating the turbulence stress component of the momentum budget from the direct measurements of  using the vertical microstructure profiles.
This more accurately represents the mechanics of turbulent mixing within the budget and
better resolves the influence of turbulence stress in determining near-field plume structure.

7.3.2

The importance of internal waves

Internal waves are released during the transition from a supercritical to sub-critical flow
regime (Jay et al., 2009). As the discharges of rivers are inherently temporally variable
(Poff et al., 1997), the flow variability leads to the frequent occurrence of internal waves
in coastal river plumes. Internal waves released from a river plume can influence vertical mixing and impact the interaction of the plume with both near- and far-field ambient
waters (Nash and Moum, 2005; Pan et al., 2007). In the Columbia River plume, internal
waves can carry 70% of the total energy out beyond the plume’s boundaries (Pan and Jay,
2008). Therefore, internal wave generation plays an important role in the energy dissipation process. However, the influence of internal waves in redistributing and dissipating
momentum have not yet been included in a near-field plume momentum budget (MacDonald and Geyer, 2004). In Chapter 4, the role that internal waves play in transporting energy
away from the shear-stratified interfacial layer was quantified. The result highlights the importance of considering internal waves as a highly dissipative process when evaluating the
dynamical balance of a momentum budget in a highly stratified near-field plume system.

124

7.3.3

Direct measurements of turbulence dissipation at the river source

Quantifying the influence of turbulence on plume dynamics has improved understanding of
the mechanisms responsible for mixing in estuaries and river plumes (Smyth and Moum,
2000; Geyer et al., 2010; Stacey et al., 2011). The most intense turbulence and mixing
within the plume occurs in the region near the river discharge point (Luketina and Imberger, 1989; McCabe et al., 2008). However, numerical models and second moment closure schemes struggle to resolve turbulence and other important turbulent transport quantities for energetic shear-stratified flows (MacDonald et al., 2007). Therefore, direct measurements of turbulence dissipation rates in high-energy regimes are necessary to quantify
the turbulent field and relate mixing processes to other dynamics. Observations of turbulent mixing in Chapter 5 indicate that the near-field river plume setting is one of the more
turbulent marine environments observed. The direct measurements of  represent the significance of the shear-dominated mixing in the near-field plume region which relates to the
balance of the momentum budget in Chapter 4.

7.3.4

Estimating turbulence dissipation rates from Thorpe scales

Stratified-shear flows generate overturn structures (Smyth and Moum, 2000) which can be
used to quantify turbulence when direct measurements cannot be obtained. Thorpe scales
(LT ) are often used to indirectly estimate , provided that LO and LT are proportional (Dillon, 1982; Wesson and Gregg, 1994; Ferron et al., 1998; Stansfield et al., 2001). As a directly measured quantity, Thorpe scales relate physically to the boundaries and limitations
of the environment unlike LO which are inferred and not subject to the same constraints.
Therefore, the shallow and strong pycnocline in buoyant river plumes can act as a boundary and is likely to influence LT . The relationship between LT and the plume boundaries
was examined in Chapter 5. The results showed that the physical constraint on the size
of LT limited the maximum dissipation rate that could be inferred. Therefore, Thorpe
scales can be used to indirectly determine  in weakly stratified coastal environments; however, caution must be taken when conducting turbulent overturn analysis to estimate  in a
stratified-shear flow where boundary layers limit the size of turbulent overturns.
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7.4

Future work

While this thesis has provided an enhanced understanding of the dynamics and processes
in the near-field region of river plumes, as well as shown that fjords are ideal settings in
which to study such processes, a number of issues remain unresolved.

7.4.1

Impact of variable inflow on plume dynamics

Varying permutations of wind forcing, tides and freshwater inflow determine the near-field
river plume structure including the thickness, velocity, and energy dynamics of the plume
(Yankovsky et al., 2001; Horner-Devine, 2009; McCabe et al., 2009). Variable inflows
can induce hydraulic jumps which rapidly destabilise vertical stratification and result in
significant energy dissipation (O’Callaghan and Stevens, 2015). The influence of variable
tailrace discharge rates on plume thickness and velocity was determined in Chapter 5; however, the impact of time-variable inflows on the momentum and dynamics of the near-field
river plume remains unclear. A momentum budget utilising transient inflows could enhance
the dynamical understanding of the processes that modify near-field plume structure and
regulate mixing.

7.4.2

Lateral spreading

The spatial and temporal evolution of a plume immediately after discharge is controlled by
a complex and poorly understood relationship between vertical mixing of the plume with
ambient water and spreading of the plume in the lateral direction (Hetland, 2005; Hetland
and MacDonald, 2008; MacDonald and Chen, 2012). Plume spreading and the relationship between spreading and mixing have been examined from direct measurements using
hydrographic surveys and GPS drifters (McCabe et al., 2008; Chen et al., 2009). However,
surface drifters are not subject to vertical shear which can be a significant mixing process
in the near-field of buoyant plumes as demonstrated in Chapter 5 (MacDonald et al., 2007).
Tracers include spreading due to vertical shear dispersion (Stocker and Imberger, 2003).
Several direct measurement techniques of plume spreading were obtained in Chapter 6.
The GPS surface drifters underestimated the spreading rate over the initial 2 km. A more
robust estimate of lateral spreading and its relationship to plume mixing could be examined
by releasing a dissolved tracer at the tailrace discharge point.
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Lateral plume spreading is suppressed when sidewalls are present by reducing entrainment of the freshwater plume into the ambient (Deo et al., 2007; Alnahhal and Panidis,
2009). The impact of lateral boundaries on plume spreading was discussed in Chapter
6. A 3D theoretical model of the plume in both a laterally constrained and unconstrained
domain could be developed to fully examine the role that the fjord sidewalls had in suppressing lateral plume spreading. This includes the development of CORMIX3 to more
accurately predict the discharge properties of a highly energetic buoyant plume in a laterally bounded domain. An improved understanding of the physical forces that govern the
lateral plume spreading in Deep Cove would better characterise the dynamics that govern
near-field plume structure.

7.4.3

Far-field dynamics

The impact and fate of the freshwater and related material discharged into the coastal ocean
by river plumes are controlled by the numerous physical processes which influence the
plume close to the river mouth (McCabe et al., 2009). Accurate predictions of the ultimate
fate of the riverine waters and related material require an understanding of the near-field
plume dynamics. The dynamics and mixing processes in the initial 3 km from the tailrace
discharge point has been the focus of this thesis. The vertical density structure and behaviour of the far-field plume could be determined by utilising the stationary instrumented
mooring deployed to the south of Elizabeth Island, approximately 5 km downstream of
the tailrace discharge point. Combining the observations in both near and far-field regions
would better relate local inflow to the larger scale coastal environment.
Ultimately, a greater understanding of the dynamics of the near-field region of the buoyant plume discharged into Deep Cove does not preclude the system from further study. On
the contrary, it provides a more controlled setting to study specific aspects of near-field
plume dynamics both at plume and at turbulent scales, under highly energetic conditions.
The Deep Cove freshwater plume will continue to serve as an ideal natural laboratory, even
as the body of knowledge about the system is increased.
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Appendix A
VMP sampling angle
A.1

Turbulence spectra

Shear probes are designed to move axially (θx = 0◦ ) through the water and use potential
flow theory to measure the hydrodynamic lift force induced by the turbulent flow (Lueck,
2015). When mounted on a vertical profiler, the sensors measure the vertical gradient of
each component of horizontal flow, specifically ∂u/∂z and ∂v/∂z from which  can be
derived by integrating the shear wavenumber (k) spectra (Osborn, 1974) (Fig. A.1).
As  increases however, the viscous subrange extends to larger k and, because sampling
frequency and signal noise limits the resolution of high k, only part of the full variance is
resolved at high . The shear spectra is then fitted with an expected form over the resolved
portion of the viscous subrange, the empirical Nasmyth spectrum (Oakey, 1982), and high
values of  are estimated from this model spectrum (Bluteau et al., 2016). For  > 10−4 W
kg−1 , the roll-off of the viscous subrange is not present and the Nasmyth spectrum is fitted
to the inertial subrange of the shear spectra (Fig. A.1). Thus, an accurate representation of
the shear spectra at higher wavenumbers is not critical. For example, the peak  measured
in the Strait of Gibraltar ( = 10−2 W kg−1 ) was obtained by fitting the Nasmyth spectrum
to the inertial subrange of the spectrum (Wesson and Gregg, 1994).

A.2

Sampling angle

When the instrument moves vertically through the water (θx = 0◦ ) the total velocity relative
to the shear probe (U ) is a vector sum of the mean axial velocity, namely the instrument rise
128

Figure A.1: Example wavenumber spectra of velocity shear demonstrating the fitting of empirical spectra
to estimate varying intensities of . The solid black lines are the empirical Nasmyth spectra for  = 7 ×
10−3 , 9 × 10−6 and 5 × 10−9 W kg−1 from top to bottom respectively. The black stars are the limit of
integration used to make the initial estimate of the TKE dissipation rate. They indicate the upper bound used
in integrating the spectra which is the maximum wavenumber not significantly affected by signal noise or
instrument vibration.

speed (Wp ), and the total cross-stream velocity (ur = up + u0 ) where up is the mean plume
velocity and u0 is the turbulent velocity component, which induces an angle of attack (α)
(Fig. A.2a). It is commonly assumed that α should be less than 20◦ for the shear probes to
respond linearly to cross-stream velocity fluctuations (Osborn and Crawford, 1980), though
Lueck et al. (2013) deems the limit ‘conservative’. This means that Wp should be more than
3 times larger than the magnitude of the peak cross-stream fluctuations.
However, in the near-field region of Deep Cove there is a sharp velocity gradient between the plume and ambient below (Fig. A.4a). The mean cross-stream velocity (up ≈ 1
m s−1 ) at the base of the plume advects the rising instrument downstream while the bulk of
the VMP remains in the stationary ambient below. This causes the VMP to slow its ascent
(Fig. A.3) and simultaneously tilt relative to the mean axial velocity (Fig. A.4b). A change
in θx influences the size of α, distorting the vertical velocity gradients measured by the
sensors (Fig. A.2c). Care must then be taken when interpreting dur /dz at the base of the
plume, where maximum θx is observed, due its effect on α. Estimates of  at the plume
129

Wp

U = Wp .u'

U = Wp .u r

U = Wp .ur
ur

ur

u'

Wp < u r

Wp > u'

Wp < ur

=0

=0

>0

< 20

> 20

> 20

z

z

z
a

ur

ur

u'

shear
probe

b

c

Figure A.2: A simplified schematic of the mean flow relative to the rising air-foil shear probe. The profiler is
(a) rising vertically (θx = 0◦ ) and mean cross-stream flow is less than the rise speed (Wp > u0 ) where up = 0
hence α < 20◦ , (b) rising at θx = 0◦ and mean cross-stream flow is greater than the rise speed (Wp < ur )
where ur = up + u0 , and α > 20◦ , and (c) initially rising at θx = 0◦ but tilting over time (θx > 0◦ ) and
Wp > ur thus α > 20◦ . A simplified illustration of the component of vertical velocity measured by the shear
probe is included to the left of each probe.

base are thus referred to as ‘apparent’ turbulence dissipation rates. However, the increase
in θx spans a relatively short vertical distance (Fig. A.3) and the VMP stabilises (θ → 0◦ )
when the bulk of the instrument rises into the surface layer (Fig. A.4b).
Additionally, if ur is greater than Wp , the trajectory of the profiler is influenced by
the strong horizontal forcing (Fig. A.2b). The horizontal flow does not affect θx if ur is
depth-independent, as the instrument is instead translated horizontally, however the shear
probes then measure an non-axial dur /dz which may also influence the resultant  estimate.
Caution is then warranted in the interpretation of  in regions of high mean flow (ur > Wp ),
regardless of the orientation of the profiler.
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Wp

shear
probes

Figure A.3: (Top) Illustrative schematic of the path of the uprising VMP and (below) example time series of
profiler rise speed Wp (m s−1 ), tilt θx (◦ ), shear squared S 2 (s−2 ) and TKE dissipation rate  (W kg−1 ), from
top to bottom. The mean cross-stream plume flow is ur . The σt profile on the right illustrates the maximum
N 2 found at the base of the plume (z = h). The location of the maximum (circles) and minimum (triangles)
values over the time series are indicated on each profile. The black box indicates the duration of time that the
instrument tilts due to velocity gradient.

A.3

Implications for measuring  in a highly sheared environment

It is important to ascertain if  is incorrectly estimated due to α exceeding the shear probe
limitations or if the high  values are representative of the turbulent mixing within the
surface layer. The instantaneous α cannot be estimated from the shear spectra (Lueck et al.,
1997) thus θx can be used as an indicator of shear. Comparing θx to the corresponding 
shows that increasing the tilt of the profiler relative the vertical, and thereby altering α,
does not correspond to an increase in measured  (Fig. A.5). Though lower  estimates,
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Figure A.4: (a) Mean velocity profile of near-field region, and (b) comparison between instrument rise speed
(Wp ) and tilt (θx ) with respect to depth. The black box at 2 m highlights the region in which maximum θx is
observed. Profiles were taken from the sampling location closest to the tailrace discharge point and vertically
averaged over 0.1 m

ranging from  = 10−10 − 10−6 W kg−1 , are typically identified over 0 < θx ≤ 11◦ ,
there is no significant correlation between θx and higher  ≥ 10−5 W kg−1 . When the
measured θx > 20◦ ,  ≈ 10−4 W kg −1 (Fig. A.5). These values of  for high θ are at least
one order of magnitude smaller than the maximum turbulence dissipation rates observed
( ≈ 10−2 W kg−1 ). These maximum  are typically found within the surface layer (e.g.,
Fig. 5.4) and not at the base of the plume where θx is greatest. This suggests that the
high turbulence dissipation rates measured are an accurate representation of the substantial
turbulent intensity in the near-field region.
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Figure A.5: Microstructure (VMP) bulk  estimates as a function of the pitch of the profiler (the angle of the
profiler from the vertical, θx ) from one series of six individual deployments taken downstream of DCB in
the near-field. The dashed line at θx = 20◦ shows the limit over which the data was filtered for the analysis
conducted in Chapter 5.
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Appendix B
Metadata
This chapter contains the metadata from all the instrumentation used in both the September
2015 and March 2016 field campaigns. All times are recorded in NZST (UTC offset +12
hours for September and +13 hours for March) and dates are in (YYYY-MM-DD) format.

B.1

Instrumentation summary

Table B.1 lays out all the oceanographic instrumentation used in both field campaigns and
the sampling rate. This includes the instrumentation for the moorings, the vessel-mounted
instruments and turbulence profilers.

B.2

Mooring locations

The location of the moorings deployed in Deep Cove and by Elizabeth Island are illustrated
in Fig. 3.4, 4.1 and 5.1. The mooring coodinates, deployments and recovery times are
outlined in Table B.2.

B.3

Mooring arrays

The configuration of instrumentation for each mooring array in both September 2015 and
March 2016 are described in Table B.3.
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Table B.1: Summary of Instrumentation Deployed in September 2015 and March 2016

Instrument
Velocimeter
RDI ADCP
SBE 37-SMP
RBRconcerto
SBE 56
RBR TR1050
RBRsolo
EK60
VMP 250
Scamp
GPS drifters

Instrumentation Summary
Measurement Type
Velocity
Velocity
CTD
CTD
Temperature
Temperature
Temperature
Backscatter
Microstructure
Microstructure
Velocity
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Sampling Rate
1 Hz
600/1200 kHz
0.1 Hz
5 HZ
1 Hz
1 Hz
2 Hz
600 kHz
512 Hz
100 Hz
1 Hz

B.4

Microstructure profilers

The sensors that each turbulence profiler was equipped with and their sampling rates are
outlined in Table B.4. Details of each Scamp/SUCA deployment are also included in Table
B.5.

B.5

Vessel-mounted instrumentation

The vessel-mounted instrumentation used in Chapter 4 and Chapter 6 are described in Table
B.6.

B.6

GPS drifter experiments

The deployment and retrieval information for each of the GPS surface drifter experiments
in Chapter 6 are included in Table B.7.
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Lat
Lon
Depth (m)
Start Time
Stop Time

Lat
Lon
Depth (m)
Start Time
Stop Time

DSA
45.4635 S
167.16126 E
30
2016-03-05 10:20:00
2016-03-07 14:10:00

Mooring Locations March 2016
DSB
DSC
45.46118 S
45.45921 S
167.16073 E
167.159.45 E
90
90
2016-03-06 10:46:00
2016-03-05 11:15:00
2016-03-15 16:38:00
2016-03-15 13:12:00

Mooring Locations September 2015
DCA
DCB
DCC
45.457 S
45.447 S
45.4385 S
167.157 E
167.145 E
167.132 E
90
100
110
2015-09-03 13:51:00
2015-09-03 13:21:00
2015-09-03 16:42:00
2015-09-10 09:44:00
2015-09-10 09:35:00
2015-09-09 17:06:00

Table B.2: Mooring Locations for the Field Campaigns

DSD
45.4229 S
167.1162 E
140
2016-03-06 09:07:00
2016-03-15 13:10:00

DCD
45.424 S
167.16 E
140
2015-09-03 15:20:00
2015-09-09 16:39:00
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Depth (m)
0.5
1
1.5
2
2.5
3
4
5
6
10

DCA
Velocimeter
SBE 37-SMP
RBR TR1050
SBE 56
SBE 56
RBR TR1050
RBR TR1050
RDI 1200kHz

Mooring Instrumentation September 2015
DCB
DCC
Velocimeter
Velocimeter
SBE 37-SMP
SBE 37-SMP
SBE 56
SBE 56
SBE 56
SBE 56
SBE 37-SMP
SBE 56
SBE 56
SBE 56
SBE 56
RBR TR1050
SBE 56
RDI 1200kHz
RDI 600kHz

Table B.3: Mooring Array Configuration for Field Campaigns

DCD
SBE 37-SMP
RBR TR1050
SBE 56
SBE 56
SBE 37-SMP
SBE 56
RBR TR1050
RBR TR1050
RDI 600kHz
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Depth (m)
0.5
2
2.7
3
3.2
3.4
3.8
3.9
4
4.2
5.2
5.4
5.6
6.2
6.35
6.5
7.5
9.3
9.5
10
20
21
35
39
41

DSA
Velocimeter
SBE 37-SMP
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
RDI 1200kHz
SBE 56
-

Mooring Instrumentation March 2016
DSB
DSC
Velocimeter
Velocimeter
SBE 37-SMP
SBE 37-SMP
Chi-pod
SBE 56
SBE 56
SBE 56
SBE 56
SBE 37-SMP
SBE 37-SMP
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
RDI 1200kHz
SBE 56
SBE 56
Signature 1MHz
DSD
SBE 37-SMP
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 56
SBE 37-SMP
SBE 56
RDI 600 kHz
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Scamp/ SUCA

Profiler
VMP-250

Microstructure Profilers
Sensors
Fast Velocity Shear
Temperature
Conductivity
Pressure
Fast Temperature & Gradient
Temperature
Conductivity
Pressure

Sampling Rate
512 Hz
64 Hz
64 Hz
512 Hz
100 Hz
100 Hz
100 Hz
100 Hz

Table B.4: Summary of Microstructure Profilers
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Start Time
Stop Time

Retrieved

Deployment #
Deployed

Start Time
Stop Time

Retrieved

Deployment #
Deployed

Scamp/SUCA Deployments March 2016
1
2
45.46192 S
45.46181 S
167.1599 E
167.15469 E
45.45418 S
45.44656 S
167.1321 E
167.145415
2016-03-09 15:14:59
2016-03-11 16:40:15
2016-03-09 17:23:41
2016-03-11 18:11:45

Scamp/SUCA Deployments September 2015
1
2
45.46231 S
45.46138 S
167.15323 E
167.15969 E
45.44198 S
45.45398 S
167.13531 E
167.15290 E
2015-09-07 09:55:03
2015-09-08 08:06:38
2015-09-07 11:59:35
2015-09-08 10:53:27

Table B.5: Scamp/SUCA Deployments

3
45.45811 S
167.15836 E
45.46278 S
167.161325 E
2016-03-13 14:04:29
2016-03-13 15:28:31

3
45.46174 S
167.15542 E
45.4421 S
167.1379 E
2015-09-09 07:53:07
2015-09-09 10:39:56
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Vessel-mounted Instrumentation March 2016
Instrument
Sampling Rate
Depth Range (m)
Tow-Yo RBRconcerto
5 Hz
0 - 50
Bowchain RBRconcerto
5 Hz
0.5 - 10
Bowchain RBRsolo
2 Hz
0.5 - 10
RDI ACP
600 kHz
2.5 - 41.4
EK60
600 kHz
0.5 - 38.5

Table B.6: Vessel-Mounted Instrumentation for Obtaining Density, Velocity and Turbulence fields
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Start Time
Stop Time

Retrieved

Drifter #
Deployed

Start Time
Stop Time

Retrieved

Drifter #
Deployed

Start Time
Stop Time

Retrieved

Drifter #
Deployed

1
45.46201 S
167.15954 E
45.44955 S
167.14765 E
14:33:30
14:57:46

1
45.46124 S
167.16089 E
45.43904 S
167.13571 E
12:56:23
13:57:22

1
45.46306 S
167.16064 E
45.45407 S
167.15160 E
15:36:43
16:03:58

2
45.46181 S
167.16119 E
45.45003 S
167.15134 E
14:35:34
15:03:39

2
45.46117 S
167.15933 E
45.43895 S
167.13582 E
12:58:20
13:57:03

2
45.46221 S
167.16035 E
45.45907 S
167.15206 E
15:41:37
16:33:40

6
45.46305 S
167.16058 E
45.45780 S
167.15664 E
15:36:47
16:02:05

6
45.46120 S
167.16063 E
45.46258 S
167.13535 E
12:57:13
14:05:22

6
45.46195 S
167.16035 E
45.44882 S
167.14860 E
14:33:12
15:01:26

GPS Drifter Experiments 2016-03-04
3
4
5
45.46216 S
45.46251 S
45.46305 S
167.16068 E 167.16103 E 167.16075 E
45.45321 S
45.45213 S
45.45695 S
167.15546 E 167.15227 E 167.15576 E
15:41:17
15:38:27
15:36:16
16:01:05
16:03:54
16:12:49
GPS Drifter Experiments 2016-03-06
3
4
5
45.46122 S
45.46137 S
45.46061 S
167.16040 E 167.15954 E 167.16017 E
45.43913 S
45.43911 S
45.43912 S
167.13571 E 167.13572 E 167.13570 E
12:57:11
12:57:43
13:01:56
13:57:23
13:57:24
13:57:24
GPS Drifter Experiments 2016-03-07
3
4
5
45.46178 S
45.46192 S
45.46159 S
167.16102 E 167.16000 E 167.16108 E
45.45093 S
45.44917 S
45.45018 S
167.15237 E 167.14764 E 167.15108 E
14:34:05
14:33:22
14:41:27
15:06:35
15:00:19
15:04:35

Table B.7: Summary of GPS Drifter Experiments

7
-

7
45.46115 S
167.15986 E
45.43915 S
167.13551 E
12:57:33
13:57:26

7
45.46210 S
167.16047 E
45.45199 S
167.15228 E
15:41:31
16:04:02

8
45.46193 S
167.16073 E
45.44874 S
167.14811 E
14:33:02
14:58:47

8
45.46120 S
167.16029 E
45.43910 S
167.13570 E
12:57:18
13:57:23

8
45.46239 S
167.16107 E
45.45295 S
167.15248 E
15:38:35
16:02:28
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Start Time
Stop Time

Retrieved

Drifter #
Deployed

Start Time
Stop Time

Retrieved

Drifter #
Deployed

Start Time
Stop Time

Retrieved

Drifter #
Deployed

1
45.46417 S
167.16177 E
45.44293 S
167.14274 E
15:31:02
16:03:13

1
45.46315 S
167.16060 E
45.44780 S
167.14733 E
15:25:02
16:09:21

1
45.46258 S
167.16111 E
45.45302 S
167.15581 E
15:35:01
15:52:11

2
45.46359 S
167.15342 E
45.45639 S
167.15832 E
15:19:26
16:14:29

2
45.46267 S
167.16369 E
45.45530 S
167.15593 E
15:25:33
16:11:41

2
45.46243 S
167.16168 E
45.45849 S
167.15932 E
15:51:38
16:16:33

6
45.46250 S
167.15973 E
45.45089 S
167.14930 E
15:35:30
15:57:47

6
45.46322 S
167.16171 E
45.44811 S
167.14846 E
15:29:56
15:57:08

6
45.46358 S
167.16208 E
45.44175 S
167.14032 E
15:32:38
16:31:46

GPS Drifter Experiments 2016-03-08
3
4
5
45.46320 S
45.46277 S
45.46294 S
167.16100 E 167.16170 E 167.16170 E
45.45236 S
45.45553 S
45.44860 S
167.15475 E 167.15788 E 167.14881 E
15:34:54
15:34:39
15:29:43
15:55:48
16:01:57
16:03:57
GPS Drifter Experiments 2016-03-09
3
4
5
45.46306 S
45.46329 S
45.46332 S
167.16190 E 167.16158 E 167.16137 E
45.45530 S
45.45011 S
45.44805 S
167.15593 E 167.15079 E 167.14670 E
15:26:30
15:26:38
15:29:34
15:57:23
16:01:30
15:58:53
GPS Drifter Experiments 2016-03-13
3
4
5
45.46184 S
45.46413 S
45.46353 S
167.16266 E 167.16174 E 167.16241 E
45.45245 S
45.45280 S
45.45279 S
167.15455 E 167.15554 E 167.15508 E
15:29:13
15:31:31
15:31:45
16:17:09
16:25:17
16:30:30

7
-

7
-

7
-

8
45.46351 S
167.15344 E
45.45574 S
167.15674 E
15:20:03
15:58:48

8
45.46277 S
167.16151 E
45.44716 S
167.14688 E
15:27:36
15:55:14

8
45.46253 S
167.16045 E
45.44777 S
167.14619 E
15:35:20
16:08:59
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