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Abstract 

New Zealand’s North Island marks the plate boundary where the Pacific plate subducts 

westward beneath the Australian plate. The 25 Ma Hikurangi Margin epitomizes the variability 

and geologic complexity of subduction zones. The Hikurangi Margin hosts significant gas 

hydrates and a range of seismic events. The mechanisms controlling gas hydrates formation 

and seismicity are often related to fluid flow. In recent years, seismic attributes and velocity 

analysis of active source seismic data have often been used to infer the subsurface elastic 

properties. However, traditional velocity analysis and ray-base tomography approaches 

produce velocity models that usually cannot resolve fine-scale features because of their 

resolution and accuracy limitations. Full waveform inversion (FWI) is a powerful alternative 

that uses phase and amplitude information to produce geologically realistic high-resolution 

physical models of the earth. In this thesis, I apply 2D elastic FWI on two multichannel seismic 

profiles crossing the southern Hikurangi Margin, New Zealand to shed light on the “plumbing” 

system of gas hydrates and to investigate fluid flow within the Hikurangi subduction zone. The 

FWI processing sequence includes: (1) downward continuation of the seismic streamer data, 

(2) 2D traveltime tomography, and (3) FWI of refracted and reflected energy of both the 

downward continued and surface seismic reflection data. 

Gas hydrates are ice-like crystalline materials that require moderate pressure, low temperature 

and sufficient gas supply to form in submarine environments. Detailed imaging and velocity 

analysis of the plumbing system of gas hydrates can provide confidence that amplitude 

anomalies in seismic data are related to gas hydrate accumulations. I conducted FWI along a 

14-km long segment of a 2D multichannel seismic profile to: (1) obtain a high-resolution 

velocity model of a hydrate system on the southern Hikurangi Margin and (2) test the method 

against conventional velocity analyses by comparing the FWI velocity model to previously 
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published semblance- and tomography-based velocity models from the same data. The FWI 

yielded a structurally more accurate velocity model that better delineated the low velocity zone 

associated with free gas beneath the bottom simulating reflector compared to the semblance- 

and tomography-based velocity models. The results also show a lateral velocity inversion, i.e., 

a narrow low-velocity zone surrounded by bands of higher velocities at a seaward-verging 

proto-thrust fault, which the two other methodologies failed to resolve. The FWI result 

showcased a major benefit of the method that is producing velocity models with an improved 

lateral resolution making it an important tool when imaging the “plumbing” systems of gas 

hydrate reservoirs. In the southeastern limb of the anticline, the FWI results show that the 

closely spaced landward-vergent proto-thrusts provide gas-charged fluids for hydrate 

formation above the bottom simulating reflector. Moreover, at the centre of the anticline, my 

results show that a seaward-vergent proto-thrust fault appears to be acting as a conduit for gas-

rich fluids into strata, though there is no accumulation of any significant hydrate above the 

bottom simulating reflector at the apex of the anticline.  This finding emphasizes the 

significance of densely spaced faults and fractures for providing gas for hydrate formation in 

the hydrate stability zone. 

I also performed FWI on a second seismic line on the southern Hikurangi Margin to investigate 

upper plate dewatering and fluid flow. The FWI produced a structurally accurate, high-

resolution velocity model, and reveals widespread zones of anonymously low velocities in the 

overthrusting plate (~300 to ~600 m/s lower than neighbouring strata). Near the deformation 

front, an anticline within the incoming trench sediments extends down to the décollement and 

is characterized by low velocities, suggestive of upward migration of gas-rich fluids towards 

the gas hydrates stability zone. Vertical streaks of high and low velocities in the upper part of 

the anticline may reflect fluid migrating into and through the gas hydrate stability zone.  The 

décollement is represented by an interface with a high impedance contrast separating Miocene 
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sediments above from a highly compacted section of Late Cretaceous-Early Oligocene 

sediments and the basement of the Chatham Rise. The velocity character of this interface and 

the underlying sediments reveal that it is over-pressurized within the Hikurangi Trough, but 

well drained at the Chatham Rise. The results also show that overlying Miocene sediments do 

not act as a seal in this region as was previously thought. At the Chatham Rise, I suggest that 

the anonymously high velocities present at the walls of the faults are most likely due to a 

diagenetic process but we cannot rule out alternative mechanisms. Furthermore, my results 

provide evidence of lateral fluid migration and show that faults are the preferred paths for 

dewatering. 

My results demonstrated that the 2D elastic FWI is ideal for investigating lateral velocity 

variations at high resolution because of its use of wide-angle arrivals (refractions, in particular) 

making it a robust tool in imaging the “plumbing” system of gas hydrate systems as well as in 

shedding light on fluid flow in subduction zones.  
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Preamble: Project objectives and structure 

This doctoral project focuses on the use of the full waveform inversion on multichannel high-

resolution seismic data to shed light on the “plumbing” system of gas hydrates and fluid flow 

on active tectonic margins. Seismic data from the southern Hikurangi Margin are used in this 

project.  

This work has been carried out under a co-supervision arrangement between the University of 

Auckland and Institut de Physique du Globe de Paris (IPGP) in France. I received the New 

Zealand International Doctoral Research Scholarship (NZIDRS) from the Ministry of 

Education of New Zealand, with additional funding from the Hikurangi Subduction Margin 

programme by the Ministry of Business, Innovation, and Employment (contract CO5X1605 to 

GNS Science) to support the project. The data used has been collected during a previous cruise 

by various organizations. The project has been mainly office based, however I have had the 

opportunity to participate in seagoing voyages on three occasions to gain some hands-on 

knowledge of the data acquisition process. The seismic inversion of this project was run on the 

New Zealand eScience Infrastructure (NeSI) cluster.  

This preamble sets out the chapter structure of the thesis. 

Thesis structure 

The thesis is divided into five chapters, not including this preamble. It included two journal 

manuscripts to which I have contributed as a lead author. The two manuscripts are included 

within the body of this thesis as chapters and are slightly modified to avoid redundancy.  

Chapter 1 and 2 of this thesis provide the introductory material. Chapter 1 includes background 

information on subduction zones processes, the Hikurangi Margin, and gas hydrates. This is 
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important in understanding the context within which the two main studies fit. Chapter 2 

includes the basics of seismic exploration technique, a brief introduction to the traditional 

velocity analysis methods and their limitations, and the processing sequence implemented in 

this thesis. Under the processing sequence portion of Chapter 2, a brief history of traveltime 

tomography and full waveform inversion is given.  

Chapters 3 and 4 contain the main contributions of this project. Discussion within these 

chapters considers the results in the context of the specific study sites. Chapter 3 is a 

comparative study in which I address the advantage of the full waveform inversion over the 

semblance- and tomography-based approaches and propose a new fluid migration model of a 

hydrate system for the first few hundred meters beneath the seafloor on the southern Hikurangi 

Margin. The full waveform inversion velocity model is compared to a reflection traveltime 

tomography and a semblance-based velocity models from the same data. The results are 

discussed in the light of gas hydrate formation. This work has been published in Interpretation 

as “Improved Imaging of Gas Hydrate Reservoirs and Their Plumbing System Using 2D 

Elastic Full Waveform Inversion”. 

In Chapter 4, I implement the FWI on a seismic line from the southern Hikurangi Margin to 

shed light on upper plate dewatering and fluid flow. This work was submitted to the Journal of 

Geophysical Research: Solid Earth under the title “Investigating Fluid Flow on the Southern 

Hikurangi Margin Using 2D Elastic Full Waveform Inversion”.  

Chapter 5 summarizes the main findings of the thesis. It also includes a future work section 

which looks at what might be done in the future to build on this work and to extend our 

understanding of gas hydrates and fluid flow in active subduction zones.  
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Chapter 1: Introduction 

In this introductory chapter, I provide background information on plate tectonics, subduction 

zones, the Hikurangi subduction margin, and gas hydrates.  

 

1.1 Plate Tectonics  

1.1.1 Introduction to the Earth’s structure  

Geophysical methods helped with unveiling the Earth’s internal structure (Figure 1.1) and the 

dynamic processes shaping its surface. The detection of teleseismic earthquakes starting from 

1889 (von Rebeur-Paschwitz, 1889) aided massively with the rapid understanding of the 

internal structure of the Earth in the first half of the 20th century. In 1900, Richard D. Oldham 

differentiated between two types of body waves that propagate in elastic media from 

seismological records – primary or compressional waves (P-waves) and secondary or shear 

waves (S-waves) (Oldham, 1900). Oldham, in 1906, inferred the presence of Earth’s core by 

noticing that the S-wave “can no longer be recognized with certainty” beyond 110º from the 

earthquake epicenter (Oldham, 1906). In 1926, English scientist Jeffreys claimed that the core 

of the Earth is liquid (Jeffreys,1926). In 1909, the Croatian seismologist Andrija Mohorovičić 

identified the moho discontinuity which corresponds to the crust-mantle interface when he 

observed two sets of P- and S-waves, one that followed a direct path and the other refracted by 

a high-velocity medium (Mohorovičić,1910). In 1926, Gutenberg identified the lithosphere-

asthenosphere discontinuity, also known as the Gutenberg discontinuity (Gutenberg, 1926). In 

1929, Inge Lehmann observed high-amplitude P-wave arrivals in the shadow zone that led to 

her theory that these P-wave arrivals have reflected off a solid inner core (Lehmann, 1936). Up 

until the sixties, the Earth’s interior was considered static.  That changed when the theory of 

plate tectonics was formulated.  



 

  4 

 

Figure 1.1 Schematic representation of the Earth structure. The relative thickness between 

layers is respected. The rays correspond to wave propagation through the Earth. The red star 

represents a seismic event. The depths are from Brown (2012) 

 

1.1.2 Theory of plate tectonics  

At the surface of the Earth above a convecting mantle (asthenosphere) lies the 100-km-thick 

lithosphere layer, which is divided into plates that move relative to each other as well as interact 

with each other. Three types of boundaries that are characterized by high seismicity can be 
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defined: (1) mid-ocean ridges, (2) transform faults, and (3) convergent boundaries (Frisch & 

Blakey, 2010).  

Ocean ridges is where the tectonic plates diverge from one another. New oceanic crust often 

forms at them when partially melted material accretes across the ridge such as the East Pacific 

Rise (Lonsdale, 1977). In areas where the magma supply is poor, the ridge can be asymmetric 

with large faults exposing the mantle rock to accommodate the extension – e.g., South West 

Indian Ridge (Cannat & Stakes, 1991). 

Transform faults is a type of fault along which two tectonic plates slide past one another and 

there is no creation or destruction of material such as the San Andreas fault in the USA (Rice, 

1992). 

Convergence can happen between two oceanic lithospheres, two continental lithospheres, or 

between a continental and an oceanic lithosphere. If two oceanic lithospheres converge toward 

each other, the denser plate would go underneath the lighter one (subduction). The same thing 

goes for a continent-ocean boundary. An example of an ocean-ocean subduction is Tonga 

subduction zone (Giardini & Woodhouse, 1984), and an example of an oceanic plate 

subducting below a continental plate is Chile subduction zone (Stauder, 1973). In the case of a 

continent-continent boundary, a collision happens forming a mountain belt – e.g., Himalaya 

(Dewey et al., 1989). 

This dissertation focuses on subduction zones, specifically on the Hikurangi subduction zone 

(Figure 1.2).
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        Figure 1.2 Subduction zones and convergent plate margins. Modified from Stern (2002) 
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1.2 Subduction zone processes  

1.2.1 The trench and sediment deposits  

At subduction margins, the denser plate thrusts beneath the other one along a fault called the 

megathrust (Figure 1.3). The sinking of the lithosphere provides most of the force to drive this 

process (Forsyth & Uyeda, 1975; Davies & Richards, 1992; Anderson, 2001; Conrad et al., 

2004). The force that pulls the whole oceanic plate toward the trench is called slab-pull. As the 

lithosphere moves away from its creation area, it becomes older, colder, and thicker. Its 

buoyancy decreases until it becomes negative with respect to the underlying asthenosphere 

(Davies & Richards, 1992). The shearing between both plates induces convection in the 

overlying mantle (Davies & Stevenson, 1992; Schmidt & Poli, 1998).  

The deep depression between converging plates is called the trench (Fisher & Hess,1963). The 

age of the subducting plate is the main factor that influences the depth of the trench 

(Jarrard,1986), which can reach up to 11 km depth below the sea level. Examples of deep 

trenches are the ones of the Mariana (11 km deep) and the Tonga (6 km deep) subduction zones 

(Figure 1.2). Trenches are an excellent environment for sediment deposition if a sediment 

source is available. Although the trenches of the Tonga and Mariana subduction zones (both 

caused by converging oceanic plates) are deep, they are sediment starved because there is no 

continent close by to supply sediments (Jarrard,1986). The lack of sedimentation at these 

subduction zones prohibited the development of an accretionary wedge. In the case of the 

Nankai, Barbados and Cascadia subduction zones (collision between oceanic and continental 

plates), trenches are filled with sediments from the nearby continents. This ample sediment 

supply allowed for an accretionary wedge to develop at these subduction zones. Even though 

at the Chile-Peru subduction zone an oceanic plate is subducted beneath a continental plate, 

the subduction zone is sediment starved (Jarrard,1986). In the case of the Hikurangi Margin 

(section 1.3), there is a northward decrease in sediment thickness because sediments are largely 
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supplied from a submarine canyon in the south (Barnes & de Lépinay, 1997; Lewis et al., 

1998). 

Figure 1.3 Schematic section of a subduction zone showing the main crustal and upper mantle 

components and interactions. The key features are labeled in bold. Modified from Stern (2002)  

 

1.2.2 Morphology  

Key features of subduction zones are sketched in Figure 1.3. One of the characteristic features 

of subduction zones is the volcanic arc (Figure 1.3). The subducting plate is saturated with 

water, and as it subducts to greater depths, it is subject to increasing pressure and temperature. 

As the subducting plate descends, water is expelled continuously, and mineral dehydration 

reactions occur simultaneously (Stern, 2002). The water released is introduced into the mantle, 

causing it to melt and to form magma (Marsh & Leitz, 1979; Stern, 2002). The magma then 
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rises to the surface because its density is lower than the surrounding rocks (Marsh & Leitz, 

1979). The regions ahead of and behind the arc are defined as forearc and backarc, respectively. 

Depending on the coupling of the plates, the backarc can be tectonically active or inactive 

(Jarrard, 1986). Plate boundaries with low coupling such as the Mariana or Tonga subduction 

zones, induce extensional behavior of the backarc (Dickinson, 1974; Bibee et al., 1980). Highly 

coupled plates, on the other hand, induce compression of the arc as occurs in South America 

(Jordan, 1995). The forearc’s morphology depends on the sediment supply, and so does the 

accretionary wedge (or prism). The zone of active accretion is characterized by imbricate 

thrusts that build the wedge and thickens landward (Morgan & Karig, 1995). Absence of 

sediment supply (apart from pelagic sediments) leads to the erosion of the overriding plate (von 

Huene & Scholl, 1991; Lallemand et al., 1994; Clift & Vannucchi, 2004). The non-accretionary 

Mariana subduction is characterized by an extensive forearc (Fryer, 1996), which enabled mud-

volcanoes to form as result of fluids migrating from the megathrust along the normal faults of 

the overriding plate (Fryer et al., 1999). The boundary between the accreted material and the 

forearc basement is referred to as the backstop. The backstop at convergent margins plays two 

roles: (1) it partitions subducting material between the accretionary wedge and deep into the 

subduction zone to be recycled in the mantle, and (2) it controls wedge deformation above and 

in front of the backstop (Bangs et al., 2003).  

Another morphological characteristic of subduction zones is the dip of the slab, which is 

influenced by the age of the plate and the convergence rate (Jarrard, 1986). Subduction of older 

and thus, denser lithosphere results in the slab sinking more easily into the mantle at higher dip 

and lower coupling with the overriding plate (e.g., Mariana and Tonga subduction zones) 

(Stern, 2002). Younger, more buoyant lithosphere resists subduction resulting in strong 

coupling between the plates and a lower subduction dip of the slab (e.g., Peru-Chile subduction 
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zone) (Stern, 2002). The outer rise (or the outer trench or trench high) (Figure 1.3) is a result 

of the bending of the plate ahead of subduction (Melosh, 1978).  

1.2.3 Seismicity  

Subduction zones are responsible for the most powerful earthquakes and the majority of great 

earthquakes (Mw ≥ 8). Pacheco & Sykes (1992) calculated the total seismic moment released 

by earthquakes worldwide in the 20th century and found that 90% of seismic moment (energy) 

is released by large interplate earthquakes in subduction. The seismicity in subduction zones 

mainly occurs along the Wadati-Benioff zone, which mostly follows the slab shape (Wadati, 

1935; Benioff, 1949). Lower magnitude earthquakes occur in the forearc region, they are 

related to the deformation of the overriding plate or the accretionary wedge.  

Seismic activity in subduction zones is generally focused in the seismogenic zone (Figure 1.4). 

The seismogenic zone is thought to be determined by temperature (Hyndman & Wang, 1993). 

In the case of the Cascadia subduction zone, it is suggested that a temperature of 100-150ºC 

marks the updip limit which corresponds to a depth of ~10 km, and 350-450 ºC marks the 

downdip limit that corresponds to a depth of ~50 km (e.g., Hyndman & Wang, 1993). The 

approximate depths of the upper and lower limits of the seismogenic zone vary from one 

subduction zone to another and are function of temperature that causes variations in sediment 

mineralogy, especially the dehydration of clays at the base of the sediment section (Geerson et 

al., 2013). For a hot subduction zone like Cascadia, the downdip limit corresponds to 15 km 

depth (Hyndman & Wang, 1995), whereas in cold subduction zone like NE Japan it 

corresponds to 100 km (Peacock & Wang, 1999).  

The outer-rise bending-related normal faults do not usually produce powerful earthquakes, but 

their potential for tsunami generation or enhancement during co-rupture with an interplate 

earthquake has been demonstrated (Beavan et al., 2010). Interplate earthquakes are the most 
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powerful earthquakes. Their magnitude and intensity vary greatly depending on the subduction 

characteristics, the coupling of the plates, and the convergence rate. The Mariana subduction 

zone has the lowest seismic activity of any subduction zone because of its low coupling (old 

oceanic plate, high dip) and low (20 mm/y) convergence rate (Stern, 2002). The Tonga 

subduction zone also has low coupling (old oceanic plate, high dip) but has an extremely high 

convergence rate, up to 24 cm/y (Stern, 2002), hence it has higher seismic activity. The Chile-

Peru subduction zone, which has high coupling (young crust, low dip), experienced in 1960 

the largest magnitude earthquake (Mw 9.5) ever recorded (Kanamori, 1977). 

Many scientists attempted to explain thrust subduction earthquakes occurrence by correlating 

their intensity and frequency with the age of the subducting plate, the thermal structure of the 

subduction interface and convergence rate. Although a general correlation exists between those 

parameters and seismic intensity, the rupture behaviours of subduction zones are complex 

because of the presence of bathymetric features on the seafloor like seamounts, segmentation 

of the subducting plate, pore pressure along the megathrust, and different types of sediments 

(e.g., Davis et al., 1983; von Huene & Scholl, 1991; Abercrombie et al., 2001; Clift & 

Vannucchi, 2004). During the 21st century, great earthquakes of Mw ≥ 9 have occurred such 

as the 2011 Tohoku Mw 9.0 earthquake in Japan (Lay et al., 2011a), and the 2004 Sumatra-

Adaman Mw 9.2 earthquake in Sumatra (Ammon et al., 2005), generating powerful tsunamis 

totalling more than 245,000 deaths. In New Zealand, historical records from ~160 years ago 

do not show that the Hikurangi Margin has experienced major subduction interface earthquakes 

(Mw > 7) (Webb & Anderson, 1998). There have been 10 large earthquakes (Mw 7.0) between 

1840 and the present day, this includes the 1855 Wairarapa Mw 8.2 earthquake that is thought 

to have caused the 12 m dextral strike slip on the Wairarapa fault and the devastating 1931 

Napier Mw 7.8 earthquake that was accompanied by an uplift in the Hawke’s Bay region 

(Webb & Anderson, 1998). Paleoseismic interpretations suggest that, in the past 7000 years, 
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10 subduction earthquakes might have occurred, and they also provided strong evidence for a 

full Hikurangi Margin rupture at 870-815 BP (Clark et al., 2019). 

Figure 1.4 Location of the seismogenic zone (thick solid black line). Redrawn from Hippchen 

& Hyndman (2008) 

 

1.2.4 Fluids  

Fluids that enter the subduction zone have two sources: (1) water entrapped in the pore space 

of sediments and igneous crust, and (2) bound water within hydrous minerals that is expelled 

by dehydration processes. At subduction zones, fluids present in intergranular and fracture 

porosity of sediments are expelled by compaction from thick sedimentary sections (Carson & 

Screaton, 1998). As sediments are buried, a loss of porosity occurs, causing sediments to stiffen 

and the rate of compaction-driven dewatering to decrease. Therefore, fluid volumes expelled 

from pore space are largest within the first 3-7 km of burial (Bray & Karig, 1985; Bekins & 

Dreiss, 1992). The chemical composition of compaction-driven fluid sources is similar to 
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seawater (Carson & Screaton, 1998). The distribution of fluids derived from compaction is 

obtained by (a) estimating porosity data from cores, borehole data, or from seismic interval 

velocities (e.g., Cochrane et al., 1994; Calahorrano et al., 2008), or (b) compiling porosity data 

from active subduction zones that were calculated from the porosity contours and trajectories 

of accreted sediments (e.g., Bray & Karig, 1985; Bekins & Dreiss, 1992). 

With increasing temperature and pressure, fluids are more likely to be expelled by dehydration 

reactions than from compaction (Saffer & Tobin, 2011). Fluids released by dehydration exhibit 

low salinity/chlorinity compared to seawater and are characterized by thermogenic 

hydrocarbons and other anomalies in elemental concentrations that vary with location (Carson 

& Screaton, 1998). The observation of these anomalies in shallow sediments suggest that these 

fluids migrated upwards from deeper formation along permeable stratigraphic and fault 

conduits (e.g., Kastner et al., 1991; Tryon et al., 2010; Crutchley et al., 2011; Plaza-Faverola 

et al., 2012). The low chlorinity is a result of dilution when pure water is expelled by diagenetic 

processes. In the Barbados, Nankai, Peru subduction zones among others (Figure 1.2), dilution 

mechanism stems from the release of bound water in hydrous clays in the dehydration process 

(Carson & Screaton, 1998). 

Fluid escape across forearcs has been the subject of many studies, in which it was inventoried 

through drilling, coring, seafloor surveys, and the observation of seeps (e.g., Sahling et al., 

2008; Tryon et al., 2010; Barnes et al., 2010; Watson et al., 2020). Fluid migration is dependent 

on the high permeability of fractures, fault zones, and high-porosity lithologies (Saffer & 

Tobin, 2011; Plaza-Faverola et al., 2012; Bangs et al., 2015). Seepage at the seafloor (e.g., 

Henry et al., 2002; Barnes et al., 2010), and analyses of variations in gas hydrate bottom 

simulating reflector (e.g., Pecher et al., 2010; Crutchley et al., 2011; Crutchley et al., 2015) 

qualitatively indicate that focused fluid flow along permeable faults and strata represents a 

major component of the fluid budget. 
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A combination of low permeability and rapid sedimentation rates raises pore pressures beyond 

hydrostatic (Shi & Wang, 1988; Screaton et al., 1990). There are many qualitative indicators 

of high pore pressure, which include mud volcanism observed at several subduction zones that 

exhibit high pore pressures, which push fluids and mud upwards from depths of more than 10 

km (Kopf, 2002), and mechanical modelling of subduction zones which is capable of predicting 

overpressure in accretionary wedges and their décollements to shed light on active slip on 

shallowly dipping faults (e.g., Davis et al., 1983). Pore pressure has also been inferred from 

seismic reflection data and velocity modelling. In velocity models, high pore pressure can 

manifest as anomalously low P-wave velocity (Vp) zones that are interpreted as poorly drained 

sediments (e.g., Calahorrano et al., 2008; Bangs et al., 2009; Tobin & Saffer, 2009). High pore 

pressure can be inferred from reflection data by analyzing the waveform of reflections, for 

example, fluid presence or fluid pressure around a fault would exhibit high-amplitude, negative 

polarity reflections (e.g., Bangs et al., 1999; Park et al., 2002; Bangs et al., 2009).  

Fluid pressure has an effect on the mechanical behavior of faults through controlling effective 

normal stress, and it has been used as an explanation for the apparent weakness of major fault 

systems in subduction and strike-slip settings (Hubbert & Rubey, 1959; Suppe, 2007). 

Moreover, elevated pore pressure was used to explain many aspects of fault behavior such as 

facilitating the propagation of earthquake motion to the trench (e.g., Dean et al., 2010). 

Recently, it has been invoked as an explanation for new modes of fault slip behaviors in 

subduction zones such as very low-frequency earthquakes, episodic tremor and slip, and slow 

slip events (e.g., Kodaira et al., 2004; Bell et al., 2010; Shibazaki et al., 2019; French & 

Morgan, 2020). Bell et al. (2010), for example, found zones of high-amplitude reflections at 5-

15 km in the northern Hikurangi Margin, which they attributed to fluid-saturated and 

overpressured sediments. These zones of high-amplitude reflections correlated well with 

known slow slip events in that area. 
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Subduction zones are conventionally imaged using reflection seismic data, and as previously 

mentioned, fluid flow and pressure can be inferred from these data and velocity modelling. 

Most of the velocity modelling performed to showcase fluid flow and pore pressure uses 

traditional (semblance- and tomography-based) approaches (e.g., Tobin & Saffer, 2009; 

Kitajima & Saffer, 2012; Plaza-Faverola et al., 2012; Wallace & Eberhart-Phillips, 2013; 

Crutchley et al., 2015; Crutchley et al., 2020), however, these traditional methods provide 

limited information on fluid flow because they lack the resolution to image fine-scale features. 

A powerful alternative is the full waveform inversion (FWI) (detailed information on this 

methodology are given in Chapter 2) because of its capability to retrieve more accurate and 

detailed subsurface velocity models. In Chapter 4, I apply the 2D elastic FWI on data from the 

southern Hikurangi Margin to take a deeper look at focused flow and preferential drainage 

paths in the subducting plate of the Hikurangi Margin.  

1.3 The Hikurangi Margin 

The Hikurangi subduction margin exhibits varying behavior along its length. In the north, the 

plate boundary seems to be relieving stress via slow slip events, whereas, in the south, it is 

mostly locked, accumulating stress that potentially will be relieved by future earthquakes 

(Wallace et al., 2009). Moreover, the Hikurangi Margin is known to contain significant 

deposits of gas hydrates (Barnes et al., 2010; Pecher, 2011). 

1.3.1 Tectonic setting  

The 25 Ma Hikurangi Margin is the southern termination of Tonga-Kermadec-Hikurangi 

subduction zone (Lewis et al., 1998) that was formed as a result of the progressive 

anticlockwise rotation of the south-eastern part of New Zealand (Walcott, 1978; Lewis and 

Pettinga, 1993; Nicol et al., 2007). New Zealand accommodates two opposing subduction 

zones (Hikurangi Margin and Fiordland Margin) at the boundary of the Australian and the 

Pacific tectonic plates. The Hikurangi Margin lies along the eastern edge of the North Island, 
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and in the south-western corner of the South Island lies the Fiordland Margin (Figure 1.5). The 

two subduction zones are linked by transverse and transpressional structures through the 

western and northern South Island. The Hikurangi Margin (Figure 1.6) is an extensive 

accretionary margin (~600 km long) that exhibits active subduction zone features such as a 

well-formed accretionary wedge, structurally generated bathymetry, and mega-landslides 

(Lewis & Pettinga, 1993; Collot et al., 1996; Lewis et al., 2004; Barnes et al., 2009). The thrust-

imbricated frontal wedge of the Hikurangi Margin is built against a Mesozoic basement 

backstop of Torlesse terrane greywackes (Barnes et al., 2010) and is up to 150 km in width 

(Lewis & Pettinga, 1993). The wedge includes three components that are deforming as one 

sedimentary body. The first component is an inner, Late Cretaceous and Paleogene foundation 

that was deposited before the initiation of the Hikurangi subduction. The second component is 

an outer highly imbricated wedge of accreted Late Cenozoic trench-fill turbidites. The last 

component is a deforming cover of Miocene to Recent shelf and slope basin sediments (Barnes 

et al., 2002; Barnes et al., 2010). The accretionary wedge in the central part of the margin is 

about ~70 km wide and is characterized by long thrust ridges and slope basins (Barnes & de 

Lépinay, 1997; Lewis et al., 1998).  

The shelf of the Hikurangi Margin is wide (25 to 125 km) in the north, narrows to few 

kilometers off Wairarapa, widens again through the Cook Strait, and then extremely narrows 

near Kaikoura (Figure 1.6). Beyond the shelf, the continental slope descends into the Hikurangi 

Trough. The trough is bordered to the east by the Hikurangi Plateau, and to the south by the 

Chatham Rise. The Hikurangi Trough hosts the meandering Hikurangi Channel and is 

relatively shallow (~3000 m) compared to the deep Kermadec trench (> 9000 m), partly 

because the thick oceanic crust of the Hikurangi Plateau is being subducted (Lewis et al., 1998). 

Recent velocity modelling suggests that the thickness of the Hikurangi Plateau oceanic crust is 

~10 km (Tozer et al., 2017). In cross-section (Figure 1.6 inset) the margin contains the 
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characteristic features of a transpressional subduction arc: 1) a forearc with trough, slope and 

sedimentary basins; 2) a transverse axial range; and 3) a backarc domain dominated by tectonic 

extension and volcanism.  

The Hikurangi Margin varies from northeastern North Island to northeastern South Island in 

obliquity and rate of plate convergence, sediment supply to the Hikurangi Trough, and 

smoothness of the subducting Pacific Plate (Barnes & de Lépinay, 1997; Lewis & Pettinga, 

1993). Turbiditic sediments are largely supplied from submarine canyons in the south, which 

led to a decrease in turbidites thickness northwards, from Cook Strait (more than 5 km thick) 

to Raukumara Peninsula (~1 km thick). The southward increase in thickness is accompanied 

by a southward decrease in convergence rate between the forearc and the subducting Pacific 

Plate, from ~60 mm/year off the Raukumara Peninsula to ~40 mm/year off southern Wairarapa 

(Wallace et al., 2004). This southward decrease in convergence rates reflects a clockwise 

tectonic rotation of the eastern North Island relative to the Pacific-Australian plates boundary 

(Wallace et al., 2009; Wallace et al., 2004). 
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Figure 1.5 Tectonic setting of the Hikurangi and Fiordland Margins. Modified from Furlong 

et al. (2009)  

 

 

 

 

North Island 

South Island 



 

  19 

The Hikurangi margin can laterally be divided into three morphostructural domains – northern, 

central, and southern Hikurangi Margin (Figure 1.6) (Wallace et al., 2009).  

Northern Hikurangi Margin 

The northern Hikurangi Margin stretches from East Cape to the southern end of Hawke’s Bay. 

It is characterized by non-accretion and tectonic erosion where seamount impact is common 

(Lewis et al., 1998; Lewis et al., 2004). The exposed seamounts at the seafloor of the Hikurangi 

Trough are gradually advancing to the deformation front and subducting under the Australian 

Plate (Lewis & Pettinga, 1993; Collot et al., 1996; Pecher et al., 2005; Barnes et al., 2009). The 

seamount-studded subducting plate has narrowed and steeped the northern Hikurangi Margin 

continental slope to 10° in some places (Lewis et al., 2004). There are two large-scale 

morphologic features that are thought to be caused by seamounts affecting upper-plate 

deformation – the Ruatoria re-entrant and giant debris avalance (Lewis et al., 2004), and the 

Poverty re-entrant (Lewis & Pettinga, 1993; Collot et al., 1996; Lewis et al., 1998).  

Central Hikurangi Margin 

The central Hikurangi Margin is an accreted imbricated thrust wedge that is approximately 200 

km long (Barnes & de Lépinay, 1997; Lewis & Pettinga, 1993). Its accretionary wedge is about 

70 km wide and is characterized by long thrust ridges and slope basins (Barnes & de Lépinay, 

1997; Lewis et al., 1998). The central Hikurangi margin is dominated by accretion due to the 

high thickness of the trench-fill turbidites (~3-4 km) and the slower rate of convergence (~40-

43 mm/yr) (Barnes & de Lépinay, 1997; Lewis & Pettinga, 1993; Wallace et al., 2004). The 

tectonic structure in the central part of the Hikurangi Margin is well constrained particularly in 

the south, though some gaps occur in the northern accretionary wedge (Barnes & de Lépinay, 

1997; Barnes et al., 1998). The structure is dominated by compressional faulting (Barnes & de 

Lépinay, 1997; Barnes et al., 1998). This part of the Hikurangi Margin appears to be fluid-
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saturated at shallow depths, which led it to be the subject of many slow slip events studies (e.g., 

Wallace & Eberhart-Phillips, 2013; Eberhart-Phillips et al., 2017). 

Southern Hikurangi Margin  

The southern encompasses an area that stretch from the southern North Island and northeastern 

South Island of New Zealand. It is characterized by oblique convergence between the 

Australian and Pacific plates. The zone beneath Cook Strait and the northern South Island is 

considered a transition from oblique subduction to continental strike-slip deformation (Wallace 

et al., 2012). The forearc structure is dominated by transpressional northeast‐striking dextral 

strike‐slip faults, known as the North Island dextral fault belt and the Marlborough fault system. 

Modelling by Wallace et al. (2012) suggests that the plate interface is locked under the southern 

North Island with subduction. The southern part of the imbricated accretionary wedge of the 

overriding Australian plate extends 40 km off southeastern Wairarapa, where it projects to the 

southern Hikurangi Trough (Pegasus Basin) (Figure 1.6). The Pegasus Basin, a Neogene 

depocenter, is defined by the modern Hikurangi subduction interface to the northwest, by the 

extinct subduction of the Chatham Rise to the southeast (Plaza-Faverola et al., 2012; Kroeger 

et al., 2015; Bland et al., 2015). The full extent of the Pegasus Basin is unknown, however 

satellite-derived gravity data suggests that it might cover an area of 50,000 km2 (Uruski & 

Bland, 2011). The Pegasus Basin might have originated as part of the Gondwana subduction 

margin as an accretionary wedge or a for-arc basin (Uruski & Bland, 2011). The structure and 

stratigraphy of the Pegasus Basin show that it has been minimally deformed from Neogene to 

present tectonics (Uruski & Bland, 2011). The basin’s sediment thickness decreases eastward 

away from its sediment sources such as the Cook Strait Canyon (Lewis et al., 1998). The 

basement of the Pegasus Basin is metasedimentary rock named the Torlesse Supergroup, which 

is a series of mass-flow successions (Uruski & Bland, 2011). The water depth over the Pegasus 



 

  21 

basin ranges from 1000 to 3000 m, with much of the basin lies at depths greater than 2000 m. 

Both of the seismic lines used in this PhD are from data collected over the Pegasus Basin. 

Figure 1.6 The Hikurangi Margin showing onshore and offshore structure and the main sectors 

(in red). The main sectors are from Wallace et al. (2009) . Land is green. Offshore blue shading 

is water depth. Blue line is the Hikurangi Channel. Solid black line is the deformation front.  

The inset schematic cross-section shows the major plate-boundary features. 
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1.4 Gas hydrates  

Gas hydrates were discovered in 1810 by Sir Humphery Davey (Sloan & Koh, 2007). In 1934, 

hydrates became of an interest to the oil and gas industry when they were observed blocking 

pipelines due to their crystalline, nonflowing nature (Hammerschmidt, 1934). In 1969, Soviet 

scientists were the first to identify naturally occurring gas hydrates and study them as a 

potential energy resource (Gabitto & Barrufet, 2009).  

Natural gas hydrates are ice-like crystalline materials that form under relatively high pressure 

and low temperature. They consist of water molecules linked together to create cages, in which 

guest gas is hosted. Hydrates are named according to the nature of gas trapped in them, which 

can, for example, be methane (!"!), ethane (!""!), propane (!#"$) or pentane (!%"&") 

(Thakur, 2011). The most naturally occurring gas hydrate is methane hydrate (Kvenvolden & 

McMenamin, 1980). Most research attributed the origin of methane in hydrates to biogenic 

processes, but it can also migrate due to seepage of natural gas from shallow oil- and gas-

bearing formations (Taylor & Kwan, 2004; Thakur, 2011). 

Natural gas hydrates belong to three crystal structures – cubic structure I, cubic structure II, or 

hexagonal structure H (Figure 1.7) (Sloan & Koh, 2007). Natural gas hydrates are represented 

chemically as X nH2O, where X is the guest molecule and n is the number of water molecules 

entrapping guest molecule. The crystalline structure of natural gas hydrates is determined based 

on the number of water molecules and the diameter of the guest molecule. Structure I consists 

of two small spherical cavities with twelve pentagonal faces (512 ) and also six large cavities 

with two hexagonal faces and twelve pentagonal faces (51262 ). It is formed with guest 

molecules with diameters ranging from 4.2 and 6 Å (0.42 and 0.6 nm) (Sloan & Koh, 2007). It 

is occupied by methane, carbon dioxide, and hydrogen sulfide for small cavities and ethane for 

large cavities  (Sloan & Koh, 2007). Structure II consists of sixteen small cavities with twelve 

pentagonal faces (512 ) and twelve pentagonal and hexagonal four walls (51264 )(large), and is 
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formed with guest molecules having diameters smaller than 4.2 Å (0.42 nm) such as nitrogen, 

propane and isobutane (Sloan & Koh, 2007). Structure H is rarely found in nature, it consists 

of three main cages – small (512), medium (435663), and large (51268). Large molecules (7 Å 

(0.7 nm) < d < 9 Å (0.9 nm) ) such as iso-pentane or neohexene can form structure H when 

accompanied with smaller molecules such as methane, hydrogen sulfide, or nitrogen (Sloan & 

Koh, 2007).  

Table 1.1 contains details of the geometry of the hydrate cages and crystal cell structures. 

Figure 1.7 Types of natural gas hydrate structures. Jones et al. (2009) 

 

Table 1.1 Details of the geometry of the hydrate cages and crystal cell structures (Sloan & koh, 

2007) 

Hydrate crystal 
structure I II H 

Cavity  Small Large Small Large Small Medium Large 

Description 512 51262 512 51264 512 435663 51268 

Number of cavities/unit 
cell 2 6 16 8 3 2 1 

Average cavity radius 
(Å) 3.95 4.33 3.91 4.73 3.94 4.04 5.79 

Number of water 
molecules/ cavity 20 24 20 28 20 20 36 
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Gas hydrates exist in many forms within marine sediments, however, there seems to be three 

general categories of occurrences that are a function of permeability of the sediment and gas 

hydrate saturation (Figure 1.8) (Boswell et al., 2016). Sediments with low permeability have a 

low pore-filled gas hydrate saturation that is in the range of 10% (this represents the percentage 

of pore space filled with hydrate) or less (category C) (Collett & Ladd, 2000; Kumar et al., 

2014; Westbrook et al., 2008). Category C hydrates are hosted in shallow marine clay-rich 

sediments with high porosity and low permeability, which makes them the most occurring 

category of hydrates on a global scale. If gas supply is abundant and sediments are of low 

permeability, hydrates saturation is increased (10%-40%) by displacing grains and forming 

hydrates in the shape of veins and nodules (category B) as in the case of Ulleung Basin, 

offshore Korea (Ryu et al., 2013). In the case of a high-quality reservoir (high-permeability 

sand- and silt-rich with large pores), gas hydrates tend to be pore filling of high saturation 

(category A). This category is observed in the Nankai Trough (Fujii et al., 2009) and the Gulf 

of Mexico (Collett et al., 2012) and inferred from indirect measurements at many other 

locations, such as beneath anticlines and in channel systems in the Hikurangi Margin 

(Crutchley et al., 2015; Fohrmann & Pecher, 2012). 
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Figure 1.8 Categories of gas hydrates occurrences as a function of permeability of the sediment 

and gas hydrate saturation. The plot shows that gas hydrates mostly occur as pore fill (blue). It 

also shows that gas hydrates can occur by displacing grains in the case of an abundant gas 

supply. Redrawn from Boswell et al. (2016) 

 

1.4.1 Stability and location of natural gas hydrates  

Gas hydrates form and are stable in environments where high-pressure and low-temperature 

conditions are met (Kvenvolden & McMenamin, 1980; Sloan & Koh, 2008). Their stability 

also depends on gas composition, ionic strength of the water and the abundancy of gas 

(Kvenvolden & McMenamin, 1980; Kvenvolden, 1993a; Kvenvolden, 1993b). Other 

conditions that control their occurrence include total organic carbon content, sediment 

thickness, rate of sedimentation and sufficient gas supply (Riedel et al., 2010). The base of 
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natural gas hydrate stability zone is the intersection of phase boundary and geothermal gradient 

profiles (Figure 1.9). 

 

Figure 1.9 A plot showing the thermo-baric conditions for the gas hydrate stability zone. 

Redrawn from Max (2003) 

 

The previously mentioned conditions are met in two regions: (1) continental, including 

continental shelves in Polar Regions and (2) submarine continental slopes of stable and 

unstable active and passive continental margins, especially in subduction zones because of the 

active production of fluids (O'Connor et al., 2010) (Figure 1.10). Examples of gas hydrates 

existence in permafrost regions include the Messoyakha gas field in Western Siberia 

(Makogon, 1981) and Prudhoe Bay oil field of Alaska (Collett, 1993). An example of gas 
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hydrates presence in a subduction zone is the Hikurangi Margin east coast of New Zealand 

(e.g., Barnes et al., 2010; Pecher, 2011; Plaza-Faverola et al., 2012; Mountjoy et al., 2014; 

Crutchley et al., 2015; Turco et al., 2020). This PhD focuses on gas hydrate deposits found in 

the Hikurangi Margin (Chapter 3). 

1.4.2 Natural gas hydrates and seafloor stability 

Hydrates with their crystalline structure may coat the grains, form in pores, or in fractures and 

macropores (Helgerud et al., 1999); hence strengthening the ocean floor. If the thermo-baric 

conditions change, however slightly, can lead to the dissociation of the base of the hydrate 

stability zone into liquid water and over-pressurized free gas, which may weaken sediments, 

potentially resulting in seafloor depressions and submarine landslides (Sultan et al., 2004; 

Pecher et al., 2005). Some of the mechanisms that can lead to a change of temperatures and 

pressures are ocean temperature changes, sea level rise and episodic fluid flow. 

Many studies have postulated that seafloor depressions and submarine landslides are linked to 

the presence of gas hydrates. At the Blake Ridge off the coast of South Carolina, Hornbach et 

al. (2004) suggested that fault re-activation was triggered by the overpressure caused by gas 

accumulation beneath gas hydrates. In New Zealand, it was suggested that the seafloor erosion 

of the Rock Garden ridge in the Hikurangi Margin is attributed to mechanisms associated with 

the shallow hydrate layer (Pecher et al., 2005; Crutchley et al., 2010).
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Figure 1.10 Map detailing locations in which gas hydrates were recovered (yellow circles) and inferred (red circles). Gas hydrates are found in 

permafrost regions, and in subduction zones. Data from the USGS Gas Hydrates Project database, https://on.doi.gov/3z8AaQg, last accessed on 

01/05/2021. 
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1.4.3 Natural gas hydrates and climate change 

Gas hydrates are sometimes referred to as “carbon capacitors” because of their ability of 

temporarily sequestering large amounts of methane (Dickens, 2003) often in conjunction with 

more permanent carbon storage in the form of carbonates beneath hydrocarbon seeps 

(Campbell, 2006). Methane is considered on a per unit per mass basis 84 times more potent 

than carbon dioxide as a greenhouse gas over a 20-year period and 25 times more potent over 

a century (Ruppel & Kessler, 2017). Therefore, it is important to consider the effect of global 

warming on gas hydrates. Gas hydrates are destabilized by fluctuations in pressure and 

temperature, which are two parameters that a warming climate can affect. Gas hydrate 

dissociation from global warming also depends on the duration of the warming event, their 

depth beneath the seafloor or tundra surface, and the amount of warming required to heat 

sediments to the point of hydrate dissociation (Ruppel, 2011). Ruppel (2011) and Ruppel & 

Kessler (2017) investigated potential gas hydrate dissociation over the next several centuries 

for different settings (Figure 1.11) where gas hydrate accumulations occur, and discussed their 

susceptibility to warming climate processes. For gas hydrates associated with terrestrial 

permafrost, the shallowest hydrate deposits are found at depths of 200 m in the case of pure 

methane hydrates and as shallow as 100 m in the case the guest gas is a mixture of methane 

and higher-order thermogenic gases (Ruppel & Kessler, 2017). The gas hydrate stability zone 

can extend hundreds of meters beneath the base of permafrost (Figure 1.11). Permafrost thaws 

with sustained rising temperature causing methane hydrates to dissociate (Ruppel, 2011). 

However, for methane released from hydrates to reach the tundra surface, it needs to overcome 

many physical and chemical sinks. Furthermore, the upward migration of methane can be 

capped by an ice-bearing permafrost. To this date, there is no evidence that links tundra 

emissions to dissociation from gas hydrates at depth (Ruppel & Kessler, 2017) even though
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Figure 1.11 Schematic representation of methane hydrates dynamics and methane distribution in different settings (Ruppel & Kessler, 2017).  
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there have been numerous efforts to quantify bulk methane emissions from tundra, high-

latitude wetlands, and thermokarst lakes (e.g., Christensen, 1993; Wille et al., 2008; Zona et 

al., 2016; Miner et al., 2022). 

Gas hydrates associated with subsea permafrost are found in shallow marine continental 

shelves that border the Arctic Ocean.  In Pleistocene time, these regions were subaerial and 

exposed to frigid annual air temperatures (Ruppel, 2011). Since Late Pleistocene, marine 

inundation of the permafrost tundra at the edges of the Arctic Ocean led to an increase in 

temperature (as much as 10-15 °C; Kvenvolden, 1988; Shakhova et al., 2010a), partial thawing 

of subsea permafrost and inferred gas hydrates dissociation (Ruppel & Kessler, 2017). Methane 

released from dissociating gas hydrates associated with subsea permafrost are subject to 

numerous marine sedimentary (anaerobic oxidation of methane) and water column sinks (most 

methane emitted from the seafloor will be dissolved in the water column before it reached sea 

surface) (Overduin et al., 2015). 

Another gas hydrate deposits Ruppel (2011) and Ruppel & Kessler (2017) discussed are those 

hosted within upper continental slope sediments. These deposits are considered the most 

susceptible to destabilization during ocean warming. Dissolution of methane bubbles or 

oxidation of CH4 in the water column should prevent the methane released from these gas 

hydrates from reaching the atmosphere immediately. Although they are the most susceptible 

to warming climate, upper slope seepage from warming climate has so far only been recognized 

on the U.S. Atlantic margin, the West Spitsbergen margin, and the northwestern U.S. Pacific 

margin (Ruppel & Kessler, 2017).  

Deepwater gas hydrates constitute most of the global inventory and they are the least 

susceptible to global warming because they occur in marine sediments at water depths that are 

greater than 1000 m. Water temperature at these depths wouldn’t normally change drastically 
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on time scales of centuries or more (Ruppel, 2011; Plaza-Faverola et al., 2015). Even if 

methane were to be released from dissociation, some of CH4 will be trapped in newly formed 

hydrate and much of it will be consumed by anaerobic CH4 oxidation (Ruppel, 2011).  

To conclude, sustained climate warming over a timescale of only a few hundred years is 

unlikely to trigger widespread release of methane from gas hydrate dissociation. Even if 

methane is freed, numerous chemical and sedimentary sinks will potentially decrease the 

amount that reaches the atmosphere as CH4.  

1.4.4 Natural gas hydrates as a resource 

As conventional oil and gas reservoirs are getting depleted globally, gas hydrates attracted the 

attention of many countries such as USA, Japan, India, China and New Zealand. This special 

interest in gas hydrates is because of two reasons: (1) gas hydrates provide a mean to store 

methane at low temperatures and moderate pressures at shallow depths (within 1000 m of the 

subsurface), and (2) wide geographic occurrence, that is, on almost all continental slopes and 

in permafrost regions (Kvenvolden, 1993b).   

Even though it is established that gas hydrates are widely distributed geographically, the 

knowledge of their occurrence is still incomplete which renders estimating the amount of 

methane present in them challenging (Kvenvolden, 1993a; Kvenvolden, 1993b). Estimates of 

natural gas hydrates widely varied by several orders of magnitude in the last two decades, but 

have fallen since 1990 (Boswell & Collett, 2011). Boswell & Collett (2011) prefer a global 

estimate of 3 × 1015 m3 of methane gas in place (calculated at standard temperature and 

pressure) in global gas hydrates, corresponding to ~1500 gigatons (Gt or 1015 g) of carbon or 

~2.0 million Tg (1012 g) CH4. This estimate is based on comprehensive review of many 

assessments and takes into account the drilling programs data. Another estimate that is similar 

to Boswell and Collett (2011) was determined by Milkov (2004). Archer et al. (2009) provided 
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an estimate that is 9-20% lower to that of Boswell and Collet (2011). Dickens (2011) made an 

estimate of 12,400 Gt of carbon, which is a closer value given by Kvenvolden (1988) two 

decades earlier. Wallmann et al. (2012) also provided estimates of the global inventory of 

methane hydrates in marine sediments using a simple transfer function that takes into account 

the thickness of gas hydrate stability zone, particulate organic carbon, burial velocity of solids 

in surface sediments. Their approach suggests that the amount of methane hydrates in marine 

sediments is ≥455 gigatons of carbon, which is considerably less than the most widely cited 

values. Despite these uncertainties and a wide range of estimates, it is thought that the amount 

of methane sequestered in hydrates rivals that of known fossil fuels combined (coal, oil, and 

natural gas) (Kvenvolden, 1998b). In New Zealand, in the Pegasus Basin, Kroeger et al. (2015) 

suggests that the basin contain 5-11 trillion cubic meters of methane at Standard Pressure 

Temperature conditions in hydrates.  

1.4.5 Exploration for natural gas hydrates  

Gas hydrate exploration includes the following techniques  

1.4.5.1 Seismic techniques  

In a marine setting, seismic exploration is the most used technique in gas hydrates imaging and 

quantification. Gas hydrates are inferred from a seismic profile by recognizing their distinctive 

seismic signature – bottom simulating reflector (BSR) (Minshull et al., 1994; Pecher et al., 

1996; Singh et al., 1993; Spence et al., 2010).  BSRs – reflections that mimic seafloor 

topography and are of a polarity opposite to that of the seafloor – originate from the contrast 

existing at the interface separating high velocity in partially hydrate-saturated sediments above 

low velocity sediments containing free gas (Pecher et al., 1996; Singh & Minshull, 1994). The 

position of a BSR to first order marks an isotherm because it coincides with the phase boundary 

of gas hydrate stability. Therefore, the geothermal gradient can be derived from BSRs when 
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knowing seafloor temperature (Yamano et al., 1982).  Another use of BSRs is delineating the 

extent of the gas hydrate stability zone as they are a clear indication of the base of the layer of 

gas hydrate bearing sediments. In the case where gas hydrates are explored for exploitation 

purposes, investigating reflection amplitudes that occur within the gas hydrate stability zone 

could give an indication on the saturation of gas because the amplitude response from gas 

hydrates in sands is predictable (Figure 1.12) (Lee et al., 2009; Boswell et al., 2016). Lee et al. 

(2009) suggests that the amplitude response becomes anomalous when saturation reaches 40%, 

which renders the gas-hydrates-bearing sands a prospective resource target (Figure 1.12b). It 

should be noted that the absence of a BSR does not imply the absence of gas hydrates (Yuan 

et al., 1999). 

In the scope of this PhD, I focus on seismic techniques.  

Figure 1.12 Schematic representation of the seismic amplitude response to gas- (Sg) (a) and 

gas hydrate-saturated (Sgh) (b) sands. Amplitudes are insensitive to free gas saturation because 
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it only requires low quantity of gas to yield high amplitudes. The amplitude response to gas 

hydrates, however, is more indicative of saturation. Redrawn from (Boswell et al., 2016).  

1.4.5.2 Well logging 

Well logging consists of lowering various equipment into a well to measure electrical, acoustic, 

radioactive, and electromagnetic properties of the formation. Natural gas hydrates manifest 

themselves by  high velocity and high resistivity on sonic logs (measuring velocity) and 

resistivity logs, respectively (Pearson et al., 1983; Waite et al., 2009). Hydrates are resistive 

because their cage-like structure acts as an electrical insulator (Majumdar et al., 2016). Other 

logs such as density, porosity, neutron porosity,  and γ-ray ray logs have been used to determine 

bed boundaries, formation thickness, porosity, permeability, etc of gas hydrate reservoirs 

(Collett, 1998).  Some of the hydrate responses on other logs are as follows (Sloan & Koh, 

2007):  

Mud log 

The mud logger examines the cutting of rocks brought to the surface of the well during the 

drilling operation. Penetrating a hydrate system causes its dissociation, which leads to a major 

increase of gas in the drilling mud.  

Spontaneous potential (SP) log 

SP records the difference in electrical potential between a fixed electrode at the surface and a 

movable electrode in the borehole. If hydrates are present, the SP log would be less negative 

compared to the free-gas-bearing zone. This log needs to be interpreted with caution because 

the presence of ice would cause a similar response.  

Calliper log 
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Calliper log measures the size and shape of the borehole as a function of depth. The calliper 

log might show an oversized drill hole that might be caused by hydrate dissociation. The same 

observation could be attributed to the presence of ice.  Borehole washouts leading to large 

callipers can occur for many other reasons, such as drilling through unconsolidated sands. 

Therefore, it is important to interpret the calliper log in combination with others.  

Density log 

The density tool senses formation density by measuring the attenuation of gamma rays between 

a source and a detector. Porosity of reservoirs can be derived from this log. Although the 

density decrease in hydrates is minimal, it is still distinguishable from the density of water. 

However, this log should also be interpreted with a suite of other logs because ice density is 

similar to that of hydrates.  

Neutron porosity log 

This log is used to delineate the porous formations and to determine their porosity. Neutron 

porosity devices essentially measure the amount of  hydrogen within the pore-space of a 

targeted volume. The amount of hydrogen relates to the amount of water or hydrocarbons 

present in the pore-space of a rock sequence. It gives high values in gas hydrate formations 

because of the presence of methane in hydrates.  

The list of wireline logs presented above is not exhaustive. For further readings, please refer to 

Sloan & Koh (2007). 

1.4.5.3 Coring techniques 

Unlike seismic surveys and well logging, coring is a direct method to determine the presence 

of hydrates and their concentration in the subsurface sediments (Abid et al., 2015). It consists 

of recovering an intact continuous column of reservoir rock to the surface. The challenge faced 
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in recovering hydrate cores is maintaining their thermobaric conditions to prevent the hydrates 

from dissociation (Al-Saddique et al., 2000; Burger et al., 2003). Therefore, the tool deployed 

to acquire the core needs to be pressurized. Typically, hydrate cores are extracted using 

pressure coring of a pressure accumulator that normally uses nitrogen to maintain pressure. 

Once a core is recovered, various analyses are performed on it in a lab. Some of the analyses 

conducted on a core include sediment analysis, geochemical analysis, saturation determination, 

and rock analysis (Al-Saddique et al., 2000). One of the important parameters that can be 

inferred from hydrate cores is the morphology of hydrates in sediments. The morphology of 

hydrates is governed by the nature of sediment, and other environmental requirements such as 

water, pressure, and temperature. Determining the morphology of hydrates aids with validating 

gas saturation estimates obtained from indirect geophysical data. Moreover, knowing the 

morphology allows for a more realistic simulation of hydrate reservoirs that could shed light 

on their deposition, formation, and dissociation.  

1.4.5.6 Geochemical analysis 

The presence of gas hydrates is also inferred by geochemical anomalies such as a decrease in 

pore water chlorinity/salinity (Kastner et al., 2008; Seol & Lee, 2013). Dissolved ions are 

removed from the cage-like structure during the crystallization of hydrates in the pore space of 

sediments, causing an increase in the salinity/chlorinity of pore water. Moreover, in the course 

of hydrate formation, there is a reduction in fluids and a preferential intake of the heavy isotope 

(18O) in the solid-fluid isotope fractionation process (Hesse & William, 1981). Thus, when 

hydrates dissociate, fresh water and the 18O-enriched fluids are expelled into the enveloping 

pore water, causing a decrease in pore water salinity/chlorinity, and a positive anomaly in 

oxygen isotopic composition of the water (Hesse, 2003). Therefore, the pore water 

salinity/chlorinity anomaly in combination with the oxygen isotopic composition anomaly give 

a clear indication of gas hydrates presence and dissociation. Other geochemical proxy 
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indicators of the occurrence of hydrate include sulfate reduction, methane enrichment, chloride 

depletion, and elevated barium concentration. 

1.4.5.6 Controlled source electromagnetic methods 

Controlled source electromagnetic (CSEM) methods propagate an electric or a magnetic signal 

through the environment that is observed on magnetic or electric receivers (Constable and 

Srnka, 2007). Signals are less attenuated in resistive formations, whereas, conductive 

formations are more attenuative (Constable and Srnka, 2007). In a marine setting, the 

methodology of CSEM consists of towing a transmitter at or slightly above the seafloor, and 

then register its transmitted signal on towed or stationary seafloor receivers (Constable and 

Srnka, 2007).  

CSEM methods were first proposed by Edwards (1997) to explore for hydrates. Since then, 

multiple marine CSEM campaigns were conducted to explore for hydrates on continental 

margins across the world (e.g., Weitemeyer et al., 2011; Schwalenberg et al., 2010; Goswami 

et al., 2015; Schwalenberg et al., 2017). These studies employed different instrument setups to 

electromagnetically image the subsurface. Weitemeyer et al. (2011) deployed ocean bottom 

electromagnetic receivers on the seafloor and towed an electric field transmitter over them. 

Goswami et al. (2015) used the same setup as Weitemeyer et al. (2011), but added a towed 

receiver. Schwalenberg et al. (2017) collected CSEM data on the Hikurangi Margin using a 

bottom towed array consisting of a transmitter and two receivers where high-resisitivity zones 

were interpreted to delineate regions with elevated gas hydrate concentration beneath 

hydrocarbon seeps (Schwalenberg et al., 2017) .  
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1.4.6 Natural gas hydrates research  

Because of their massive potential as an unconventional energy resource, several countries 

have national programs that conduct extensive research on the exploration and exploitation of 

gas hydrates. Here, I give a brief review on the history and current status of gas hydrate 

exploration in the USA, Japan, India, China, and New Zealand.  

USA  

In 1995, hydrates were sampled from Blake Ridge from the Ocean Drilling Program (ODP) 

Leg 164 (Paull et al., 2000) aboard the scientific drilling ship JOIDES Resolution. Well logging 

data and pressure cores were collected at 7 sites to investigate methane migration and hydrate 

formation, the source of fluids and gases in a seafloor seep, and the influence of these fluids on 

the host sediment (Paull et al., 2000). Pressure cores were retrieved using a pressure core 

sampler, a device that returns cores at formation pressures. A significant result from ODP Leg 

164 is that methane hydrate in the fine-grained sediments on the Blake Ridge occupies 1% to 

2% of the sediment volume in a zone that is 200-250 m thick, which led to a rough estimate of 

10 Gt of methane carbon in the Blake Ridge region. This result provided further evidence that 

methane in methane hydrates represents a major component of the global fossil carbon 

reservoir. Another notable exploration drilling expedition was ODP leg 204 (Tréhu et al., 

2006). ODP Leg 204 collected pressure cores and logging while drilling at the Hydrate Ridge, 

located on the Cascadia continental margin offshore Oregon. It was the first drilling expedition 

aimed at understanding methane hydrates in accretionary complexes (Tréhu et al., 2006). 

Methane hydrates were estimated to be occupying 2% of the sediment pore space (Tréhu et al., 

2006).  

Industry led efforts have also contributed to the research of gas hydrates in the USA. The 

industry focused methane hydrates drilling projects are the Gulf of Mexico Joint Industry 
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Project (JIP) leg I (Ruppel et al., 2008), and Gulf of Mexico JIP leg II (Collett & Boswell, 

2012). The JIP focuses on investigating the formation and distribution of gas hydrates, 

assessing the hazards associated with marine gas hydrates, and developing tools for monitoring 

environmental impacts related to the dissociation of natural gas hydrates in marine 

environments (Ruppel et al., 2008). In 2005, gas hydrate presence was confirmed in the Gulf 

of Mexico, and after JIP leg II, it was reported that sand layers are hydrate saturated (Collett & 

Boswell, 2012). Although extensive hydrate research exists for the Gulf of Mexico, no 

commercial production has been reported.  

Japan 

Japan’s interest in assessing methane hydrates as an energy resource started in 1994. This 

interest led to the development of a methane hydrate exploratory drilling project in the Nankai 

Trough, which was led by the Japan National Oil Corporation (presently the Japan Oil, Gas 

and Metals National Corporation: JOGMEC) (Tsuji et al., 2004). The main objective of this 

project was to assess methane hydrates as a resource potential that were inferred previously 

from the identification of BSRs on seismic lines (Tsuji et al., 2004). The exploratory drilling 

project came to fruition in 1999/2000, with the drilling of several closely spaced core and 

downhole logging holes in the Nankai Trough that targeted an area of a prominent BSR located 

in an area off the Tenryu River in Shizuoka Prefecture (Tsuji et al., 2004). Cores confirmed the 

presence of methane hydrates at the drilling sites, reaching saturations as high as 80% in some 

sand-rich layers. Further two- and three-dimensional (2D and 3D) seismic data were collected 

in 2001 and 2002 from the Nankai Trough provided evidence on gas hydrates accumulation 

(Fujii et al., 2009). Additional exploratory test wells were drilled in 2004 to collect well logs 

and core data for the assessment of methane resources (Awashima et al., 2008).  
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In 2013, Japan performed a production test to extract methane from hydrates in the north slope 

of the Daini-Atsumi Knoll in the eastern Nankai Trough. The production test provided evidence 

that depressurization is a feasible technique to produce methane from methane hydrates, but 

sand flow into the production well halted the operation (Konno et al., 2017).  

India 

Hydrate research in India has been conducted by the Geological Survey of India since 1995. 

Geological and geophysical data from the offshore of India showed that hydrate deposits are 

present in two diverse settings – the passive continental margin of the Indian Peninsula and in 

the Andaman convergent margin. In 2006, The Indian National Gas Hydrate Program (NGHP) 

designed an expedition (NGHP-01) to shed light on the geologic and geochemical controls on 

the accumulation of methane hydrate in both settings (Collet et al., 2014). The drill sites of 

NGHP-01 expedition were selected based on the occurrence of high amplitude seismic 

identified BSRs within the available 2D seismic data. The drill sites were also chosen based on 

findings from previous test exploratory wells in the Gulf of Mexico (Collet et al., 2014).  

During its 113.5-day voyage, 21 sites were drilled or cored in Kerala-Konkan, Krishna-

Godawari, Mahanadi, and Andaman deep offshore areas. In addition to the cores, logging while 

drilling data were collected in 12 holes and wireline logging in 13 holes (Collet et al., 2014). 

The main scientific conclusions of NGHP-01 are (Collet et al., 2014): (1) the depth of base of 

gas hydrate stability inferred from seismic data closely matches the derived depth from logging 

data and (2) recovered cores suggested that methane hydrates are either pore-filling grains or 

fracture-filling material in clay dominated sediments. Moreover, NGHP expedition 01 

discovered one of the thickest and deepest methane hydrate stability zone (Collet et al., 2014). 

In 2015, another expedition (NGHP-02) headed to the east cost of India to explore the hydrate 

saturated sand layers (Collet et al., 2019). Data from this expedition provided more information 



 

  42 

on the geologic, geochemical, and physical controls on the occurrence of gas hydrate in nature, 

and two sites emerged as ideal sites for future gas hydrate production testing (Collet et al., 

2019).  

China 

The Chinese scientists collected multichannel seismic (MCS), multibeam bathymetric data, 

and surface sediment samples in the Xisha Trough from 1999 to 2000 to investigate gas-bearing 

sediments (Wu et al., 2005). Gas hydrate accumulations were inferred from the presence of 

BSRs in the Xisha Trough (Wu et al., 2005). In 2004, The Guangzhou Center for Gas Hydrate 

Research was established to further study methane hydrates and conduct offshore research to 

evaluate the resource potential of hydrates in the offshore of China. In 2007, a drilling 

expedition was successfully conducted in the Shenhu Area on the north slope of South China 

Sea by the Guangzhou Marine Geological Survey (GMGS) (Wu et al., 2008). GMGS-1 drilled 

and wireline logged 8 sites, and 5 sites were cored. The major findings were that methane 

hydrate sediments were predominantly clay, and that methane hydrate saturations ranging from 

20 to 40 % (Wu et al., 2008). Since 2013, many geological studies and core drilling have been 

conducted by the Chinese Geological Survey. These efforts resulted in the discovery of eight 

hydrate deposits, with an estimated total gas hydrate resource of 100 billion in cubic meters in 

the north slope of the South China Sea (Liu et al., 2019).  

New Zealand 

Before 2005, vintage seismic lines from the French-New Zealand GeodyNZ survey in 1993 

and the North Island Geophysical Transect (NIGHT) in 2001 were used to delineate potential 

areas with high concentration of hydrate deposits on the Hikurangi Margin. This delineation 

was based on the presence of BSRs and geological structures that promote fluid flow (Pecher 

& Henrys, 2003). This investigation concluded that ~10% of the margin within the gas hydrate 
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stability zone contains high concentration of hydrate deposits making the Hikurangi Margin of 

New Zealand’s North Island a host of world-class hydrate deposits.  

Between 2005 and 2007, three surveys were conducted to investigate gas hydrates on the 

Hikurangi Margin. The first survey is 05CM-038, which was collected on the southern 

Hikurangi margin. The 05CM-038 line is part of the 05CM survey that was collected for Crown 

Minerals of New Zealand’s Ministry for Economic Development (Now part of the Ministry for 

Business, Innovation, and Employment, MBIE) to image and understand the structure and 

stratigraphy of trench-slope sedimentary basins for future petroleum exploration. Seismic data 

were collected using a typical petroleum exploration recording configuration. The analysis of 

these data (05CM-038) revealed high-amplitude reflections in the gas hydrate stability zone 

beneath the Porangahau Ridge (Figure 1.13) (Crutchley et al., 2006). The second survey 

(TAN0607) targeted Porangahau Ridge and other key study areas on the southern Hikurangi 

margin (Rock Garden and Ritchie Banks). TAN0607 was a joint effort between GNS science, 

the National Institute of Water and Atmospheric Research (NIWA), the U.S. Naval Research 

Laboratory, the University of Otago, and several other partners (Pecher et al., 2007). Data were 

collected aboard R/V Tangaroa. Rock Garden and Ritchie Banks systems (Figure 1.13) were 

targeted because they show evidence of seafloor erosion that was attributed to the presence of 

shallow gas hydrates (Pecher et al., 2005; Crutchley et al., 2010). In addition to seismic data, 

piston cores and dredged samples were collected. The main findings from TAN0607 research 

voyage are: (1) Rock Garden constitutes a gas hydrate system in consolidated, fractured 

mudstones (Pecher et al., 2008) and (2) there are no indications for highly concentrated gas 

hydrates beneath Porangahau Ridge and the high-amplitude reflections observed beneath it are 

indicative of free gas (Crutchley, 2009). The third survey (SO-191) was part of a 2.5-month 

long research voyage, during which high resolution seismic surveys, and CSEM measurements 
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were collected. Data were collected aboard R/V Sonne to study gas hydrates and cold vents on 

the Hikurangi Margin (Bialas et al., 2007). 

In 2009-2010, seismic data were acquired in the southernmost part of the Hikurangi Margin to: 

(1) delineate the extent of the Pegasus Basin, (2) obtain more information about the basin 

stratigraphy and architecture to delineate potential hydrocarbon reservoirs, and (3) provide 

information about unconventional energy resources such as gas hydrates. 17 profile lines were 

collected (2766 km) over the Pegasus Basin. In my PhD, I use these data to characterize a gas 

hydrate system and investigate fluid flow in a subduction zone.   

In 2010, the New Zealand Foundation of Research, Science, and Technology funded the first 

research gas hydrate program entitled “New Zealand’s Gas Hydrate Resources”. After that, the 

New Zealand Ministry for Business, Innovation and Employment (MBIE) funded another 

programme from 2012 entitled “Harnessing New Zealand’s Gas Hydrate Resources, Towards 

Exploration Drilling”.  In 2017, MBIE funded the current five-year research program entitled 

“Economic Opportunities and Environmental Implications of Energy Extraction from Gas 

Hydrates”, in short HYDEE. As part of the HYDEE program, a research voyage (TAN1808) 

collected geophysical datasets that help characterize the way in which gas hydrates are forming 

in the deforming wedge of the Hikurangi subduction margin. This research voyage enabled the 

characterization of methane seepage through the seafloor and submarine slope stability.  

These data collected over the past two decades on the Hikurangi Margin were used to 

investigate specific structural features where fluid flux is expected to be focused (e.g., 

Crutchley et al., 2010; Crutchley et al., 2011; Pecher et al., 2005; Pecher et al., 2010; Plaza-

Faverola et al., 2012; Turco et al., 2020), to study the links between active vents on the seafloor, 

hydrate, and free gas reservoirs (e.g., Barnes et al., 2010; Krabbenhoeft et al., 2013; Dumke et 
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al., 2014; Crutchley et al., 2015), and to explore the potential of gas hydrates as an energy 

resource for New Zealand (Fohrmann and Pecher, 2012; Archer et al., 2014; Bai et al., 2016).  

1.4.7 Gas hydrates laboratory research 

The understanding of the physical properties of hydrate-bearing sediments is crucial to the 

interpretation of geophysical data acquired in the field. Numerous studies give an account on 

the geophysical properties of hydrate-bearing sediments. These laboratory studies were 

performed on retrieved hydrate-bearing sediments core samples to examine their morphologies 

(e.g., lenses/veins, pore-fill, and nodules/chunks) (e.g., Holland et al., 2008; Collett et al., 

2010), and to characterize their physical properties (e.g., Davidson et al., 1986; Kneafsey et al., 

2011; Dai et al., 2012; Wei et al., 2021). Laboratory studies on cores of naturally occurring 

hydrate-bearing sediments are limited in number because of the challenges of extracting intact 

cores. Therefore, geoscientists synthesized gas hydrates in laboratories to characterise 

geomechanical and thermophysical properties such as stress, strain, Poisson’s ratio, thermal 

conductivity, and density (e.g., Song et al., 2010; Yan et al., 2017), and to study their 

dissociation process (e.g., Linga et al., 2009; Li et al., 2012).  

There are four main techniques to synthesize hydrates in a laboratory: (1) the ice-to-hydrate 

method (Stern et al., 1996; 1998; 2000) which involves mechanical mixing of ice with sand. 

(2) The excess gas method (e.g., Handa and Stupin, 1992; Anderson et al., 2003; Linga et al., 

2009) is the most commonly used method to synthesize hydrates in a laboratory. Previous 

experiments suggest that this method leads to the cementing of sandy sediments (Linga et al., 

2009). (3) The excess water method (e.g., Priest et al., 2009; Falser et al., 2012; Chong et al., 

2016) which consists of injecting a fixed amount of gas into the porous media, followed by 

injecting water in excess. This approach mimics natural gas hydrates by forming hydrates with 

the pores of the water-saturated sediments. (4) The dissolved-gas method (e.g., Buffet and 
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Zatsepina, 2000; Priegnitz et al. 2013) which involves supplying gas in aqueous solution to 

synthesize hydrates.  

1.4.8 Mitigating Risk when Assessing Hydrate Reservoirs 

For several decades, hydrates were evaluated based on BSR existence and the nature of its 

reflectivity. The latter is valuable when assessing the hydrate prospectivity. For example, 

anomalous reflections in otherwise laterally continuous reflections are often an indication of 

gas migrating in a focused way from deeper sources (Crutchley et al., 2015). This upward 

migration of gas into the gas hydrate stability zone is one of the key mechanisms in the 

formation of hydrates, and often takes place through faults and fractures or dipping layers 

(Cook et al., 2008). Therefore, there needs to be strong supporting evidence of gas migration 

into and the gas hydrate stability zone other than the nature of reflectivity of the BSR and the 

reflections within the gas hydrate stability zone. Such evidence would constitute an added value 

to the assessment of gas hydrate prospects. 

Seismic velocity analysis is often used to understand the nature of sediments and the type of 

the pore-filling fluid, and it has long been used to identify and characterize the distribution and 

extent of hydrates and free gas within marine sediments. Some of the velocity analysis 

approaches used to study gas hydrate deposits are: semblance velocity analysis (e.g., Crutchley 

et al., 2010; Crutchley et al., 2011; Pecher et al., 2005; Pecher et al., 2010; Plaza-Faverola et 

al., 2012; Crutchley et al., 2015), ray-based tomography inversions (e.g., Hobro et al., 1998; 

Plaza-Faverola et al., 2010; Crutchley et al., 2020), and 1D FWI (e.g., Singh et al., 1993; Singh 

& Minshull, 1994; Minshull et al., 1994; Pecher et al., 1996; Yuan et al., 1999; Turco et al., 

2020). Even though some of these traditional methods (e.g., 1D FWI) can provide velocity 

models with good vertical resolution, they all have lateral resolution limitations, which is a 

disadvantage when imaging upward gas migration into the gas hydrate stability zone.   
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2D elastic FWI is a powerful alternative to those methods as it provides high-resolution 

velocity models laterally and vertically by inverting for phase and amplitude.  There are several 

early studies that applied 2D FWI to MCS and ocean-bottom seismic data to investigate gas 

hydrates. Delescluse et al. (2011) applied 2D acoustic FWI to a gas hydrate system on the 

Scotian Slope associating an increase in velocities with gas hydrates and low velocity zone 

with free gas. They concluded that the acoustic approximation of the wave equation is valid 

for far-offset data, assuming that shear wave velocities vary smoothly with depth. Acoustic 

FWI was also applied to seismic data in the Gulf of Mexico to quantify gas hydrates (Wang et 

al., 2018). The acoustic FWI result revealed a vertical velocity inversion at the BSR. Kim et 

al. (2013) presented results of 2D elastic FWI to data from Ulleung Basin, the East Sea (Japan 

Sea). They observe an increase in P- and S- wave velocities in areas where hydrates occur, and 

a decrease in those velocities which they interpret as a gas zone. Viscoacoustic 2D FWI was 

applied to data from Krishna-Godavari basin in the east coast of India to study the controls on 

the distribution of gas hydrates (Jaiswal et al., 2012). Their results showed that gas hydrate 

distribution has structural and stratigraphic controls, and that fault can be rich in gas hydrate 

or free gas. Gassner et al. (2019) applied the 2D acoustic FWI to ocean-bottoms seismic data 

from the Western Black Sea to characterize gas hydrate deposits. Their results demonstrate that 

the FWI applied to ocean-bottom seismic data can reliably retrieve the typical signature of 

hydrate and gas deposits. Wang et al. (2020) quantified gas hydrate deposits in Walker Ridge, 

Gulf of Mexico from 2D acoustic FWI of ocean-bottom seismic data. Their results show that 

the acoustic FWI is a valuable tool for hydrate quantification in fine- and coarse-grained 

sediments. They also show that hydrate accumulation seems to be confined to an area between 

two sets of normal faults suggesting that faulting is potentially controlling hydrate growth in 

that layer.  
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In all the studies mentioned in the previous paragraph employ FWI to investigate its 

applicability to regions with gas hydrate deposits, and to characterize and quantify those 

deposits. Although those studies discuss the resolution of their results, they do not address the 

vertical and lateral resolution capabilities of the FWI and how that can shed light on the 

mechanisms controlling gas hydrate formation. In chapter 3, I present a comparative study that 

addresses the advantage of the 2D FWI over the semblance- and tomography-based approaches 

in imaging hydrate deposits and discuss the results in the light of gas hydrate formation. 
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Figure 1.13 Location of Porangahau Ridge, Ritchie Banks, and Rock Garden on the Hikurangi 

Margin. Orange box is my study area (Chapter 3). Bathymetry was acquired during 

RV/SONNE cruises S0191 and SO0214. Inset location offshore New Zealand’s North Island. 

Modified from Bialas et al. (2007) 
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Chapter 2: Methodology theoretical 

overview 

 

Planet Earth fascinated humanity for centuries. Philosophers of antiquity studied its shape and 

its interaction with other stars. A French novelist and poet – Jules Verne – imagined a journey 

into the centre of the earth in his classic science fiction “Voyage au centre de la Terre”, which 

translates to “A journey into the centre of the Earth”, in the 1800s. However, advancements in 

knowledge and technology made science fiction a reality. Researchers started working on 

unveiling its internal structure starting from the end of the 19th century when the first 

earthquake seismogram was written (Aki & Richards, 1980). Exploring the earth’s interior 

using information derived from seismic waves is considered an indirect method of imaging the 

subsurface.  

Investigating the interior of a solid is of an interest to multiple fields and is performed at varying 

scales. The seismologist explores the earth’s internal structure from its inner core to the mantle 

(Dahlen & Tromp, 1998). Exploration geophysicists image the petroleum reservoirs that are 

few kilometres below the surface (Yilmaz, 2001). The hydrogeologist characterizes the 

structure of aquifers to understand water flow (Rubin & Hubbard, 2006). Civil engineers 

investigate the near surface for geotechnical applications (Malhotra & Carino, 2003). Medical 

doctors need to detect the presence of tumors (Weissleder & Pittet, 2008; Brindle, 2008). Even 

though the scale of these different investigations vary from nanometre to thousands of 

kilometres, the objective is the same – characterizing an internal structure and measuring the 

physical properties of a solid without having a direct access to the medium itself.  
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In all the previously mentioned fields, wave propagation is the basis of various imaging 

technologies. In geophysics, in particular, recordings of seismic wave propagation in the 

subsurface are widely used to reconstruct earth’s properties. This process is called seismic 

inversion or tomography. 

In this chapter, I introduce the basics in exploration seismology which include defining seismic 

sources, and the basic processing steps of seismic data. Then, I provide background information 

on the wave equation, the inverse problem, and a brief overview of the different seismic 

inversion methods. Lastly, I provide a detailed theoretical overview of the techniques used in 

this project, which are: downward continuation, traveltime tomography, and FWI. A brief 

history of traveltime tomography and FWI will be provided under the techniques section. 

2.1 Basics of exploration seismology 

Exploration geophysicists perform seismic experiments where a source excites artificially 

generates seismic waves, mostly compressional waves (known as P-waves). These waves 

travel downward into the Earth and reflect off geological boundaries. The reflected waves 

travel back to be recorded by receivers deployed along a preset 2D or 3D geometry (Figure 

2.1). After recording at one location, the source and receivers are moved to a new location 

laterally until the area of interest is covered. The seismic waves recorded are grouped into three 

main groups: direct, reflected, and refracted waves (Figure 2.2). Receivers will also record 

unwanted noise such as multiples, out-of-plane reflections, and random noise.  

Seismic data recorded are referred to as shot gathers. Once multiple shot gathers are acquired 

at many locations, exploration geophysicist process them to obtain an image of the subsurface. 

The vertical axis of these seismic images is in two-way travel time (s) instead of depth (m) 

because the shot gathers represent the time it takes for the waves to travel from the source down 
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into the Earth and back up to the receivers. However, the seismic images can be converted to 

be a function of depth using approximated subsurface seismic velocities.   

Figure 2.1 (a) 2D land and (b) 3D marine survey geometry to record seismic data. For marine 

seismic data acquisition, the streamer (seismic cables) can be as long as 12 km with receiver 

(hydrophone) spacing of 12.5 to 30 m. 3D survey can consist of more than one seismic ship 

and more than a dozen streamers.  
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Figure 2.2 Rays for four types of events: refraction, reflection, transmission, and diving waves. 

Refraction waves (or diving waves) exist if velocities v! of the top layer are smaller than the 

bottom layer velocities v". Here, it is assumed that the velocity increases with depth in the top 

(first) layer.  

 

2.2 Types of seismic sources  

The seismic waves used in imaging the subsurface can be divided into two categories: natural 

sources (earthquakes) and anthropogenic sources (controlled sources).  

Earthquakes of varying magnitudes produce large number of seismic sources. The waveforms 

of these earthquakes are recorded by a global network of seismograms and stored into databases 

that are frequently used to image the earth. It is important to note that the position of the source 

and its temporal signature are unknown and need to be estimated.  
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Anthropogenic sources are widely used in active seismic investigations. They are used to image 

a certain region of the subsurface at varying scales (from few tens of meters to tens of 

kilometers below the surface). Seismic waves in active seismic data acquisition are produced 

using explosives or mechanical devices. A land seismic source consists of an explosive, a 

vibroseis truck, a sledgehammer, or a weight-drop. The most commonly used marine seismic 

source is an airgun. One advantage active seismic surveys have is the ability to control the 

positioning and density of sources and receivers which allows robust imaging of the subsurface. 

It is noteworthy that the energy of seismic sources constrains the frequency spectrum of the 

emitted waves. Large earthquakes generate low frequencies that are impossible to reproduce 

using conventional anthropogenic seismic sources. It is important to consider this notion 

because the frequency spectrum of the seismic data is largely dependent on the sources 

employed, and therefore influences the robustness of the imaging methodologies implemented.  

This research only deals with active marine seismic data.  

 

2.3 Basic processing steps  

A typical data processing sequence of seismic reflection data consists of the following steps 

(Yilmaz, 2001):  

1. Deconvolution and filtering of noise. This step is applied in the early stages of 

processing the shot gathers to improve the temporal resolution and signal-to-noise ratio.  

2. Sort the common-shot gather to common-midpoint gather (CMP). CMPs (Figure 2.3) 

are a geographic location that has been sampled multiple times by many shot-receiver 

pairs.    

3. Velocity analysis: align the CMP reflections to the zero offset by time shifting the traces 

in the CMP. This is known as normal moveout (NMO).  



 

  55 

4. Stack the time shifted CMPs to form one trace at the common midpoint. This operation 

enhances signal to noise ratio.  

Step 3 and 4 are repeated for all the CMPs to give a seismic section that represents the structure 

of the subsurface. If the reflectivity of the subsurface is complex, step 2 to 4 are skipped, and 

we use an algorithm called prestack migration instead. Migration process converts seismic data 

into an image of subsurface structure by relocating reflectors to their true position and 

collapsing diffracted energy. However, the success of migration is dependent on a good 

velocity model. Therefore, combining migration with a high-resolution velocity model 

provided by traveltime tomography or FWI (section 2.7) can provide the highest quality 

imaging for structural interpretation. 

Both seismic sections presented in this research were constructed using prestack migration.   
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Figure 2.3 Schematic representation of common midpoints (CMPs). CMPs are geographic 

locations that have been sampled multiple times by many shot-receiver pairs. From Crutchley 

& Kopp (2018).    
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2.4 Wave equation 

The wave equation is the core of seismic wave propagation modelling (i.e. forward problem). 

Wave propagation is described as the transmission of energy caused by an external force from 

one particle to another. To formulate the wave equation, we need to define Hooke’s law and 

Newton’s second law of motion. 

Hooke’s elasticity law in one dimension describes how the force is proportional to 

displacement   

 F = k ∗ u (2.1) 

where k is a constant, F is the force, and u is the displacement. 

Or for small displacement 

 dF = k ∗ du (2.2) 

where d is the derivative of F and u with respect to the one-dimensional coordinates. 

A more generalized Hooke’s law defines the stress-strain relationship. Stress being the force 

per unit area and stress is the relative change in a dimension or shape of a body. Strain (ε) can 

be expressed in terms of displacement (u) as follows:  

 
ε!" =

1

2
(
∂u"
∂i
+
∂u!
∂j
) 

(2.3) 

Stress (σ) is expressed in terms of strain (ε) as follows:  

 σ!" =	c!"#$ε#$ (2.4) 

where c#$%& is the coefficients describing the elastic properties of a body.  
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In 3D, c#$%& corresponds to 81 coefficients (34), 21 of which can describe the general case of 

anisotropic media. In our case, we use the elastic isotropic approximation in which the media 

is described by the Lamé parameters - µ and λ (Love, 1927) 

 c!"#$ = µ4δ!"δ"$ + δ!$δ"#6 + λδ!"δ#$ (2.5) 

 

where δ#$ is the Kronecker delta function defined as: 

 

 

δ!" = 8
1	if		i = j

0		if		i ≠ j
 (2.6) 

Inserting (2.5) into (2.4), Hooke’s law becomes:  

 σ!" = λδ!"ε## + 2µε!" (2.7) 

 

Newton second law of motion defines the relationship between the forces (F) applied on a body 

of mass (m) and the resulting acceleration (a = '!(
')! ) 

 <F = m	a (2.8) 

For a volume V of surface S, equation (2.8) can be written as:  

 
? ρ

d%u
dt%

dV = ? σ!"n"dS + ? f!dV
&'&

 
(2.9) 

where ρ is the density. The surface integral corresponds to the sum of the forces applied on 

surface S, n is the normal component to the surface, and the volume integral corresponds to the 

sum of body forces f. 
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When applying the divergence theorem, the surface integral can be expressed as a volume 

integral which renders equation (2.9) as follows:  

 
ρ
∂%u
∂t%

=
∂σ!"
∂j

+ f! 
(2.10) 

By inserting equation (2.7) into equation (2.10), we obtain the wave propagation equation in 

elastic media 

 
ρ
∂%u
∂t%

= λ
∂∂u#
∂" ∂#

σ!" + µE
∂∂u!
∂" ∂!

+
∂∂u"
∂! ∂"

F + f! 
(2.11) 

This equation models body, surface, reflected, and refracted waves in an elastic isotropic 

medium. It can be approximated to only model the ray paths using ray theory (Červený et al., 

1977) or it can be used as a whole to model the full wavefield (Tarantola, 1984).  

 

2.5 Inverse problem 

Seismic inversion methodologies aim to retrieve subsurface physical properties from seismic 

waves recorded at the surface. Prior to inversion, the forward problem is solved by modelling 

seismic waves using physics laws that govern wave propagation. Inverting for parameters that 

constitute the wave propagation equation is the inverse problem.  

A simple analogy of the inverse problem would be calculating the speed of a car travelling 

from point A to point B. In this case, the governing physics “law” is v = '
) , where  d is the 

distance, and t is the time of arrival. Solving for the forward problem would be modelling the 

traveltime of the car with a known d and a given v. 
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In general terms, the inverse problem in geophysics can be discretized as follows:  

 d = L(p) <=>  p = L()(d) (2.12) 

where d is the observed data, seismic data in our case; p is the model parameter, the earth 

properties in our case, and	L is a non-linear forward operator that depends on the model 

parameters and predicts the observed data. 

The forward modelling operator is linearized against a background model to avoid an ill-posed 

problem. A mathematical model is considered well-posed if a solution exists, is unique, and is 

stable (Hadamard, 1902). Geophysical experiments yield data that are noisy and their survey 

design only covers a portion of the body of interest. The latter renders the solution nonunique, 

and the former hinders finding a solution. To mitigate nonuniqueness and the stability issues, 

geophysicists use regularization (e.g., covariance estimates). To ensure that a solution exists, 

we apply a solution that minimizes such as a weighted sum of squared data residuals (a data 

residual is the difference between observed, e.g., traveltimes, and predicted data). 

2.6 Seismic inversion methods 

Numerous seismic inversion methods of multichannel seismic data are available. They can be 

categorized into poststack inversion and prestack inversion (Figure 2.4). Here, I briefly discuss 

the prestack inversion methods. 

The prestack seismic inversion process uses seismic data (angle/offset gathers) and well data 

to estimate the P-impedance, S-impedance and density. These subsurface properties allow for 

the prediction of reservoir properties away from the well (Carrazone et al., 1996). Prestack 

seismic inversion offers many benefits which include: (1) the inversion process yields layer 

properties (P- and S-impedance), (2) it improves the resolution of subsurface layers because of 

the reduction of wavelet effects, tuning, and side lobes, and (3) the prestack inversion results 

can be directly compared to well log measurements. 
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The four methods that fall under the category of prestack seismic inversion are simultaneous 

inversion, elastic impedance inversion, amplitude versus offset (AVO) inversion methods, and 

prestack waveform inversion. The first three are based on the Zoeppritz equations and the last 

method is based on finite differences.   

Figure 2.4 A diagram showing the different types of seismic inversion. Modified from Maurya 

et al. (2020)  

 

Simultaneous inversion inverts for several rock properties simultaneously. It employs Aki 

and Richards (1980) formula to compute reflectivity at various offsets in the prestack domain. 

Aki and Richards (1980) formula is expressed as follows:  

 
I(J) = K

∆M*
M*

+ N
∆O

O
+ P

∆M+
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(2.13) 
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∆K, = K," − K,!, E2
E! + E"
2

 

These equations are used to estimate reflectivity, which will be convolved with a wavelet to 

obtain the synthetic seismic gather. The synthetically computed gather is compared to the 

original seismic gather of the area and a misfit is computed. Further, the model is perturbed 

and the misfit is recalculated. This process is repeated until a model with the least misfit is 

obtained. The simultaneous inversion method is described in detail by Ma (2002).  

The second inversion method is the elastic impedance inversion. The concept of Elastic 

Impedance was first introduced by Connolly (1999), in which a function R is dependent on the 

incidence angle and is related to the relative variation of Elastic Impedance. 

 
I(J) ≈

1

2

∆RS

RS
≈
1

2
∆ln	(RS) (2.14) 

 

The angle-dependent P-wave reflectivity is approximated by the simplified Zoeppritz 

equations (Aki and Richards, 1980): 

 I(J) = U + VWXY%J + Z[\Y%JWXY%J (2.15) 
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Combining 2.14 and 2.15 yields the Elastic Impedance 

  

 RS = M*
()-./0!1)

M+
(34+50!1)

O()(34+50
!1) (2.16) 

where R = N.".#
O
"
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Elastic impedance inversion is preformed on prestack gathers and takes into account Vp, Vs, 

density and AVO effects. A limitation of this approach is that it only works best for small to 

moderate impedance changes. 

AVO inversion has widely been used in oil and gas industry in the previous two decades. It 

was first introduced by Ostrander in 1984. The analysis of amplitude changes with the offset 

of the source is a valuable geophysical technique that is used to detect gas directly form shot 

gathers. The traditional AVO analysis comprised calculating the AVO intercept, gradient, and 

higher-order AVO term from a fit of P-wave reflection amplitude to the sine square of the angle 

of incidence. This fit is based on the estimated P-wave reflection coefficient model in intercept-

gradient form given by Bortfeld (1961) and Shuey (1985). A pitfall of AVO analysis is the 

make use of only the P-energy which results in a failure of getting a unique solution, 

consequently AVO results are more likely to be misinterpreted (Pendrel and Dickson, 2003).  

Prestack waveform inversion utilizes a wave equation forward modelling algorithm to ideally 

replicate the observed shot gathers trace for trace. The objective of waveform inversion is to 

make use of all the wavefield contained in a shot gather – that is converted wave energy, 

multiples, transmission losses, and P-wave reflections. This approach is suitable when Earth is 

no longer considered homogenously layered which is the assumption of the classical inversion 

methods. This type of inversion is the basis of this project and is discussed in detail in section 

2.7.3.  
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2.7 Techniques 

In this section, I provide an overview of the multiple techniques implemented in this research. 

Three methods were applied to get a high-resolution velocity model: (1) downward 

continuation, (2) traveltime tomography, and (3) 2D elastic FWI. 

2.7.1 Downward Continuation 

Downward continuation (DC) or wave-equation datuming is the process used to redefine the 

reference surface of sources and receivers to a different elevation that is below the original one 

to collapse the seafloor reflection and boost the refractions to near offset. The process of 

extrapolating sources and receivers to create a new wavefield S+45 at T = T! from the initial 

wavefield  S67 at T = 0 is based on the Kirchhoff approach (Berryhill, 1979; Berryhill, 1984). 

The equation responsible for the extrapolation is as follows: 
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(2.17) 

where S8 are the output seismic traces at the new datum and S6 are the reference traces at the 

initial datum; U6 is the distance between the recording points on the new datum and the recoding 

points on the reference datum; V6 is the traveltime associated with the distance U6; ∆W6 is the 

trace spacing; GXBE6 is the obliquity factor and Y6 is the shaping operator. 

For every S8 	at time t, the energy is stacked on the input traces S6 in the space-time domain. 

This energy is then mapped in the same space-time domain but with a time shift that 

corresponds to the distance between the point on the new datum and the point on the reference 

datum where the apex of the hyperbola is located. The amplitude and phase of the output traces 

are corrected. This process can be applied on pre-stack data or stacked seismic sections. 
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In practice, we, first, extrapolate receivers on the common shot gathers. Then, we sort the 

downward continued shot gathers into common receivers gathers and extrapolate the sources. 

Finally, we sort back to common shot gathers (Figure 2.5). As a result, seafloor reflection is 

collapsed allowing refraction arrivals to be boosted to near offset which leads to improved 

velocity analysis and imaging when applying traveltime tomography and the FWI. 

Furthermore, downward continuation decreases computation time for far offset FWI as the 

wave propagation in the water column is removed.
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Figure 2.5 (a) Original shot gather of PEG09-19 data (Chapter 4) at 34 km distance. (b) Receiver extrapolation of the common shot gathers. (c) 

Shot extrapolation of common receiver gathers. (d) fully downward continued shot. The refractions were boosted to near offset and are visible 

from 3 km offset.  
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2.7.2 Traveltime tomography 

Raypath traveltime tomography is the geophysical procedure of inverting traveltimes of a 

specified body wave for the velocity of the subsurface. It has been used as a mean of imaging 

Earth’s interior since 1970 (Aki et al., 1977).  

Pioneering research 

Aki and Lee published a paper in 1976 on estimating velocity information from local 

earthquakes beneath California. The paper of Aki & Lee (1976) laid the foundation of seismic 

tomography for decades to come. The authors inverted for traveltime data collected at 60 

stations from 32 local earthquakes to construct a 3D crustal structure. In their inversion, they 

used a damped least squares approached to find a solution and assessed the model’s robustness 

by estimating its covariance. A year later, Aki et al. (1977) published another fundamental 

paper that used traveltime residual information from distant (teleseismic) earthquakes to image 

the 3D velocity structure beneath the Norwegian Seismic Array (Norsar) southeast Norway. 

Another influential work in seismic tomography was published by Dziewonski et al. in 1977. 

Dziewonski et al. (1977) used close to 700000 traveltime residuals from the bulletins of the 

International Seismological Center (ISC) to construct a velocity model of the Earth’s mantle.  

Following the foundational work of Aki & Lee (1976) and Dziewonski et al. (1977), a large 

number of new developments in traveltime tomography followed. In cross-hole tomography, 

multiple approaches of ray tracing and inversion were implemented (e.g., McMechan, 1983; 

McMechan et al., 1987; Bregman et al., 1989). With advancement is seismic data acquisition 

in oil and gas exploration, reflection and wide-angle (refraction and wide-angle reflection) 

tomography was born. Bishop et al. (1985) was one of the first to implement reflection 

tomography by inverting for reflection traveltimes using an inversion scheme that combines 

ray shooting and a gradient based technique to construct a 2D velocity model. Similar work 
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was published by Farra & Madariaga (1988) and Williamson (1990). Wide-angle tomography 

uses traveltimes of refracted waves from greater depths (e.g., refracted waves from the crust), 

which allows the imaging of the crustal structures of continents and margins around the globe 

such as in Canada (e.g., Hole, 1992; Kanasewich et al., 1994; Morozov et al., 1998; Zelt et al., 

2006), Europe (e.g., Riahi & Juhlin, 1994; Darbyshire et al., 1998; Bleibinhaus & Gebrande, 

2006), and in New Zealand (e.g., Davey et al., 1998; Scherwath et al., 2003). Geophysicists 

soon realized that reflection traveltime tomography alone does not resolve the trade-off 

between layer velocity and interface depth, therefore, they started performing joint inversion 

of reflection and wide-angle traveltimes (e.g., Wang & Braile, 1996; McCaughey & Singh, 

1997) as well as joint inversion of reflection traveltimes and amplitudes (e.g., Wang & Pratt, 

1997; Wang et al., 2000). Recently, there is a growing tendency to use wave-equation 

tomography instead of traveltime tomography because it can be more accurate (e.g., Harlan, 

1990; Woodward, 1992; Marquering et al., 1999; Montelli et al., 2004). The difference between 

traveltime and wave-equation tomography is that the former uses a high-frequency 

approximation of ray tracing that assumes that energy propagates along a “skinny” ray. The 

latter, on the other hand, assumes that the energy is propagated along a “fat” ray (Harlan, 1990). 

Even though wave-equation tomography is more accurate, it is considered more 

computationally expensive as it solves for the wave equation – linearized with either the Born 

or Rytov approximation – for each source. 

In earthquake seismology, after Aki & Lee (1976) pioneering work, local earthquake 

tomography became a standard practice in imaging subsurface structures in seismogenic 

regions. Even though the basics of local earthquake tomography haven’t diverted much from 

Aki and Lee’s original conceptual work, significant advances have been made such as full 3D 

ray tracing and iterative non-linear inversion (e.g., Eberhart-Phillips, 1990; Eberhart-Phillips 

et al., 2010), direct inversion for Vp/Vs or Qp/Qs ratio (e.g., Walck, 1988), constraining 3D 
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anisotropic velocity variations (e.g., Hirahara, 1988; Eberhart-Phillips & Henderson, 2004), 

and attenuation structure (e.g., Sanders, 1993; Tsumura et al., 2000; Eberhart-Phillips & 

Chadwick, 2002). Unlike the original work of Aki et al. (1977), teleseismic tomography – used 

to image the structure of the crust and lithosphere – mostly employs iterative non-linear 

inversion in combination with 3D ray tracing or wavefront tracking (e.g., VanDecar & Snieder, 

1994; Steck et al., 1998; Rawlinson et al., 2006).  

Forward Problem 

The forward problem of traveltime tomography consists of computing the traveltimes of 

arrivals (refractions, in our case) by tracing rays through an assumed background velocity field 

using the high frequency approximation of ray tracing. Shooting and bending (Aki & Richards, 

1980) are two methodologies used to compute seismic raypaths between two points. Shooting 

solves ray theory differential equations to connect the source point with the receiver point, 

whereas, bending uses Fermat’s principal to connect the source and receiver points (Waltham, 

1988). Both methodologies can be incomplete, inaccurate, or unstable. The ray shooting 

method, for instance, frequently runs into convergence problems and breaks down in complex 

areas like shadow zones. On the other hand, bending only computes one source-receiver pair 

at a time. A third methodology mitigates those problems, the shortest path (Moser, 1991). It is 

based on Fermat’s principle and uses network theory to compute paths and traveltimes along 

them that can be used as approximations to seismic raypaths.  

To improve the precision of traveltimes, a revisited ray bending methodology is also used 

(Moser et al., 1992) in combination with the shortest path method. In the ray bending method 

pioneered by Um & Thurber (1987), they minimize the traveltime (T) as a functional of the ray 

curve (γ). 
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T(γ) = &

ds
c!

 
(2.18) 

 

Moser et al. (1992) improves the method presented by Um & Thurber (1987) by using the 

gradient conjugate method to minimize T and define the optimal curvature γ. Using the shortest 

path in combination with the revised ray bending method (the traveltime methodology 

employed in this PhD uses this method) provides a reliable and accurate solution to the forward 

problem (Van Avendonk et al., 1998).  

Inverse Problem 

After tracing rays between sources and receivers through an appropriate reference model, the 

traveltime residuals (d), the difference between observed and predicted traveltimes for source-

receiver, is expressed as:  

 d = Gδm (2.19) 

The data vector d contains the traveltime residuals, matrix G is the Fréchet matrix, and δm is 

the model perturbation.  

Due to the nonunique nature of inversions, regularization is achieved by minimizing a cost 

function J that includes the data misfit in equation (2.19) with a norm for δm that limits the 

model roughness (Van Avendonk et al., 2004). 

 

J(δm) = .
C"
#	%&(Gδm − d)
λD(m + δm)

γIδm

.

&

 

 

 

(2.20) 

where C! is the covariance matrix defining data errors if they can be assumed independent,  λ 

and γ are the Tikhonov parameters, and D is the roughness matrix.  
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Tikhonov parameters (Tikhonov, 1977) are tuned to avoid artifacts and appropriately minimize 

the ," misfit. λ limits the model roughness and when damping the γI matrix, it limits the size 

of δm and suppresses modelling artifacts.  

An approximate δm is obtained by minimizing a cost function using a sparse matrix solver 

LSQR – e.g., Nolet (1985). Then, the ," is evaluated  
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(2.21) 

where N is the number of data points, t#$% and t&#! are the observed and modelled traveltimes, 

respectively.  

In practice, the user sets λ, γ, and ," to make sure that ," does not decrease drastically 

compared to the initial ," value. Because of the nonunique nature of inversion, ," misfit needs 

to be decreased slowly with an appropriate choice of the regularization parameters. This allows 

for a stable convergence and a robust inversion. Ideally, the final ," value should be 1 which 

corresponds to the error in data.  

Using equation (2.21) can be computationally heavy because it needs to perform forward 

modelling to compute the new modelled traveltimes, therefore, ," is estimated with the 

following equation:  

 
:& ≈

1
<
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#%&(?δm − d)= 
 

(2.22) 

where d is the data vector containing the traveltime residuals.  
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2.7.3 Full Waveform Inversion 

The FWI utilizes amplitude and phase information of all arrivals to invert for the elastic 

properties of the subsurface, whereas traveltime tomography only uses the traveltimes of 

selected events. Although sophisticated in theory, it is not always implemented in imaging the 

subsurface in exploration geophysics because it is computationally expensive and might not 

work at all. The biggest challenge with iterative nonlinear inversions is to achieve convergence 

to a global minimum. Inverting for real data using iterative nonlinear inversions can be 

challenging because there are uncertainties in the source wavelet estimation, and the exact 

survey geometry (e.g., array airgun vs point source and feathering).  Moreover, real data lack 

low frequencies and wide aperture (Neves & Singh, 1996) that are paramount in recovering 

intermediate wavelengths (Sirgue, 2006).  

Mainly, there are two reasons why the FWI provides a more detailed estimate of Earth’s 

velocity model: (1) unlike traveltime tomography, which only accounts for traveltimes of 

selected events, FWI takes into account amplitude information that is sensitive to variations in 

the subsurface. For instance, substituting brine by gas in a sedimentary rock will significantly 

change the amplitudes but might not affect the traveltime much. And (2) waveforms contain 

larger information than the traveltimes do of selected events. For example, a seismogram 

contains the traveltime information from one diving wave, and it also contains information of 

all types of arrivals, which means that there would be fewer velocity models that would fit all 

the waveforms compared to the sparse traveltime data (Schuster, 2017). 

Wave propagation depends on the Lamé parameters (µ and λ), density (ρ), attenuation (1/Q' 

and 1/Q%), and the anisotropy. Inverting for all those parameters renders the computational cost 

very heavy. It will also exacerbate the problem of nonuniqueness because of many unknowns 

that need to be determined from a limited coverage of data. Therefore, the wave equation is 

often approximated (e.g., acoustic, elastic, visco-elastic, and anisotropic) to invert for specific 
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properties. In our case, we use an isotropic elastic approximation of the wave equation (2.11). 

Even though marine streamer data have limited S-wave information, elastic modelling can 

handle converted and AVO effects that drastically affect data at far offset (Barnes & Charara, 

2009). 

Brief history 

Since 1980s, there was an effort to image the subsurface using complete seismic-wave 

propagation physics (Figure 2.6). As computers became more advanced, it became possible to 

keep the level of approximations of the wave equation to a bare minimum giving birth to a 

technique called the full waveform inversion. Lailly (1983) and then Tarantola (1984) showed 

that it is possible to process the seismic data using differential equations of the wave equation 

to estimate the P-wave velocities as well as all the viscoelastic properties. Solving the wave 

equation numerically makes calculating the amplitude and phase of all seismic arrivals 

possible. It also makes possible the estimation of the elastic properties of a solid by having an 

adequate model that can reproduce the entirety of the wavefield recorded.  

Lailly (1983) and Tarantola (1984) developed the adjoint-state method to mainly target  inverse 

problems in exploration seismology. This technique allowed for calculating the gradient of a 

misfit function with respect to a chosen set of model parameters. This was based on the 

convolution of the simulated forward and adjoint wavefields. The adjoint wavefield involves 

injecting time-reversed differences between observed and simulated seismograms at receivers. 

The computed misfit gradient is used to iteratively update the model. The FWI was not 

successfully applied until the 1990s (e.g., Pratt & Worthington, 1990; Igel et al., 1996; Pratt et 

al., 1996). Although the FWI was developed for active-source seismic exploration, it can be 

applied to earthquake seismology. Some of the foundational work of the FWI in earthquake 

seismology include that of Woodhouse & Dziewoński (1984) who modelled mantle waves 
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based on the path-average approximation and Nolet (1990) who employed a partitioned 

waveform inversion to invert for the fundamental-mode surface wavefield. Furthermore, the 

FWI could also be applied to near-surface geophysics (e.g., Gélis et al., 2007). It is worthy to 

note that in 1990s the 1D FWI was commonly used because it is less computationally expensive 

(e.g., Singh et al., 1993; Singh & Minshull, 1994; Pecher et al., 1996; Korenaga et al., 1997). 

The 1D FWI misfits (the difference between observed and synthetic data) are calculated in the 

frequency-slowness domain, and therefore a τ-p transform followed by a Fourier transform 

need to be applied to the observed time-offset (t-x) data before the inversion.        

 

Figure 2.6 A timeline showing major full waveform inversion developments. Adapted from 

Tromp (2020).  

 

Although the 2D FWI is elegant in theory, in practice, several simplifications are made to 

reduce the cost of computation. Those simplifications translated to applying the FWI to real 

datasets to reconstruct a single parameter such as 4( (e.g., Ravaut et al., 2004; Operto et al., 

2006; Jaiswal et al., 2009; Williamson et al., 2016) or to multiple ones in addition to 4(  such 

as density (e.g., Choi et al., 2008), attenuation (e.g., Song et al., 1995; Pratt et al., 2005), 
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anisotropy (e.g., Pratt et al., 2001; Pratt et al., 2008), and many others. Most of the recent 

applications of FWI to real datasets have been performed in the acoustic approximation to only 

invert for 4( because it is less computationally expensive, and its inverse problem is better 

posed than the elastic FWI as the only model parameter involved is 4(. 

Time or frequency FWI  

The FWI can be applied in the time and frequency domains. In the 80s, the FWI was developed 

and applied in the time domain (Tarantola, 1984; Gauthier et al., 1986; Mora, 1989; Crase et 

al., 1990). The first application of the FWI in the time domain encountered two major 

problems: (1) high computation cost which limited the number of iterations performed, and (2) 

seismic surveys that produced short-offset datasets. Not having wide-angle data limits the 

possibility of imaging long wavelengths, which renders the inversion process extremely non-

linear. At the start of the 90s, Pratt & Worthington (1990) proposed implementing the FWI in 

the frequency domain for long-offset seismic data. In this case, the observed data are converted 

to the frequency domain using the Fourier transform, and are a function of complex numbers. 

This approach allows for the reconstruction of long wavelengths, which drastically improve 

the chances of convergence to a global minimum. Moreover, in the frequency domain, the 

inversion can start from low frequencies and then gradually move up to higher frequencies. 

This multiscale strategy minimizes the non-linearity of the inversion. It is important to note 

that the multiscale approach is not specific to frequency domain FWI. Bunks et al. (1995) 

developed a similar approach for the time domain FWI. Another advantage of the frequency 

domain FWI is that it is less time consuming in 2D and very efficient for multiple sources. 

However, the time domain approach is better suited for 3D data (Sirgue et al., 2008) because 

the computational cost associated with solving the wave equation in the frequency domain 

drastically increases. In our investigations, we use a time domain 2D algorithm to be able to 

window different events. 



 

  76 

Forward Problem 

There are many popular numerical methods for solutions to the elastic wave equation. Two of 

the most widely used methods are finite difference, and finite element (Virieux & Operto, 

2009). Here, we present a staggered-grid finite difference scheme (Levander, 1988; Virieux, 

1986). The advantage of a staggered-grid finite difference over a finite difference solution on 

a regular grid is that it is more stable for large impedance contrasts.  

Finite difference  

In 2D, using Cartesian coordinates (x, z), equation (2.10) becomes  
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(2.23) 

Bamberger et al. (1980) and Stephen (1983) showed that solving 2nd order differential 

equations in finite difference methods in the case of solid-liquid boundary is unstable. A more 

efficient method would be rewriting equation (2.23) as a set of 1st order partial differential 

equations using v = )*
)+  (Madariaga, 1976; Virieux, 1986). 
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(2.24) 

 

To model wave propagation in a discretized grid, we use a Taylor series expansion to 

approximate derivative operators and compute the value of the wavefield at each grid point. 

We use a 2nd order approximation in time and 4th order approximation in space for 

computational efficiency (Dablain, 1986). A staggered grid method is used to handle large 

impedance contrasts; it consists of calculating values of parameters between the grid points 

(Virieux, 1986). Levander (1988) extended this approach to 2nd order in time and 4th order in 

space.  
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To ensure the stability of the inversion, the time step (dt) and the maximum frequency (f&,-) 

need to satisfy the following criteria (Levander, 1988) 

 
dt < 	

dx

√2V*8/
 

(2.26) 

 

 
f*8/ <	

V*,+
5dx

 (2.27) 

where dx is the grid spacing, V&,- and V&./ are the maximum and minimum velocities in the 

model, respectively.  

Free surface 

In marine seismic acquisition, ghosting – a multiple that occurs when seismic energy reflects 

off the sea surface before going downward – affects data. Therefore, it is necessary to model 

the ghost effect when solving the forward problem, so the modeled data match the observed 

data.  

The free surface boundary conditions assume that the values of stresses at grid points that are 

above and below the free surface are opposite and equal. This is antisymmetric mirror-image 

boundary to ensure the stress fields at the free surface to be equal to zero (Robertsson, 1996). 

Absorbing boundary  

The edges of the model can reflect incident waves back into the model causing an unwanted 

interference with the desired waves. To mitigate this problem, boundary conditions are set at 

the edge of the model to transmit incident waves, not reflect. The most widely used absorbing 

boundary conditions are partial differential equations at the boundaries that solve a one-way 

wave equation (Clayton & Engquist, 1977; Higdon, 1991),  a sponge damping zone that is five 

to ten wavelengths in thickness (Cerjan et al., 1985), and the perfectly matched layer scheme 
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(Berenger, 1994). In this project, we use the optimal boundary conditions, which is a partial 

differential equations absorbing boundary condition (Peng & Toksöz, 1995). The optimal 

boundary conditions are less computationally expensive but can fail at higher frequencies 

(Simone & Hestholm, 1998). Only frequencies on the lower end were inverted for in this 

project.  

Inverse Problem 

Objective function 

As mentioned before, FWI seeks the optimal model that minimizes the objective function, also 

called the misfit or cost function. Tarantola (2005) defines the objective function as follow: 

 \ = \%]^9:;<=><. , `(a)b + \&]a?=69=6 , ab (2.28) 

 

where <(01201 is the prior estimation that is a starting model, =3 is the misfit between observed 

and synthetic data, and =" is the model parameter regularization, which is used to regularize the 

inversion to avoid nonunique and unstable solutions.  

The first term (=3) can be defined as 
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For =3 to be minimized means its derivative with respect to each model parameters should equal 

to zero at the new model point 
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By making a Taylor expansion locally around the known model vector, we get 

 c&\%
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(2.31) 
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]a7bda7 = −
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(2.32) 

From equation (2.32), we can extract the model update ><4 by estimating the second and first 

derivative of the objective function with respect to model parameters. This is the full Newton 

approach, and is expressed as 

 f	da7 = −g (2.33) 

where ? is the Hessian, and @ is the gradient.  

The full Newton approach is never used in inverting seismic data because inverting for the 

Hessian requires large amounts of CPU time. Instead, geophysicists opt for gradient 

optimization techniques that do not need expensive computations to find the optimal solution.  

Steepest descent and conjugate gradient are two of the gradient techniques used in seismic 

inversion, we will use the latter in this project. 

Update direction 

The gradient of the objective function provides the direction of the model update in order to 

minimize the data difference. However, computing the gradient to obtain the direction of the 

model update is not possible with large datasets because computing partial derivatives of the 

seismic response to model parameters (Fréchet derivatives) requires many forward modelling 

steps. Instead, the adjoint method is used to compute the gradient (Fichtner, 2010; Plessix, 

2006) by cross-correlating the forward wavefield (forward modelling of the signal in the model 

from the shot) and backward or adjoint wavefield (propagation of the waveform residual in the 
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model from the receivers). This approach requires two steps of forward modelling in order to 

compute the gradient  

 
∇J = g = 8 & j

E
→	.

E
←ndt

F

G)H'4)

 
(2.34) 

where g is the gradient of the objective function, *→ and  *← are the forward and backward 

wavefields, respectively. 

Conjugate gradient 

The conjugate gradient method is a better alternative to the explicit computation of the inverse 

to the Hessian. It iteratively moves along descent direction that minimize the data residual. The 

conjugate gradient method of Hestenes & Stiefel (1952) is an efficient line-minimization 

method that searches along mutually conjugate directions.  

 
cg, = pg, +

pg,F(g, − g,#%)

pg,
Fg,

cg,#% 
(2.35) 

where cg is the conjugate gradient, p is a preconditioning operator, which smooths the gradient 

to avoid artifacts. It also compensates for energy loss.   

Model update  

After the computation of the conjugate gradient direction, the model is updated as follows:  

 m,1% = m, + η,cg, (2.36) 

                                                                                         
η = ϵ

]dIJK4 − d)L+b
F
(d)L+ − d'())

]dIJK4 − d)L+b
F
− ]d)L+ − dIJK4b

F 
(2.37) 

where ϵ is the perturbation and d'56+ are the data generated in the perturbed model. 

A summary of the full waveform process is in Figure 2.7  
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2.7.4 Convergence considerations 

To ensure a successful FWI, extra elements are needed to increase the chances of convergence 

to a global minimum.  

Initial model  

One of the major concerns when applying the FWI is cycle skipping. This occurs when the 

initial velocities of the starting model considerably differ from the true velocities, which results 

into shifting the modelled seismograms (i.e., traces) by one period or more. Cycle skipping 

leads to many local minima in the objective function which makes the FWI more prone to 

convert to a local minimum as opposed to a global one.  

A starting model with long-wavelengths components is a potential remedy to this problem. 

Refraction traveltime tomography (section 2.7.2), and wave-equation tomography are two of 

many methods that produce a starting model for the FWI with long-wavelengths components 

(Arnulf et al., 2014; Huot & Singh, 2018; Wang et al., 2014).  

Multiscale strategy    

Multiscale strategy comprises of iteratively inverting for low-frequency data to constrain the 

initial model. Applying a low-frequency filter to the data leads to a smoother objective 

function, making the convergence to a global minimum relatively fast. Higher frequencies are 

later added back into the filtered data to get a more detailed velocity model (Bunks et al., 1995). 

Following this approach avoids the cycle skipping problem as long as the velocity models at 

each iterations produce synthetic seismograms to within about half of a period.  Another 

multiscale strategy is inverting for certain events with limited offset and time windows. In this 

project, a combination of both is used.  

 



 

  85 

Estimation of the source wavelet 

The source wavelet is needed to model data with waveforms that are similar to that of observed 

data. There are several methods to estimate the source wavelet:  

1- Window and integrate over time the direct wave. In the case of marine acquisition, the 

free surface reflections interfere with the direct wave, therefore, the direct arrival 

waveform can be estimated by deconvolution or integration (Schuster, 2017).  

2- Isolating the seafloor reflection and stacking them over several traces and shots that are 

in a region of smooth topography (Arnulf et al., 2012; Arnulf et al., 2014). In this 

project, we use this approach.   

3- Design an objective function in which the knowledge of the source wavelet is not 

necessary (Lee & Kim, 2003). 
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   Figure 2.7 A detailed workflow of the full waveform inversion. Redrawn from Huot (2016)  
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Chapter 3: FWI as a tool for exploring gas 

hydrate systems 

This chapter is published in Interpretation as “Improved Imaging of Gas Hydrate Reservoirs 

and Their Plumbing System Using 2D Elastic Full Waveform Inversion”. 

 

3.1 Introduction 

Gas hydrates are ice-like compounds that form in marine sediments at low temperatures and 

moderate pressures (Sloan & Koh, 2007). Gas hydrates are abundant within continental slope 

sediments, especially in subduction zones (e.g., Hikurangi margin, east coast of New Zealand) 

because of the active production of fluids (O'Connor et al., 2010). This widespread existence 

of gas hydrates makes them a potential energy source (MacDonald, 1990; Kvenvolden, 1993a; 

Collett, 2002; Boswell & Collett, 2011) as it is thought that the amount of carbon stored in 

hydrates rivals that stored in all conventional fossil fuels combined (Kvenvolden & 

McMenamin, 1980; Kvenvolden, 1993b). Therefore, exploring for and characterizing gas 

hydrates has become a priority for many countries, for example in Japan, the United States, 

China and other countries (e.g., Collett et al., 2010; Ruppel et al., 2008; Collett & Boswell, 

2012; Awashima et al., 2008;  Konno et al., 2017; Collet et al., 2014; Collet et al., 2019; Liu et 

al., 2019), with the aim of tapping into a potentially vast amount of natural gas.  

The occurrence of gas hydrates on seismic profiles is established from observations of BSRs, 

which mark the base of the gas hydrate stability zone (Singh et al., 1993; Minshull et al., 1994; 

Pecher et al., 1996). For several decades, hydrates were evaluated based on BSR existence and 

the nature of its reflectivity. The latter is valuable when assessing hydrate prospectivity. For 
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instance, focused gas flow into the gas hydrate stability zone might manifest itself in the 

seismic profile as anomalous reflections between coherent, continuous reflections (Crutchley 

et al., 2015). This upward migration of gas into the gas hydrate stability zone is one of the key 

mechanisms in the formation of hydrates (Collett et al., 2010). Gas migration toward and into 

the gas hydrate stability zone often takes place along faults and fractures (Cook et al., 2008). 

Therefore, for the assessment of gas hydrate prospects, it is important to consider evidence for 

focused gas migration into the gas hydrate stability zone, whether along faults or dipping 

layers.  

Seismic velocity analysis is often used to quantify the nature of sediments and the type of the 

pore-filling fluid, and it has long been used to identify and characterize the distribution and 

extent of hydrates and free gas within marine sediments. Some velocity analysis approaches 

used to study gas hydrate deposits are: semblance velocity analysis (e.g., Fohrmann & Pecher, 

2012; Crutchley et al., 2015), ray-based tomography inversions (e.g., Hobro et al., 1998; Plaza-

Faverola et al., 2010; Crutchley et al., 2020) and 1D FWI (e.g., Singh et al., 1993; Pecher et 

al., 1996; Yuan et al., 1999). These conventional methodologies suffer from vertical as well as 

lateral resolution limitations. The semblance velocity analysis, for instance, does not offer 

much vertical resolution because of the small change in moveout from one reflection to 

another, and also suffers from 1D approximation (Yilmaz, 2001). The 1D FWI, on the other 

hand, can provide velocity models with high vertical resolutions, but fails to offer lateral 

resolution because it can only be applied to one CMP at a time. 2D elastic FWI is a powerful 

alternative to those methods as it provides high-resolution velocity models laterally and 

vertically by inverting for the full wavefield. FWI can be performed in the time domain, in 

which synthetically computed traces are compared to observed data (Gauthier et al., 1986; 

Mora, 1987), or in the frequency domain, in which the amplitude spectra of synthetic and 

observed data are compared (Pratt & Worthington, 1990). Acoustic FWI has been applied 
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successfully to seismic data in the Gulf of Mexico to quantify gas hydrates (Wang et al., 2018). 

The acoustic FWI result revealed a vertical velocity inversion at the BSR. Acoustic FWI was 

also applied to data from Krishna-Godavari basin in the east coast of India to study the controls 

on the distribution of gas hydrates (Jaiswal et al., 2012). Their results showed that gas hydrate 

distribution has structural and stratigraphic controls, and that faults can be rich in gas hydrate 

or free gas.  

In this study, we applied a 2D time elastic FWI (Shipp & Singh , 2002) on a 14-km long 

segment of a 2D multichannel seismic profile on the southern Hikurangi convergent margin, 

New Zealand. We compare the FWI velocity model to semblance- and tomography-based 

velocity models from the same data produced by Crutchley et al. (2015) and Crutchley et al. 

(2020), respectively. We discuss our new results in the light of gas hydrate formation. 

3.2 tectonic setting 

The 25 Ma Hikurangi Margin east of New Zealand (Figure 3.1b) is a part of the Tonga-

Kermadec Hikurangi subduction zone, and marks the westward oblique subduction of the thick 

and bathymetrically elevated oceanic Hikurangi plateau on the Pacific plate beneath the 

Australian plate (Cole & Lewis, 1981). The margin’s frontal wedge includes an inner highly 

deformed pre-subduction Cretaceous and Paleogene sequence covered with deformed 

Miocene-Recent basins, and an outer wedge of Plio-Pleistocene turbidites (Barnes et al., 2010). 

Our study area is located at the southern end of the Hikurangi margin in water depths ranging 

from ~1000 m to ~2700 m below sea level (Figure 3.1). The study area spans the deformation 

front of the margin, where there are large-scale thrust faults accommodating compression and 

leading to pronounced anticlinal closures. In addition to large-scale faulting, the deformation 

front (and farther seaward) is characterized by widespread small-scale proto-thrusts that have 

been described in detail by Barnes et al. (2018)
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Figure 3.1 (a) Location map across the southern Hikurangi Margin, New Zealand. Black box is the area shown on (b). (b) Enlargement of the 

southern Hikurangi Margin east coast of New Zealand. Black teeth on the plate boundary depict the westward oblique subduction of the pacific 

plate beneath the Australian plate. Orange line indicates seismic line 09-23 of the Pegasus data. Labelled vector is the relative plate velocities (mm 

yr-1 ) from the MORVEL plate motion project (DeMets et al., 2010). (c) Gray scale plot of PSTM of PEG 09-23 acquired in 2009 and 2010 by 

Reflect Geophysical under contract to the New Zealand Ministry of Economic Development. BSRs are indicated in cyan solid lines. Red dashed-

box (enlargement in Figure 3.10) depicts roughly the area of interest. Purple line is the interpreted décollement.  
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3.3 Seismic Data  

This study focuses on line PEG09-23 (Figure 3.1c) of the Pegasus Basin, data acquired in 2009 

and 2010 by Reflect Geophysical under contract to the New Zealand Ministry of Economic 

Development (Seward, 2010). M/V Reflect Resolution acquired the seismic reflection data 

using a streamer of 800 channels with a spacing of 12.5 m. The total volume of the airgun 

source array was 5400 in3 (41 L). Recording time of data was 12 s at a sampling rate of 2 ms, 

and shots were fired at a spacing of 37.5 m. The dominant frequency is 25 Hz. The vertical 

resolution around the BSRs for an average velocity of 2 km/s is ~20 m. PEG09-23 is oriented 

northwest/southeast. 

 

Figure 3.2 The workflow implemented to obtain high-resolution P-wave velocity model.  
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3.4 Methods  

Our methodology (Figure 3.2) consists of: (1) pre-processing, (2) source wavelet extraction, 

(3) traveltime tomography of the first arrivals to obtain large to intermediate velocity structure 

for the FWI and (4) FWI of refraction arrivals and reflection data to obtain a high-resolution 

Vp model.    

3.4.1 Pre-processing 

We preprocessed the data by suppressing noise while preserving the signal and in particular 

the low frequencies that are critical for inverting long and possibly intermediate wavelengths 

(Sirgue, 2006). Pre-processing is kept minimal for the 2D time domain elastic FWI (Shipp & 

Singh, 2002). The raw field data exhibited strong low frequency swell noise that we 

successfully removed by applying a fourth-order band-pass filter with corner frequencies of 3 

and 24 Hz, to satisfy the inversion stability criterion (equation 2.27) of a 12.5 m finite-

difference grid (Levander, 1988), and avoid dispersion. However, a certain amount of swell 

noise persisted in the data, and we did not attempt further suppression in order to avoid 

compromising the signal. 

Because we are inverting for amplitude and phase using a 2D elastic FWI scheme, an amplitude 

correction from 3D to 2D was applied (Pica et al., 1990). First, we multiplied the data by √t  

(where t is the two-way traveltime) to compensate for the geometrical spreading, then we 

convolved with !√# to correct for the phase. This approach is mainly valid for 1D profiles, but it 

sufficiently reduces the differences between observed and synthetic data (Arnulf et al., 2012; 

Wang et al., 2014).  
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3.4.2 Source wavelet  

A good estimation of the source wavelet is fundamental for a successful time domain FWI 

because an error in its estimation affects the synthetics and subsequently the misfit. In this 

study, the source wavelet was not measured during the MCS survey; therefore, we followed 

the methodology carried out by Arnulf et al. (2012) to recover an appropriate source wavelet 

from the stacks of the near three traces of several shots over the smoother region of line PEG09-

23. Figure 3.3a shows the resultant trace from stacking the near traces of shots in the region of 

interest. The seafloor reflection between 3.77 and 3.83 s was isolated and selected as the 

unfiltered source wavelet. Then, we filtered it using the same band-pass filter used during the 

downward continuation (Figure 3.3b and 3.3c).     

 

Figure 3.3 (a) Trace obtained from stacking the near three traces of multiple shots over the 

smoother region of PEG09-23. The seafloor reflection between 3.77 and 3.83 was selected as 

the unfiltered source wavelet. (b) Source wavelet filtered with the same band-pass filter used 

in the downward continuation. (c) Frequency spectrum of the source wavelet.  



 

  94 

3.4.3 Downward continuation 

Marine seismic data have strong seafloor and shallow sediment reflections that dominate early 

arrivals, as exhibited in Figure 3.4a, where clear refractions can only be identified at offsets 

greater than 9 km. This renders picking refracted arrivals for traveltime tomography 

challenging, which results in a poorly constrained velocity model. To tackle this problem, we 

apply downward continuation (Berryhill, 1979; Berryhill, 1984) to extrapolate both sources 

and receivers to a horizon slightly above the seafloor. This horizon is obtained by picking the 

seafloor reflection traveltimes along the profile, then converting them to depth using an average 

water velocity, and finally subtracting 75 m from the seafloor depth along the profile. This 

boosts refractions to become early arrivals for most of the offsets (Arnulf et al., 2012; Arnulf 

et al., 2014; Huot & Singh, 2018).   

The process of downward continuation comprises of: (1) extrapolating receivers for each shot 

to a depth of 75 m above the seafloor using a Kirchhoff implementation of downward 

continuation (Shtivelman & Canning, 1988; Larkin & Levander, 1996), (2) sorting the data 

into common receiver gathers to downward continue the shots to the same horizon. In order to 

use an accurate water velocity for extrapolation, we picked velocities that properly flatten the 

seafloor reflection on the semblance spectrum of multiple CMP gathers across the profile. A 

water velocity of 1486 m/s was used. Spatial aliasing is avoided by limiting the range of p 

values to 1/vmin and 1/vmax, v being the velocity, in the Kirchhoff migration. 

Results of downward continuation (Figure 3.4b) show more prominent refractions from 3 km 

offset, instead of 9 km offset on the original surface gather. This makes picking for traveltime 

tomography and windowing refractions and wide-angle reflections for the FWI a fairly straight-

forward process. Moreover, downward continuation makes wavefield modelling less 

computationally expensive because it eliminates the water layer and reduces the recording time 

from 8 s to 5 s. However, the far offset data (> 8 km) are rejected in the application of traveltime 
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tomography and FWI because they are diving at depths beyond our target depth, and are 

rendered unreliable due to the downward continuation process (Marjanović et al., 2017). 

Figure 3.4 (a) Raw shot gather at 54.5 km distance. (b) Shot gather after pre-processing and 

downward continuation. Refractions are marked with black arrows. Data beyond 8 km are not 

reliable, therefore rejected in the application of traveltime tomography and full waveform 

inversion. Areas in dashed orange boxes are the inverted portions of the data in full waveform 

inversion.   

3.4.4 Traveltime tomography 

The biggest challenge when implementing the FWI is the non-linearity of the objective 

function because of the complexity of the subsurface model and sinusoidal nature of the seismic 

wavefields (Guitton & Alkhalifah, 2013). FWI relies on a gradient-based update of the velocity 

model which renders it very sensitive to the presence of local minima. Therefore, it requires an 

initial velocity model that produces synthetic data that are within a half cycle of the field data 

(Virieux & Operto, 2009; Guitton & Alkhalifah, 2013). The semblance-based methodologies 

cannot provide a starting model that would produce synthetics which meet the previously 

mentioned criterion. Hence, we performed first arrival traveltime tomography on downward 



 

  96 

continued data to obtain an accurate and smooth starting model for the FWI, as it is critical to 

avoid cycle skipping (Virieux & Operto, 2009). Traveltime tomography inverts traveltimes of 

refractions and turning rays to retrieve Vp distribution. The traveltimes are computed by tracing 

rays through an assumed background velocity field using the high frequency approximation of 

ray tracing. We compute ray paths between sources and receivers using the shortest path 

approach (Moser, 1991) that utilizes Fermat’s principle and network theory. The weighted 

traveltime residuals are back propagated along the ray paths to update the model for the 

following iterations. The difference between observed data and synthetically computed data is 

minimized in a least squares sense (Van Avendonk et al., 1998; Van Avendonk et al., 2004). 

In this study, we used an updated version of the traveltime tomography algorithm of Van 

Avendonk et al. (2004). 

For the starting model for the traveltime tomography, we approximated a 6 km-deep 1D sub-

seafloor velocity model (averaged over 35 km of the line) and then attached this 1D model 

beneath the 2D seafloor reflection. We then discretized the model to a 12.5 m grid (Figure 

3.5a). To improve computational time efficiency, we picked and inverted every fourth shot 

(150 m interval), which amounted to 35747 traveltimes from 138 shots out of 553 total shots. 

To assure consistency in picking, we picked the peak of the first arrivals in the range of offset 

from 5 to 8 km in each shot gather and used picks from preceding shots as a guideline for 

successive shots. We accounted for a root-mean-square uncertainty of 10 ms, which originated 

from three sources of uncertainty in traveltimes: (1) uncertainty in the shot and receiver 

locations (~2 ms), (2) uncertainty in the bathymetry (~8 ms), and (3) uncertainty in traveltime 

picking (~4 ms) (e.g., Arnulf et al., 2014).   
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We performed 15 iterations to obtain the final model (Figure 3.5b). The ray diagram of the last 

iteration shows ray coverage ranging from 4.0 km to 4.7 km and is highlighted by a shadowed 

layer in Figure 3.5c.  The initial time residuals (Figure 3.6) vary between 0.2 s and 1.2 s. The 

positive residuals indicate that the velocity should be higher than the velocity of the initial 

model. The final time residuals decrease significantly in all parts of the profile to a range of 

±10 ms. 2D long-wavelength features of the anticline between 46 and 50 km start to emerge 

(Figure 3.5b). Velocities vary between ~ 1.6 km/s and 3.0 km/s to a depth of 4.2 km and are 

fairly consistent along the profile. 

Figure 3.5 (a) A 1D Vp model attached beneath a 2D seafloor. (b) Final Vp model after 15 

iterations of traveltime tomography. (c) Ray coverage of the shot in Figure 3.4. The shadowed 

area is the ray coverage limit.  
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Figure 3.6 Time residuals diagram. The initial time residuals (red) vary between 0.2 s and 1.2 

s. The final time residuals (blue) decreased significantly in all parts of the profile to a range of 

±10 ms.  

 

3.4.5 Full waveform inversion 

The FWI inverts seismic traces for the Earth’s elastic properties (Tarantola, 2005; Mora, 1987; 

Pica et al., 1990). Many methodologies have been proposed to model seismic data in the time 

domain e.g., finite-difference and finite-element methods, and in the frequency domain e.g., 

pseudospectral methods (Carcione et al., 2002). However, the finite-difference method is still 

the most popular for computing seismic data by solving the wave equation (Virieux & Operto, 

2009), and it is employed in the algorithm used here (Shipp & Singh, 2002). 



 

  99 

The elastic FWI minimizes iteratively the misfit between observed and synthetically computed 

data in a least-squares manner, where the misfit function S (Shipp & Singh, 2002) is expressed 

as 

where T is the two-way traveltime,  $$%& and $'($ are synthetic and observed data, respectively.  

We used a traditional approach to solve the inversion problem, in which we conditioned the 

steepest descent gradient using conjugate gradients. Conjugate gradient methods ensure a 

relatively fast convergence by using knowledge from previous iterations in order to avoid 

repeating the same search directions. We used the formulation of Mora (1987) to calculate the 

steepest descent gradient direction, in which the gradient direction for each Lamé parameter 

(δL) is derived from the crosscorrelation of the forward synthetic wavefield u(⃗  and the back 

propagated residuals wavefield ψ⃖(( 

 δL = ∑ ∫ dt(u(⃗ . ψ⃖(())
*+,-#+ . (3.2) 

The gradient (g) is a linear combination of the Lamé parameter gradients. The residuals 

between the synthetic, observed and the perturbed synthetic data are used to define the step 

length α (Pica et al., 1990), which is multiplied by the gradient to obtain the model update (m) 

at the iteration n + 1.  

A complete workflow of the FWI algorithm is in Figure 2.7.  
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Application 

The initial FWI V7 model is the final V7 model of the traveltime tomography. The initial V+ 

model was estimated using the empirical relationships found in Castagna et al. (1985) for low 

velocity values. Besides the starting velocity models, other inputs include preprocessed shots, 

and the source wavelet. We inverted for 14 km of profile with 37.5 m shot spacing and 12.5 m 

receiver spacing. The model consists of 2782 by 440 grid nodes. The first and last shots are at 

45 km and 58.28 km distance, respectively. We are showing the model between these distances 

(Figure 3.7).  

The inversion scheme is a multiscale frequency continuation strategy (Bunks et al., 1995). At 

a first stage, it focuses on far offsets from 4.9 to 7.5 km offset (refractions and wide-angle 

reflections) (Figure 3.4b), and at a later stage, it focuses on near offset reflections from 0 to 5 

km offset down to 6 s of surface data (Figure 3.4a). We invert for far offsets first to improve 

the background velocity model down to a depth of 4-5 km, then we invert for the near offsets 

using the resulting V7 model. The inversion was done for three frequency bandwidths, starting 

with 3 Hz-6 Hz, then 3 Hz-8 Hz, and finally 3 Hz-11 Hz.     

After applying the FWI on the far offset arrivals, the velocity model has significantly improved 

(Figure 3.7a). The global misfit for the first frequency bandwidth (3-6 Hz) was reduced to 9% 

(Figure 3.8). For the remaining frequency bandwidths, 3-8 Hz and 3- 11 Hz, the misfit 

decreased to 30% and 35% after 20 iterations, respectively. We begin to see some layering in 

the final @8 model because the wide-angle data contain wide-angle reflections. After inverting 

near offset reflections of surface data for the same frequency bandwidths, the resolution is 

further improved (Figure 3.7b). 

Vertically, the velocities reveal pronounced velocity inversions at the base of hydrate stability 

between 48 and 50 km (Figure 3.7b-c), where low velocities underlie high velocities, which is 
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a common observation at the bases of gas hydrate systems (Pecher et al., 1996). Younger basin 

strata above the hydrates have relatively low velocities. Laterally, in the same distance interval, 

there is a contrast in velocities going from high velocity to low velocity then high velocity 

again, which is an uncommon observation in velocity models using conventional 

methodologies. 
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Figure 3.7 (a) Far offset FWI Vp model. (b) Near offset FWI Vp model. Broken white line is 1D profile in c. Orange line is the maximum 

illumination depth. (c) 1D Vp model at 49 km distance showing the vertical velocity inversion at the BSR. Black is the 1D Vp profile of the 

tomography result. Red is the FWI Vp 1D profile.  
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Figure 3.8 Observed and modelled data of a shot at 54.5 km distance in the frequency 

bandwidth ranging from 3Hz to 6Hz. (a) Observed data (refractions and wide-angle 

reflections). (b) Modelled data after 30 iterations. (c) Initial residual. (d) Final residual. The 

global misfit was reduced to 9%. The final residual shows a major update in amplitude and 

phase.   

 

In order to show the robustness of the inversion results, we carried out a checkerboard test 

(Figure 3.9). The size of the checkerboard cell is 0.4 x 0.4 km (Figure 3.9a-c), and the velocity 

perturbation is ±5% assigned to a slightly smoothed DC data inversion final velocity model 

below the seafloor. Synthetic seismic data were generated by the finite difference code used in 

FWI. Then, we employed the same inversion procedure of the real downward continued data 

to obtain the velocity model. The checkerboard patterns were well reconstructed down to a 

depth of ~4.5 km in the region of interest (beneath Aorangi Ridge) (Figure 3.9b-d), which 

indicates the resolution of the FWI is better than the order of 0.4 km horizontally and vertically 

when implementing the downward continuation geometry and inversion strategy. It is 
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noteworthy that this approach does not account for additional smearing of anomalies that could 

result from the downward continuation process. 

 

Figure 3.9 Checkerboard test for the FWI method. (a) and (c) True model perturbed by 0.4 

km×0.4 km checkerboard patterns with ±5% perturbation. (b) and (d) Recovered model for 

anomalies of 0.4 km×0.4 km. Black boxes in (a) and (b) are enlarged in (c) and (d).  

 

3.5 Discussion 

The hydrates are hosted in strata folded into an anticline (Figure 3.10a-d) and thrust faulting is 

widespread near the deformation front. In Figures 3.10b and 3.11b we have labelled two faults 

close to the apex of folding beneath Aorangi Ridge – Faults 1 and 2. Fault 1 dips to the north-

west, penetrates the hydrate stability zone, and extends from ~4 to ~5 s. Fault 2 dips to the 

south-east, also penetrates the hydrates stability zone, and extends from ~4 to ~4.5 s. Both 



 

  105 

faults do not extend to the seafloor. The faults are proto-thrusts that are developing at leading 

edge of the deformation front. A detailed analysis of similar faults further north on the 

Hikurangi Margin has been provided by Barnes et al. (2018). In the case of line PEG09-23, we 

observe that the majority of proto-thrusts beneath Aorangi Ridge are located within the seaward 

(southeastern) limb of the anticline and are landward-verging (Figure 3.10).  These faults seem 

to be backhtrhusts and thus, connected to a seaward-verging proto-thrust fault (Figure 3.10b) 

which in turn reaches the subduction interface. Faults 1 and 2 are exceptions in this regard, in 

that they are located in the landward (northwestern) limb, close to the apex of the anticline. 

Fault 1 is seaward-vergent, while Fault 2 is landward-vergent. 

Figure 3.10 (caption on next page) 
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Figure 3.10 (a) PEG09-23 PSTM uninterpreted. (b) PEG09-23 PSTM interpreted after 

Crutchley et al. (2020). Solid black lines are thrust faults. Broken red line is the BSR.  

Enlargement of the broken green box is in (c). Broken blue line is in (d). (c) Zoom around the 

BSR to show fault 1 and 2. (d) A trace at 49 km distance showing the location and the polarity 

reversal of the BSR.   

 

We converted the final FWI velocity model from depth to two-way traveltime and 

superimposed it on the prestack time migration (PSTM) of the 14-km segment of PEG09-23 

(Figure 3.11a-b), to compare it to models obtained in two studies conducted by Crutchley et al. 

(2015) and Crutchley et al. (2020). In the 2015 work, the authors addressed gas migration into 

gas hydrate-bearing sediments using a tailored high-resolution semblance-based velocity 

analysis that uses an automatic picking routine on preprocessed CMP gathers. The part of their 

velocity model relevant to this study is given in Figure 3.11c. In the 2020 work, the authors 

employed an iterative 2D reflection tomography technique. Their processing sequence 

included filtering, CMP sorting, pre-stack time migration, automatic reflection traveltime 

picking, and 2D traveltime inversion of those picks. The portion of their velocity model that is 

relevant to this study is in Figure 3.11d. Although the semblance-based velocity analysis model 

(Figure 3.11c) is less constrained compared to the FWI result (Figure 3.11a-b), it still resolves 

a low velocity zone associated with free gas beneath the hydrate layer. The 2D reflection 

tomography (Figure 3.11d), on the other hand, produced a smoother velocity model and a 

pronounced low velocity zone beneath the gas hydrate stability zone compared to the 

semblance-based approach. Although all three methodologies – FWI, 2D reflection 
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tomography and the semblance-based velocity analysis – detected the vertical velocity 

inversion, there is a clear difference in their thicknesses and widths. 
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Figure 3.11 (caption on next page) 
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Figure 3.11 A comparison between the FWI, semblance-based and tomography-based velocity 

models. (a) FWI velocity model with no interpretation. (b) FWI velocity model with 

interpretation. (c) semblance-based velocity model (Crutchley et al., 2015). (d) tomography-

based velocity model (Crutchley et al., 2020). The velocity models are overlaid on top of the 

seismic data to compare the geological structure and the extent of the gas hydrate system. 

Dashed red line marks the base of the hydrate stability. Solid black lines are thrust faults. The 

FWI produced a smoother velocity model with a vertical velocity inversion beneath the gas 

hydrate stability zone that is associated with free gas beneath the hydrate layer. It also produced 

a lateral velocity inversion around fault one and two associated with free gas potentially 

migrating along those faults. Although the semblance- and tomography-based velocity models 

produced the vertical velocity inversion, they failed to produce the lateral one because of 

resolution limitations. The ability of the FWI to yield velocity models with better lateral 

resolution makes it an important tool when imaging the “plumbing” systems of gas hydrate 

reservoirs.   

 

The FWI’s vertical inversion has a thickness and a width of ~400 m and ~800 m, respectively. 

The low velocity zone of the semblance-based approach is ~800 m thick and ~1 km wide. The 

vertical inversion of the tomography methodology is ~600 m thick and ~800 m wide. It appears 

that the semblance- and tomography-based methods have exaggerated the extent of the low 

velocity zone beneath the BSR. We attribute this to the fact that reflection picks used to 

constrain both semblance and reflection tomography are relatively widely spaced in time (i.e., 

over multiple wavelets). The advantage of FWI is that all reflections are used for resolving the 

velocity model, which results in a better constrained velocity model.    
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 The importance of faults for gas migration into gas hydrate bearing sediments has been 

investigated widely (e.g. Hornbach et al., 2004; Nimblett & Ruppel, 2003; Riedel et al. 2010; 

Hillman et al. 2020). In terms of investigating shallow fluid flow in gas hydrate systems, it is 

important to compare the lateral resolution of the different velocity analysis methods presented 

in Figure 3.11. The only method that yielded a velocity model with lateral velocity variations 

that potentially provide evidence of focused fluid flow along faults into the gas hydrate stability 

zone is the FWI (Figure 3.7b and Figure 3.11a-b). The semblance-based velocity analysis 

technique produced a velocity model with reasonable vertical resolution because the auto-

picker was set to pick velocities at a vertical separation of less than 20 ms on a semblance 

spectrum. However, the method lacks lateral resolution because sorting shot gathers into CMP 

gathers causes lateral averaging of seismic reflectivity (Lindsey, 1989). The 2D reflection 

tomography, although better constrained than the semblance-based approach, it produced a 

laterally smooth velocity model because it inverts for traveltimes that are not as sensitive to 

small-scale variations in the subsurface as waveforms are. The FWI mitigates the lateral 

resolution issues by inverting for phase and amplitude instead of traveltimes, and by inverting 

for shot gathers up to several kilometers in offset instead of CMPs to avoid any reflectivity 

averaging. This means that the high lateral resolution that 2D FWI is achieving stems from 

adequately accounting for lateral velocity changes.  This includes heterogeneity across offsets.  

Our elastic method also accounts for changes of reflection coefficients with angle of incidence.  

We therefore consider the final velocity model from 2D FWI most accurate, compared to 

results from other methods, and thus, the lateral change of velocities across the fault as real 

effect.  

To investigate gas migration related to proto-thrusts beneath Aorangi Ridge, we place our FWI 

result into context of the proto-thrust network (Figure 3.11b and Figure 3.12a-b). On the 

seaward limb of the anticline, where proto-thrusts are landward verging (i.e., they dip seaward), 
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velocities above the BSR (Region D in Figure 3.12c-d) are relatively high – 300-400 m/s higher 

than the upper strata. Around the apex of the anticline, in the region of the up-dip extent of 

Fault 1 (Region B in Figure 3.12c-d), velocities above the BSR are relatively normal, which is 

an unusual observation because BSRs originate at the interface separating partially hydrate-

saturated sediments above sediments containing free gas, and therefore, the sediments above 

the BSR should have higher velocities. Beneath the BSR, Fault 1 extends into the low-velocity 

zone that has been imaged by all three seismic techniques, but best resolved with our FWI 

result (Region A in Figure 3.12c-d). In the region between Fault 1 and Fault 2 (Region C in 

Figure 3.12c-d), velocities are slightly higher (~150-200 m/s higher than the neighbouring 

strata).  In the northwestern limb of the anticline, between 50 and 52 km distance, a region of 

lower velocities (~200 m/s lower) at the BSR (Region A in Figure 3.12c-d) is edged in between 

two sedimentary layers of normal velocities. Based on these velocity observations, we propose 

a fluid migration model of the hydrate system beneath Aorangi Ridge (sketched in Figure 

3.12d). In the southeastern limb of the anticline, we interpret the high velocities around the 

densely spaced proto-thrusts as hydrate accumulation, as the result of gas migrating upward 

along the faults into the gas hydrate stability zone. Crutchley et al. (2015) conducted a velocity 

analysis along the same profile (PEG09-23) and determined that velocities higher than ~2500 

m/s indicate significant hydrate precipitation. The velocities around the up-dip extent of the 

proto-thrusts are ~2550 m/s. Moreover, we propose that most of the free gas has dissipated 

(“bled off”) through the proto-thrusts into the hydrate zone in the southeastern limb of the 

anticline, causing a weak BSR at the base of gas hydrate stability zone (Figure 3.10c and Figure 

3.12a). At the center of the anticline, we suggest, based on the well-resolved velocity structure 

around Fault 1, that the seaward-vergent proto-thrust is conductive to gas migration. We argue 

that gas-charged fluids migrated along Fault 1 were released into strata.  These gas-charged 

fluids could migrate along stratigraphy until they were trapped at the center of the anticline, 
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causing a highly reflective BSR (Figure 3.10c and Figure 3.12a). The relatively normal 

velocities at the apex of the anticline above the BSR suggest that there is little hydrate 

accumulation in that region. Gas-charged fluids may or may not continue to migrate along 

Fault 1 into the gas hydrate stability zone – individual faults would probably be too narrow to 

allow detection of gas within the faults in seismic images.  We propose gas migration from the 

fault into stratigraphic horizons is impeded by hydrate accumulation and thus, gas is not 

supplied laterally away from the fault, contrary to the region below the gas hydrate stability 

zone.  The slightly higher velocities of Region C could be the result of enough gas-saturated 

fluids being transported into the region between Fault 1 and 2, causing a moderate 

accumulation of hydrates. We interpret the low velocity region in the northwestern limb of the 

anticline beneath the gas hydrate stability zone as gas-charged fluids being funneled into Fault 

1 or potentially, across it.   

On a larger scale, our findings in this study are building on a previous suggestion that the faults 

beneath Aorangi Ridge act as preferential pathways of fluids (Crutchley et al., 2020).   The 

source of fluids is located at greater depth, however, the gas accumulated within the anticline 

closure is assumed to come out of solution at shallow depths or being generated close to the 

gas hydrate stability zone (Kroeger et al., 2015; Crutchley et al., 2020).  We, here, see evidence 

that within the gas hydrate stability zone, densely spaced faults or fractures are the preferred 

conduits for gas supply into the gas hydrate stability zone and thus, control distribution of gas 

hydrates.  
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Figure 3.12 (a) Enlarged seismic data plot of the hydrate system. Red arrows point to the BSR. 

(b) Enlarged velocity model of the same area as Figure 13a. (c) Schematic diagram showing 

the different velocity zones defined from the velocity model in Figure 13b. (d) Schematic 

diagram showing our interpretation of gas migration into a hydrate system. Gray lines are 

strata; broken black lines represent the proto-thrust faults. 
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Our FWI result is of great significance because it showed the complexity of gas hydrate 

systems, and provided a high-resolution velocity model, based on which we presented a 

detailed interpretation scenario for gas hydrate formation as a result of focused gas migration 

along very-small offset proto-thrusts in deforming accretionary wedges. Our results show that 

2D FWI, although computationally expensive, is: (1) an important tool when addressing the 

“plumbing” system of gas hydrates. The improved vertical and lateral resolution that the FWI 

provides means better imaging of faults (i.e., better detection of lateral velocity variations 

around faults) that may act as conduits along which gas-rich fluids migrate into the gas hydrate 

system, and (2) a valuable tool in addressing the complex relationship between fluid flow and 

faults that is the focus of numerous studies, such as slow slips in subduction zones (e.g., Bell 

et al., 2010; Wallace et al., 2012; Gray et al., 2019) and pockmarks research (e.g, Ostanin et 

al., 2013; Waghorn et al., 2018). In addition, implementing the 2D FWI on seismic data to 

produce high-resolution velocity models that may provide accurate information for well 

planning as many countries are drilling into hydrate systems and preforming production tests 

to extract methane from hydrates.  
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Chapter 4: FWI as a tool for investigating 

fluid flow 

This chapter has been submitted to the Journal of Geophysical Research under “Investigating 

Fluid Flow on the Southern Hikurangi Margin Using 2D Elastic Full Waveform Inversion” 

 

4.1 Introduction  

At subduction zones, fluids expulsion is the result of compaction and dehydration as sediments 

are buried and heated (Saffer & Tobin, 2011). Fluid expulsion from compacting sediments to 

the seafloor is often facilitated by faults (Bekins et al., 1995; Fisher & Zwart, 1996), which 

develop and maintain high porosity and high permeability by shearing, delayed consolidation, 

or hydrofracturing (Moore et al., 1998; Saffer & Bekins, 1999; Screaton et al., 2002). Recently, 

the complex relationship between fluid flow and faults has been the focus of numerous studies 

in subduction zones to understand seismogenic processes, including slow slip events, for 

example, at the Nankai Trough (Bangs et al., 2009; Tobin & Saffer, 2009), offshore Costa Rica 

(Bangs et al., 2015; Saffer, 2003; Sahling et al., 2008, Lauer & Saffer, 2012), and at the 

Hikurangi Margin, New Zealand (Bell et al., 2010; McCaffrey et al., 2008; Wallace et al., 2012; 

Barker et al., 2018; Warren-Smith et al., 2019; Arnulf et al., 2021). Furthermore, in New 

Zealand, focused fluid flow along faults and dipping strata is important for understanding gas 

hydrate formation (e.g., Crutchley et al., 2011; Pecher et al., 2017; Pecher et al., 2010; Plaza-

Faverola et al., 2016), and pockmarks on the Chatham Rise (Hillman et al., 2015; Waghorn et 

al., 2018; Stott et al., 2019).  
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The shallow portion of subduction zones are conventionally imaged using reflection seismic 

data that provide impedance contrast (the product of velocity and density) information between 

subsurface layers. The presence of fluid within sediments changes the impedance contrast and 

consequently the waveform of reflections. Along with sub-horizontal layering in sediments, 

faults can be imaged from offset reflections or (less commonly) directly as fault plane 

reflections. Therefore, on seismic sections, fluids have been inferred indirectly within faults 

and plate boundary zones based on polarity reversals and/or the brightness of reflections 

(Bangs et al., 1999; Bell et al., 2014). However, these anomalies need to be interpreted with 

care because impedance variations might also be caused by lithological variations in the 

subsurface (Brown, 2018). Hence, retrieving physical properties of the subsurface at high 

resolution can support and test indirect indicators of fluid presence and thereby shed light on 

fault mechanisms and fluid migration.  

Traditional velocity analysis and ray-based tomographic approaches provide limited 

information on fluid flow because they lack the resolution to image fine-scale features. A 

powerful alternative is the FWI, because of its capability to retrieve accurate and detailed 

subsurface models. FWI is a data-driven technique that uses the phase and amplitude 

information contained in seismic data to produce high-resolution physical models of the Earth. 

FWI can resolve geological features on velocity models down to between a quarter and half a 

wavelength (Virieux & Operto, 2009). The technique has been applied successfully to seismic 

data across the Nankai subduction zone (Kamei et al., 2012), revealing a low velocity zone 

interpreted as a pathway for large-scale fluid migration. FWI was also applied to data from the 

Sumatra subduction zone, showing a low velocity zone at the plate interface that connects to 

the frontal thrusts of the accretionary wedge and faults in the accretionary prism (Qin & Singh, 

2018). Gray et al. (2019) applied the FWI to data from the Hikurangi Margin, New Zealand, 

which revealed low velocity channels along faults potentially indicating fluid flow. Arnulf et 
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al. (2021) applied the 2D elastic FWI to data from the central Hikurangi Margin to constrain 

the physical conditions in a region of slow slip events. Based on their FWI results, they suggest 

that the central Hikurangi Margin is over-pressurized and that the region beneath the 

décollement is poorly drained.     

Here, we apply the 2D elastic FWI algorithm (Shipp & Singh, 2002) to 2D seismic data on the 

southern Hikurangi Margin, New Zealand.  Prior to FWI, we downward continue the data to 

the seafloor to enhance first arrivals (Arnulf et al., 2012), which are then used to constrain our 

starting velocity model using a tomographic approach (e.g., Arnulf et al., 2012; Arnulf et al., 

2014; Huot & Singh, 2018; Qin & Singh, 2018). This study aims to improve our understanding 

of dewatering of compacted buried sediments, preferred fluid flow paths, and diagenetic 

processes associated with migrating fluids at the Hikurangi Margin.    

4.2 Seismic data 

In 2009, The New Zealand Ministry of Economic Development, Crown Minerals, contracted 

the Reflect Geophysical company to acquire 2D seismic reflection data over the Pegasus Basin, 

off the East Coast of southern North Island (Seward, 2010). The M/V Reflect Resolution 

acquired the seismic reflection data using a 10-km long streamer containing 800 channels with 

a group spacing of 12.5 m. The total volume of the airgun source array was 5400 in3 (41 L). 

Shots were fired every 37.5 m, providing a nominal 133-fold coverage. Seventeen profiles were 

acquired, oriented northwest/southeast and northeast/southwest over the Pegasus Basin. This 

study focuses on profile PEG09-19 (Figure 4.1a-b).
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Figure 4.1 Inset is a map of New Zealand. Black box is the area shown in (a). (a) southern Hikurangi margin, New Zealand. Seismic survey lines 

of the Pegasus data (White lines). Thick black line indicates the seismic survey used in this study (PEG09-19). Australian plate motion and trench 

convergence rates are from Beavan et al., (2002) and Wallace et al., (2004), respectively. Red line is the approximate location of the subduction 

thrust, after Litchfield et al. (2014) (b) Pre-stack depth migration of PEG09-19. Seismic line processed by Plaza-Faverola et al., (2012).
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4.3 Geological background  

4.3.1 Tectonic setting 

New Zealand’s Hikurangi Margin marks the plate boundary where the 120 Ma old Pacific plate 

subducts westward beneath the Australian plate (Figure 4.1a) (Cole & Lewis, 1981). Existing 

legacy seismic data show that the plate interface on the southern Hikurangi Margin, where 

interseismic coupling is high, regionally forms along a high amplitude, continuous reflection 

which has been named Reflector 7 (Figure 4.2) (Plaza-Faverola et al. 2012; Barnes et al. 2018). 

At the Hikurangi Trough, the Hikurangi Plateau is being subducted, and its oceanic crust 

thickens southward from 10 km in the north to 15 km near the Chatham Rise (Wood & Davy, 

1994). The crustal structure of the Hikurangi Plateau was inferred from modelling of gravity 

and topography to be a basaltic large igneous province (Davy & Wood, 1994). The Hikurangi 

Plateau was formed as part of the largest oceanic plateau on Earth, the Ontong Java (ca. 122 

Ma ago) (Neal et al., 1997). Shortly after its formation, the Hikurangi Plateau rifted from the 

Ontong Java at ca. 120 Ma (Taylor, 2006) and it jammed the Gondwana convergent margin at 

ca. 100 Ma (Davy et al., 2008). Relative plate motion becomes increasingly oblique to the 

deformation front from north to south along the Hikurangi Margin (DeMets et al., 2010). The 

margin-perpendicular component of plate convergence decreases from 50-60 mm/yr in the 

North (east of northern North Island) to ~40 mm/yr in the South (east of southern North Island) 

(Wallace et al., 2004), near our study area.  

PEG09-19 (Figure 4.1b) was acquired on the southern Hikurangi Margin off the coast of 

Wairarapa and over the Pegasus Basin, where the Hikurangi Trough is ~65 km wide. Cenozoic 

sediments terminate abruptly against the accretionary continental slope to the northwest, and 

lie uncomfortably over the Hikurangi Plateau and Chatham Rise to the southeast, respectively 

(Cole & Lewis, 1981; Bland et al., 2015). The accretionary wedge consists of three distinct 

sedimentary units: the inner consists of Late Cretaceous and Paleogene formations that were 
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deposited before the initiation of the Hikurangi subduction. The outer wedge consists of 

imbricated thrusts of accreted Late Cenozoic trench-fill turbidites. The frontal wedge consists 

of deforming cover of Miocene to Recent shelf and slope basin sediments (Bland et al., 2015; 

Barnes et al., 2010; Lewis & Pettinga, 1993; Lewis et al., 1998). 

4.3.2 Pegasus Basin  

The Pegasus Basin is a NE-SW striking basin with a Neogene depocenter. It lies on the 

subducting Pacific Plate in the southern part of the Hikurangi Trough (Figure 4.1a). The 

northwest of the basin is underlain by the present Hikurangi subduction plate interface, and its 

southern boundary is defined by the Chatham Rise (Bland et al., 2015). The full extent of the 

Pegasus Basin is unknown, however satellite-derived gravity data suggests that it might cover 

an area of 50,000 km2 (Uruski, 2010). The Pegasus Basin might have originated as a part of the 

Gondwana subduction margin as an accretionary wedge or a for-arc basin (Uruski, 2010). The 

structure and stratigraphy of the Pegasus Basin show that it has been minimally deformed from 

Neogene to present tectonics (Uruski & Bland, 2011). The basin’s sediment thickness 

decreases eastward away from its sediment sources such as the Cook Strait Canyon (Lewis et 

al., 1998). The basement of the Pegasus Basin is metasedimentary rock named the Torlesse 

Supergroup (Figure 4.2, Table 4.1), which is a series of mass-flow successions (Uruski & 

Bland, 2011). The water depth over the Pegasus Basin ranges from 1000 to 3000 m, with much 

of the basin lying at depths greater than 2000 m. The sediments are 10 km thick near the 

deformation front.  
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4.3.3 PEG09-19 stratigraphic and structural interpretation 

We follow the stratigraphic interpretation of the southern Hikurangi Margin (Figure 4.2) of 

Plaza-Faverola et al. (2012) and Bland et al. (2015). Table 4.1 contains a summary of the 

stratigraphic interfaces along profile PEG09-19. The stratigraphic interfaces relevant to this 

study are Reflector 5, Reflector 7, and Sequence Y (Figure 4.2). Reflector 5 is interpreted to 

be a paleo-seafloor from the early Pleistocene (Plaza-Faverola et al., 2012). Reflector 5B marks 

a regional erosional unconformity beneath the Hikurangi Trough. The age of this horizon is 

not well constrained.  Reflector 7 is suggested to be a sequence of thin layers (Plaza-Faverola 

et al., 2016) and can be mapped regionally beneath the Hikurangi Trough marking the boundary 

between Miocene sediments and a compacted section of late Cretaceous-Early Oligocene 

sediments (Plaza-Faverola et al. 2012). It is estimated to be about 30 Ma (±5 Ma) old (Barnes 

et al., 2010). This reflection is an interval of thin layers, not a single interface, we therefore 

refer to it in this chapter as Reflection 7. Sequence Y, as referred to by Davy et al. (2008), is a 

strongly reflective Late Cretaceous-Early Oligocene (70-32 Ma) compacted sequence of 

alternating nannofossil chalks and mudstones. Reflector 8 is estimated to represent the top of 

the Hikurangi Plateau.  The décollement lies above Reflection 7, suggesting that lower ~3 km 

of sediments are subducted whereas the upper 7 km of sediments are accreted.  

In the NW of the profile, an anticline (Figure 4.3a) has caused the seafloor to be elevated by 

85 m. At the base of this anticline (Figure 4.2), proto-thrusts 6-8 km below the seafloor (bsf) 

offset some sedimentary sequences. There is a BSR at ~700 m bsf. BSRs are the seismic 

signature of the base of the gas hydrate stability zone (Minshull et al., 1994; Pecher et al., 1996; 

Singh et al., 1993). Above the BSR, we identify two reflectors with discontinuous reflections 

in the northern limb of the anticline (Figure 4.3b-c). Between those two reflectors, a 

sedimentary sequence is characterized by a zone of seismic blanking (highlighted on Figure 

4.3c). 
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Figure 4.2 (caption on next page) 
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Figure 4.2 Pre-stack depth migration of PEG09-19. Solid black lines are faults. Stratigraphic 

interpretation is explained in the text and summarized in Table 4.1. The stratigraphic 

interpretation is after Plaza-Faverola et al. (2012) and Bland et al. (2015).  

 

The flanks of the anticline have coherent, continuous reflections, but the center of the anticline 

is characterized by a zone of reduced seismic reflectivity that extends downward from the BSR 

and narrows toward Reflector 5 (1.2-2.7 Ma) (Plaza‐Faverola et al., 2012) (Figure 4.2). 

Beneath Reflector 5, the center of the anticline continues to have zones of reduced seismic 

reflectivity between more coherent reflectors. The base of the anticline shows SE dipping 

faults, clear above reflection 5B, indicating the presence of a fault tip along the plate interface.  

The BSR is also present at 500 m bsf close to the Hikurangi Channel (Figure 4.2). It extends 

from 52 to 85 km distance along the profile and crosscuts sedimentary structures. This BSR is 

in a sequence characterized by stacked high-amplitude reflections interpreted as channel sands 

and channel-levee sediments (Lewis & Pantin, 2002). Between 50 and 65 km distance, we 

identify another zone of reduced seismic amplitudes beneath the BSR.  

To the SE of the profile, Cretaceous sediments lie unconformably on the inactive Mesozoic 

Chatham Rise (Figure 4.4a-b). The Chatham Rise is a 1000 km long and 200 km wide flat-

topped submarine feature of the Zealandia continent (Mortimer et al., 2017). The Chatham Rise 

extends from the west of Banks Peninsula to the Chatham Islands in the east. The Hikurangi 

Trough is bordering the Chatham Rise to the north and the Bounty Trough to the south. It is 

reported that the northern margin of the Chatham Rise is a paleo-subduction forearc system 

where collision of the Hikurangi Plateau resulted in subduction terminating around 100 Ma 

(Davy & Wood, 1994; Reyners et al., 2011; Wood & Davy, 1994).
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Figure 4.3 (a) Pre-stack depth migrated section of the frontal anticline. (b) and (c) enlarged uninterpreted and interpreted region at the top of the 

anticline, respectively. Yellow arrows point to discontinuities of two reflectors above the BSR.  
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In our profile sediments down to 1-1.5 km bsf are inferred to be of Miocene to present age, and 

they are highly compacted (Plaza‐Faverola et al., 2012).  Several steeply-dipping faults are 

identified in this sequence and are laterally close together (Figure 4.4a-h). These faults do not 

extend to the seafloor and the horizons within the faulted sequence are highly reflective. These 

faults were interpreted as polygonal faults by Bland et al. (2015) on PEG09-17, and they are 

widespread on the Chatham Rise (Barnes, 1994; Bland et al., 2015; Waghorn et al., 2018; 

Klaucke et al., 2018). The mechanism of polygonal faults formation is not entirely clear and 

has been given numerous explanations such as density inversion (Henriet et al., 1991), vertical 

compaction (Gay & Berndt, 2007), gravitational collapse (Higgs & McClay, 1993), and 

contraction during dewatering (Cartwright & Lonergan, 1996). Despite the many explanations, 

there seems to be a consensus among researchers that polygonal faults occur in fine-grained 

sediments (Klaucke et al., 2018). Below the compacted sequence in the Chatham Rise, 

Reflection 7 extends landward and sits on the top of Sequence Y. 

Table 4.1 Summary of stratigraphic interfaces along profile PEG09-19. After Plaza-Faverola 

et al. (2012) and Bland et al. (2015).

Nomenclature Comments 

Reflector 5 (paleo 
seafloor_A) 

Pleistocene (1.2–2.7 Ma) (Barnes & Mercier de lépinay, 1997) 

Reflector 5B A regional onlap and erosional surface beneath the Hikurangi Trough. 
Late Miocene (?) 

Reflector 7 An interval of thin layers. Paleogene (?) 

Sequence Y Condensed sequence. Late Cretaceous‐Early Paleogene (70–32 Ma) 
(Davy et al., 2008) 

T Top of Torlesse basement (Bland et al., 2015) 

Reflector 8 Top of Hikurangi Plateau. Early Cretaceous (120–100 Ma) 
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Figure 4.4 (a) and (b) uninterpreted and interpreted pre-stack depth migrated section of the Chatham Rise, respectively. (c), (e) and (g) enlarged 

uninterpreted regions of the Chatham Rise. (d), (f) and (h) enlarged interpreted regions of the Chatham Rise. Solid black lines are faults.  
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 4.4 Methodology 

Four steps have been used as part of our FWI workflow; (1) downward continuation of the 

surface seismic data to the seafloor, (2) traveltime tomography of the first arrivals to obtain 

large to intermediate velocity structure for the FWI, (3) FWI of refracted arrivals and (4) FWI 

of reflected arrivals to obtain a high-resolution P-wave velocity model.   

4.4.1 Preprocessing 

Preprocessing of raw data is an important step for downward continuation and FWI. The 

processing is kept to a minimum to preserve the low frequencies present in the data while 

removing noise. The PEG09-19 shot gathers contained swell noise that we filtered out using a 

fourth order band-pass filter with corner frequencies of 4 and 24 Hz. We filtered the data to a 

maximum frequency of 24 Hz to respect the numerical stability dictated by the finite difference 

modelling (equation 2.26). We also resampled the data from 2 ms to 1 ms to respect a second 

stability criterion of the numerical modelling (equation 2.27). 

Because of the two dimensionality of the FWI code implemented in this study, we need to 

transform the data from 3D to 2D. This transformation is done by multiplying the data by √t 

and convolving them with 
!
√# to compensate for geometrical spreading and correct the phase, 

respectively (Arnulf et al., 2012; Arnulf et al., 2014). 

4.4.2 Downward continuation  

The first arrival refractions are generally used to constrain the background velocity via 

traveltime tomography. Even though our streamer length is 10 km, most refracted arrivals are 

hidden within the coda of the seafloor reflection and hence refractions can only be observed at 

offsets greater than 9 km (Figure 4.5a-b) and, in some shot gathers, greater than 7 km (Figure 

4.5c). If we were to implement the traveltime tomography on surface seismic data, we would 

have only a limited offset range, which would result in a poorly constrained velocity model, 
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especially in the upper part of the model (Huot & Singh, 2018). Therefore, we apply a DC 

algorithm to extrapolate sources and receivers to a horizon that is slightly above the seafloor 

(Arnulf et al., 2012). By doing so, the seafloor reflection is collapsed allowing refraction 

arrivals to be identified at near offsets, which leads to improved velocity analysis and imaging 

when applying traveltime tomography and FWI (Arnulf et al., 2012; Huot & Singh, 2018).  

The DC step consists of first extrapolating the receivers of the common shot gathers, followed 

by sorting into common receiver gathers and extrapolating the sources, and finally sorting back 

to the shot domain (Berryhill, 1984). An accurate water velocity for the extrapolation is needed 

– a velocity of 1486 m/s was picked as it flattened the seafloor reflection on multiple common 

midpoint gathers along the profile. The downward continued shots are near the seafloor and 

the refraction arrivals are now visible from ~3 km offset (Figure 4.6a-c). Data beyond 7 km are 

not used in the traveltime tomography nor in the FWI because they are rendered unreliable 

during the DC process (Marjanović et al., 2017). 

Figure 4.5 Examples of surface shots at (a) 34 km, (b) 56 km and (c) 93 km distance, 

respectively. The locations of the shots are marked as stars on Figure 4.1.
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Figure 4.6 Examples of downward continued shots at (a) 34 km, (b) 56 km and (c) 93 km distance, respectively. Refracted arrivals are boosted to 

near-offset, and now visible from ~3 km offset.  Data beyond 7 km offset is rejected in the traveltime tomography as well as the FWI.
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4.4.3 Traveltime tomography 

The FWI requires an accurate and smooth starting velocity model to avoid cycle skipping 

(Virieux & Operto, 2009). One way to obtain this is to perform traveltime tomography on first 

arrivals. The traveltimes are computed by tracing rays through an assumed background velocity 

field using the high frequency approximation. We compute ray paths between sources and 

receivers using the shortest path approach (Moser, 1991) that utilizes Fermat’s principle and 

network theory. The weighted traveltime residuals are back propagated along the ray paths to 

update the model for the subsequent iterations. The difference between observed data and 

synthetically computed data is minimized in a least squares sense (Van Avendonk et al., 1998; 

Van Avendonk et al., 2004). The algorithm used in this study is an updated version of Van 

Avendonk et al. (2004).  

Accuracy in traveltime picking is paramount to the success of the traveltime tomography. It 

can be done automatically or semi-automatically, but due to the complex nature of our real 

data, we decided to perform picking manually for every fourth shot (150 m interval); the total 

number of picked shots was 704 out of 2816. To ensure consistency in picking, we used picks 

from preceding shots as a guideline for subsequent shots. The starting velocity model we used 

was a smoothed version of the pre-stack depth migration (PSDM) velocity model from Plaza-

Faverola et al. (2012). We heavily smoothed the PSDM velocity model to the extent of 

becoming a 1D velocity model to avoid artifacts from a-priori information (e.g., low velocity 

zones) (Figure 4.7a). We smoothed the velocity model using a 5-point moving average and the 

horizontal length of the smoothing operator is the same as its vertical length.  We discretized 

the model at 12.5 m grid spacing (Figure 4.7a). We accounted for a root-mean-square 

uncertainty of 10 ms, which collectively accounts for : (1) uncertainty in the shot and receiver 

locations (~2 ms), (2) uncertainty in the bathymetry (~8 ms), and (3) uncertainty in traveltime 

picking (~4 ms) (e.g. Arnulf et al., 2014).  
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Twelve iterations of traveltime inversion were performed to obtain our final tomographic 

model (Figure 4.7b). Strong regularization was applied at each step to decrease the misfit and 

to avoid artifacts. We checked the reliability of the inversion after every iteration by plotting 

the ray diagram and verifying the smoothness of the velocity model produced. The ray 

coverage of the last velocity model is down to ~ 4-5 km depth (Figure 4.7b-c), with changes 

below the maximum ray coverage due to the smoothing operator. The final traveltime 

tomography model shows similar features to those recovered from the PSDM of PEG0919 

(Plaza-Faverola et al. 2012) down to a depth of 4-5 km. Velocities are relatively low in the 

northwest of the profile but increase dramatically starting from 90 km distance in the southeast. 

Analysing the velocity model laterally at 4 km depth, three low velocity zones (LVZ) emerge 

at 34, 69 and 80 km distance along profile (Figure 4.7d).   

The initial time residuals (Figure A1) are predominantly negative (they vary from -0.9 s to 0.2 

s) in the NW and central part of the profile (from 24 to ~94 km along profile), indicating that 

the starting model (Figure 4.7a) velocities were higher. To SE of the profile (from ~94 km to 

the SE end of the profile), the initial time residuals (Figure A1) are positive (they vary from -

0.2 s to 1.5 s), which indicate that the velocities should be higher than those of the initial model. 

The final time residual decreases significantly in all parts of the profile to a range of ±0.1s. 
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Figure 4.7 (a) PSDM velocity model of PEG09-19 rigorously smoothed. (b) Final p-wave 

velocity model after 12 iterations of traveltime tomography. The final traveltime tomography 

model shows similar features of those found in the PSDM of PEG09-19 down to a depth of 4-

5 km. The shadowed area is the ray coverage limit. (c) Ray coverage of shots at 34 km, 68 km 

and 93 km distance. (d) A 1D lateral velocity profile at 4 km depth between 24 and 85 km 

distance.  
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4.4.4 FWI 

FWI is a data driven imaging technique capable of retrieving, with higher accuracy, the 

velocities of the subsurface (Tarantola, 1984). FWI is a challenging technique when applied on 

large datasets because of the high computational cost, the presence of noise in the data, 

geological complexity, and the limited data acquisition coverage. The FWI implemented in this 

study models data in the time domain based on a staggered grid finite difference approximation 

to the elastic wave equation (Virieux, 1986), 4th order in space and 2nd order in time (Levander, 

1988), and it uses a least squares cost function for the inversion (Tarantola, 1987;  Shipp & 

Singh 2002).  

The FWI algorithm starts by computing the synthetic data of an initial velocity model and 

storing this forward wavefield at each time step. Then, it calculates the residual – the difference 

between the observed and synthetic data – and back propagates it in the model from the receiver 

to the shot position. This is defined as an adjoint wavefield; it is also stored at each time step. 

The gradient of every shot is computed by the adjoint state method by cross-correlating both 

wavefields (Plessix, 2006). The final gradient is the stack of all shot gathers’ gradients. To 

obtain a structurally accurate velocity model, a cost function is iteratively minimized. We use 

the conjugate gradient method to find the direction of convergence for the model update. The 

model is perturbed, and synthetic data are recomputed. The step length is defined and 

multiplied by the gradient to obtain the model update that is used as a starting model for the 

next iteration.  
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Convergence considerations 

To ensure a successful FWI, extra elements are needed to increase the chances of convergence 

to a global minimum. 

1. Initial model  

A smooth starting model with long-wavelength components is essential to avoid a major 

concern when applying the FWI – cycle skipping. Here, we used the final velocity model 

obtained by traveltime tomography as a starting velocity model for the FWI. The low traveltime 

residuals (Figure A1) gave us confidence that this starting model is a good representation of 

the long wavelength velocity structure in the data.  

2. Source estimation 

An accurate estimation of the source wavelet is fundamental for a successful time domain FWI 

because an error in its estimation affects the synthetics and subsequently the misfit. In this 

study, the source wavelet was not measured during the MCS survey; therefore, we followed 

the methodology carried out by Arnulf et al. (2012) to recover an appropriate source wavelet 

from stacks of the near three traces of several shots over a smooth region of line PEG09-19 

(i.e., from 44-64 km along profile). Figure A2a shows the resultant trace from stacking the near 

traces of shots in the region of interest. The seafloor reflection between 3.2 and 3.45 s was 

isolated and selected as the unfiltered source wavelet. Then, we filtered it using the same band-

pass filter used during the DC step (Figure A2b-c).    

3. Multiscale strategy  

This consists of inverting for low-frequency data to constrain the initial model, and then 

gradually adding higher frequencies back into the data to get a more detailed velocity model 
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(Bunks et al., 1995). The multiscale strategy also includes inverting for certain events with 

limited offset and time windows.  

Inversion strategy 

We inverted for every second shot along 86 km of the profile. We discretized the model with 

12.5 m grid spacing. Although the ray penetration depth is only down to 4-5 km, we chose to 

maintain the model’s original depth of 12 km. We inverted for 1141 shots spaced at 75 m. The 

inversion was conducted in parallel with one shot for each core on a supercomputer.  We 

modelled synthetic data down to 5 s record lengths.  

Wave propagation depends on the Lamé parameters (µ and λ), the density (ρ), and the 

attenuation (1/Qp and 1/Qs). Inverting for all those parameters is computationally expensive. It 

also exacerbates the problem of non-uniqueness, because of the larger number of unknowns 

that need to be determined from a limited coverage of data. Therefore, the wave equation is 

often approximated (e.g., acoustic, elastic, visco-elastic, and anisotropic) to invert for specific 

properties. In our case, we use an isotropic elastic approximation of the wave equation. We 

only invert for V!  and derive V" by an empirical relationship (Castagna et al., 1985) during the 

inversion. We did not invert for density, however, it is linked to V! by an empirical relationship 

(Gardner et al., 1974). Attenuation and anisotropy are not accounted for. However, the elastic 

modelling accounts for AVO effects that drastically affect data at far offsets (Barnes & Charara, 

2009). 

We applied the multiscale approach by windowing two events: far-offset arrivals which include 

refractions and wide-angle reflections, and near-offset reflections. We first invert for refraction 

and wide-angle reflections and then we invert for near-offset reflections of non-downward 

continued data.  We invert for near-offset reflections of surface data to avoid introducing any 

artifacts into the velocity models that might have been introduced by the downward 
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continuation process. We inverted for four frequency bandwidths – 4 to 7 Hz, 4 to 10 Hz, 4 to 

13 Hz and 4 to 16 Hz. We stopped at 16 Hz because the velocity model did not improve beyond 

this frequency. The far-offset arrivals were inverted first for each frequency range. The 

resulting model was used as an initial model for the inversion of the near-offset reflections. 

The near-offset inversion comprised of inverting up to 2 km offset and 5 s record lengths. The 

inversion was carried out for the same four frequency ranges.   

After the application of the FWI to the far-offset arrivals (Figure 4.8a), the velocity model was 

significantly updated (Figure A3 in Appendix A shows velocity model update progression from 

4-7 Hz to 4-16 Hz). FWI was able to better delineate LVZs at 34, 69 and 80 km distance 

because the far-offset arrivals contain wide-angle reflections. The global misfit was reduced to 

10% after 20 iterations for the first frequency bandwidth (4-7 Hz). The residual of the far-offset 

arrivals of shot 1901 at 34 km distance (Figure 4.9a-b) shows a major update in amplitude and 

phase (Figure 4.9c-f). The residuals of shot 2501 and 3501 at 56 km and 93 km distance, 

respectively, are shown in Figure A4 and A5. For the 4 to 10 Hz, 4 to 13 Hz and 4 to 16 Hz 

frequency bandwidths, the residuals were 19%, 39% and 43%, respectively.  

After applying the FWI to the near-offset reflections, the model was further improved (Figure 

4.8b). We observe the appearance of layered velocity structure between 24 and 64 km along 

profile, and the appearance of new LVZs between 90 and 110 km distance range from the 

seafloor down to ~4 km depth (Figure 4.8b; inset-1). The velocity model update progression 

for the inversion of near-offset reflections is in Figure A6. The near-offset residual of shot 1901 

for the first frequency bandwidth (Figure 4.10) shows an improved fit of reflections. The 

residuals of shot 2501 and 3501 at 56 km and 93 km distance, respectively, are shown in Figure 

A7. 



 

  137 

Figure 4.8 (a) Far-offset full waveform inversion P-wave model. (b) Near-offset full waveform inversion P-wave model. We observe the 

appearance of new low velocity zones and high velocity streaks between 94 and 100 km distance from the seafloor down to ~4 km depth (inset-

1). Dashed black line is the maximum illumination depth of the tomography. The shadowed zone represents the area with minimal updates during 

the full waveform inversion.
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Figure 4.9 Initial (a) and final (b) far-offset residuals of shot 1901 at 34 km distance. Initial 

(c) and final (e) modelling of traces at 5.5 km offset. Initial (d) and final (f) modelling of traces 

at 7 km offset. Black and red traces are observed and synthetic data, respectively.  

 

Figure 4.10 Initial (a) and final (b) near-offset residuals of shot 1901 at 34 km distance for the 

first frequency bandwidth (4-7 Hz).   
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4.5 Results quality assurance 

In order to show the robustness of the inversion results, we carried out a checkerboard test that 

is presented in Figure 4.11. The size of the checkerboard cell is 0.2 x 0.4 km. The velocity 

perturbation is ±5% assigned to the final DC inversion model below the seafloor. We generate 

synthetic seismic data using the finite difference code of the FWI. The geometry of sources 

and receivers follows that of real data after downward continuation. Once synthetic data are 

generated, we employed the same inversion procedure of the real DC data to obtain the velocity 

model. The checkerboard is well recovered down to ~3.5 km depth, which indicates the 

resolution of FWI can be better than the order of 0.2 km horizontally and 0.4 km vertically by 

the DC data geometry and inversion strategy. For an average P-wave velocity of 3 km/s and a 

frequency bandwidth of 4–16 Hz, the spatial resolution ranges from ~187.5 to 750 m. 

However, inaccuracies might arise in P-wave velocity recovery because of the several 

approximations assumed when propagating the seismic wavefield. For example, we do not 

account for anisotropy which might lead to overestimation in the vertical velocities (Gray et 

al., 2019), but we have taken into account the change in S-wave velocity, which are important 

for high velocity layers. In addition, there might be some loss of resolution that could have 

been caused by artifacts introduced in the application of downward continuation.  
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Figure 4.11 Checkerboard test for the FWI method. (a) and (c) True model perturbed by 0.2 

km×0.4 km checkerboard patterns with ±5% perturbation. (b) and (d) Recovered model for 

anomalies of 0.2 km×0.4 km. Black boxes in (a) and (b) are enlarged in (c) and (d).  
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4.6 PEG09-19 velocity character  

Superimposing the FWI high-resolution velocity model on the seismic image (Figure 4.12), 

shows that the structural and stratigraphic features are closely linked to velocity anomalies.  

The frontal anticline to the NW of the profile is characterized by two LVZs (Figure 4.12 and 

Figure 4.13a), LVZ2 and LVZ3. LVZ2 corresponds to the sedimentary unit right beneath the 

BSR and its velocity is ~200-400 m/s lower than that in the neighbouring strata. The anomalous 

amplitudes of the two reflectors above the BSR (Figure 4.13b-d) appear to coincide with zones 

of low velocities that are flanked by distinct bands of higher velocities.  LVZ3 manifests itself 

as several pockets between high velocity zones in the center of the anticline, the velocities of 

LVZ3 are 200-600 m/s lower than the neighbouring strata. The LVZ3 pocket at ~5.5 km depth 

has a lower velocity than the upper two. LVZ4 (Figure 4.12) is another velocity inversion 

beneath the BSR (between 52 to 85 km distance) that is about 30 km long.  

At the Chatham Rise (Figure 4.14a-c), within the compacted highly deformed sequence above 

Reflection 7 we observe steeply-dipping low-high velocity streaks on the order of ±1 km/s, 

which seems to be correlated with faults in the Miocene sediments (Figure 4.14d-l). These 

streaks are widespread across the Chatham Rise, and even at some locations where no faults 

are identified in the seismic images. 
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Figure 4.12 FWI result superimposed on the pre-stack depth migration of PEG09-19. Solid 

black lines are faults. Stratigraphic interpretation is after Plaza-Faverola et al. (2012) and Bland 

et al. (2015) 

 

 

.
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Figure 4.13 (a) FWI result superimposed on the pre-stack depth migrated section of the frontal anticline. (b) enlarged interpreted region at the top 

of the anticline. (c) and (d) FWI result superimposed on an enlarged uninterpreted and interpreted region of the anticline. Black arrows point to 

discontinuities of two reflectors above the BSR.  

 



 

  144 

Figure 4.14 (caption on next page)
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 Figure 4.14 (a) uninterpreted pre-stack depth migrated section of the Chatham Rise. (b) and 

(c) FWI result superimposed on an enlarged uninterpreted and interpreted section of the 

Chatham Rise. (d), (g) and (j) enlarged interpreted regions of the Chatham Rise. (e), (h) and 

(k) FWI result superimposed on enlarged uninterpreted regions of the Chatham Rise. (f), (i) 

and (l) FWI result superimposed on enlarged interpreted regions of the Chatham Rise. Solid 

black lines are faults.  

 

Reflection 7’s velocity character varies greatly from NW to SE. The velocity evolution of 

Reflection 7 from 65 to 108 km distance is shown in Figure 4.15 (±200 m of the solid white 

line in Figure 4.12). In the region beneath the Hikurangi Channel (65-84 km distance), 

velocities of Reflection 7 are low compared to the upper sedimentary units, and they remain in 

the range of 2.5 to 3.0 km/s. We define this as LVZ1 (Figure 4.12). From 85 to 90 km distance, 

there is a sudden jump in the velocities of Reflection 7 reaching up to 4.2 km/s. On the western 

end of the Chatham Rise (91-94 km distance), Reflection 7’s velocities drop back down to ~2 

km/s. Beyond 95 km distance (i.e., further to the southeast), the velocities increase again and 

remain fairly stable except for a slight drop between a 100 and 104 km distance. To the 

northwest of the profile (i.e., 24-60 km along profile), Reflection 7 extends to a depth beyond 

the imaging capabilities of our methodology. However, the PSDM velocity model produced 

by Plaza-Faverola et al. (2012) shows that LVZ1 extends deeper and ceases to exist before the 

proto-thrusts. Sequence Y has anomalous, widespread low velocity zones. With increasing 

depth of burial towards the NW, Sequence Y maintains its low velocity character except for a 

small portion between 91 and 94 km distance where the velocities increase. Between 65 and 

74 km distance, LVZ1 extends upwards to about 1 km (Figure 4.12). 
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The velocity of the thick channel sand sequence between 38 and 65 km distance (Figure 4.12) 

increases with depth. Exceptions to this are LVZ4 beneath the BSR and the two anomalous 

velocities (LVZ5) at ~5 and ~5.5 km depth that are ~29 km long beneath Reflector 5. LVZ5 

velocities are ~300-500 m/s lower than the neighbouring strata. 

 

Figure 4.15 Reflection 7 velocity evolution between 65 and 110 km distance. Reflection 7 

velocities fluctuate considerably from NW to SE. We interpret the low velocities as poorly 

drained sections and/or sections facilitating updip migration. The higher velocities are 

interpreted as well drained portions of Reflection 7.  

 

4.7 Discussion 

Focused, upper plate fluid flow in the Hikurangi Margin have long been studied to highlight 

changes to gas hydrate stability zone (e.g., Crutchley et al., 2011; Pecher et al., 2010; Pecher 

et al., 2017; Plaza-Faverola et al., 2016), to investigate the distribution of fluid seepage out of 

the seafloor (e.g., Barnes et al., 2010; Watson et al., 2020), and recently to shed light on new 

modes of fault slip behaviors such as slow slip events (e.g., Bell et al., 2010; Wallace et al., 

2013; Gray et al., 2019). The pressure gradients that drive fluid flow along faults can stem from 

long-term vertical and horizontal compaction (Townend, 1997). Short term strain associated 
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with slow slip events and earthquakes can possibly cause localized fluid pulses (e.g., Brown et 

al., 2005; Pecher et al., 2017; Plaza-Faverola et al., 2016). Below we discuss fluid flow of the 

Hikurangi Margin’s subducting plate.  

Anticline 

The reduction in seismic reflectivity beneath the BSR and in the center of the anticline suggests 

that the seismic wave energy is being absorbed (Figure 4.3a). Energy absorption is attributed 

to presence of fluids/gas (Mavko et al., 1979). The presence of a BSR at 700 m bsf and a 

velocity inversion beneath it (LVZ2) are common seismic observations that indicate partially 

hydrate-saturated sediments overlaying partially gas-saturated sediments (Minshull et al., 

1994; Pecher et al., 1996; Singh et al., 1993). Therefore, we attribute the reduction in seismic 

amplitudes beneath the BSR to the loss of energy due to the presence of gas. Vertical low 

velocity features flanked by high velocity bands that coincide with discontinuities in reflectors 

above the BSR (Figure 4.14a-d) may be an indication of gas-charged fluids migrating into and 

through the gas hydrate stability zone, but the upward migration of these fluids seems to be 

capped by the highly reflective sedimentary sequence that extends from ~2.3 to 2.7 km depth. 

Djeffal et al. (2021) applied the 2D elastic FWI on a hydrate system in the southern Hikurangi 

Margin and have shown that the FWI can resolve lateral velocity inversions associated with 

gas-rich fluids migrating into and through the gas hydrate stability zone.   

The accumulation of free gas beneath a low permeability hydrate layer suggests an up-dip 

migration of fluids. This is supported by low amplitudes at the center of the anticline (Figure 

4.3a) associated with reduced velocities (LVZ3) (Figure 4.13a) and chaotic reflections at flanks 

of the anticline. LVZ3 manifesting as pockets between high velocity zones, which suggests 

that fluids are trapped in sediments capped by low permeability layers acting as seals (e.g., 

Reflector 5) during the process of the upward migration of fluids along the fractures at the 
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anticline flanks. We suggest that the proto-thrusts beneath the anticline and fractures at the 

anticline flanks have facilitated the upward migration of pore water during compaction and 

also gas from potential thermogenic accumulations in the subducting sediments. The argument 

that the source of gas is thermogenic is in line with the modelling done by Kroeger et al. (2015) 

on line PEG09-19, in which they show that biogenic gas production and migration is limited 

to less than 5 km bsf, therefore any gas accumulation deeper than 5 km bsf would presumably 

have a thermogenic source. Our FWI result shows that LVZ3 extends beyond 5 km bsf (Figure 

4.13a), and therefore cements the suggestion that the source of gas-rich fluids in the frontal 

anticline of the Pegasus Basin is thermogenic.  

 

Reflection 7 and Sequence Y 

Reflection 7 maintains its high amplitude positive polarity from NW to SE with the exception 

of some portions where the reflections are blanked. Our FWI result (Figure 4.12) show 

anomalous low velocities (LVZ1) in the region and subregion of Reflection 7 (i.e., Sequence 

Y) extending from beneath the Hikurangi Channel to the Chatham Rise that suggests that fluids 

are escaping to the Chatham Rise. LVZ1 have been identified in a previous study from the 

same data set (Plaza‐Faverola et al., 2012), however, that low velocity zone (Plaza-Faverola et 

al’s LVZ1) only extends to 60 km distance. They suggested that Sequence Y is acting as a seal 

at that location and is prohibiting fluids from migrating upwards. Our FWI result negates that 

hypothesis and shows that Sequence Y is facilitating fluid migration to the Chatham Rise.  

Plaza-Faverola et al. (2012) interpreted LVZ1 as the manifestation of small amount of possibly 

thermogenic gas on line PEG09-19. On a line further north (05CM-38), Plaza-Faverola et al. 

(2016) suggested that fluid-rich over-pressured sediments might explain LVZ1. The FWI result 

between 65 and 84 km distance, where the velocities are ~2.5-3 km/s (Figure 4.15), shows that 
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the cause of LVZ1 might be due to: (a) the presence of thermogenic gas and (b) poorly-drained 

sediments. Between 65 to 74 km distance (Figure 4.2 and Figure 4.12), a seismic blanking zone 

(highlighted on Figure 4.2), similar to those on the anticline associated with LVZ1, extends 

vertically from Reflection 7 to ~4 km depth. Reflectors to the NW and SE of this seismic 

blanking zone are coherent and continuous. Because of the similarities between this portion 

and the anticline’s seismic blanking, we interpret it as an evidence of the presence of gas that 

is migrating upward to the BSR above, producing LVZ4. We also hypothesize that gas is 

migrating laterally to the NW leading to LVZ5. Furthermore, we argue that the sediments in 

this section of Reflection 7 and Sequence Y are over-pressurized because of the sediment 

thickness above them (~3 km thick).  

From 74 to 84 km distance, LVZ1 is capped by a sequence of high velocity sediments. 

Therefore, we interpret this section as evidence for over-pressured fluids due to poor drainage 

that might also contain a small amount of gas (e.g., Plaza-Faverola et al. 2012; Kroeger et al. 

2015). A similar observation of relatively stable velocities (~2-2.5 km/s) on a line further south 

of ours (PEG09-05) was also attributed to fluid-rich over-pressured sediments (Crutchley et 

al., 2020). To the SE, from ~85 km distance onwards, high velocities of Reflection 7 are likely 

due to better drainage facilitated by fluids migrating upwards along the faults and fractures in 

the Chatham Rise. We interpret the small low velocity portions of Reflection 7 (~91-94 km 

distance and ~100-104 km distance) as portions facilitating the drainage of Sequence Y through 

small-scale faults and fractures into the fault network of the highly deformed Chatham Rise.  

Chatham Rise 

The highly deformed Chatham Rise is characterized by steeply-dipping high-velocity 

anomalies (HVA) adjacent to low-velocity anomalies, many of which correspond to faults in 

the reflection image (Figure 4.14). A number of these steeply-dipping faults extend to 
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Reflection 7 (Figure 4.14d, g and h), which from ~85 km distance southeastward is 

characterized by a high velocity. Therefore, we suggest that faults in the Chatham Rise are 

facilitating the drainage of Reflection 7 and Sequence Y, thus acting as fluid-migration paths. 

Although some of the low-velocity zones do not correspond to any faults on the PSDM image, 

we suggest that they, too, act as fluid-migration pathways. In locations where low-velocity 

zones do not correspond to faults may be due to the fact that the PSDM incorporates reflectivity 

averaging in its processing sequence, therefore its lateral resolution is diminished and prohibits 

imaging of these steeply-dipping features. The low-velocity zones resolved along the faults 

may indicate that these are zones of high porosity. Faults in the Chatham Rise acting as fluid 

conduits are not unique to its northern region; Waghorn et al. (2018) studied seafloor 

depressions using 3D high-resolution seismic dataset on the southern Chatham Rise to establish 

a link between the underlying fluid flow and seafloor depressions. The authors concluded that 

fluid flow facilitated by polygonal faults caused the buried pockmarks (i.e., seafloor 

depressions) in the paleo-seafloor. It is worthy to note that fluid flow on the Chatham Rise has 

been the central focus of numerous studies with the hope to determine the cause of pockmarks 

(e.g., Davy et al., 2010; Hillman et al., 2015; Stott et al., 2019). Many hypotheses were put 

forward to determine the mechanism of their formation such as ground water-seepage (Hillman 

et al., 2015), and CO2 release (Stott et al., 2019), however, their formation mechanism is still a 

mystery.  

The HVAs around the faults are anomalously high (up to 4 km/s) (Figure 4.14c, f, i and l); they 

have an approximate height of 700 m and a width of ~200 m. We consider these HVZ streaks 

in the Chatham Rise are real for two reasons: (1) the checkerboard test resolved 200 x 400 m 

velocity anomalies well to a depth of ~3.5 km, and (2) our elastic method achieves higher 

vertical and lateral resolution because it adequately accounts for lateral velocity changes as it 

inverts for shot gathers up to several kilometers in offset. However, our checkerboard test also 



 

  151 

shows there is some vertical smearing at this resolution and thus, the exact vertical extent of 

the high-velocity anomalies is less constrained.  

We suggest the HVAs may be linked to one of the four candidate mechanisms. These candidate 

mechanisms can be categorized as follows: compaction, diagenetic processes involving the 

sediment matrix and two types of diagenetic processes involving pore fluids (Figure 4.16). The 

first possible process falls under the compaction category (sketched in Figure 4.16a). It could 

have occurred during the formation of polygonal faults. Although the mechanisms of polygonal 

fault formation are still debated, Cartwright (2011) argues that one of the possible mechanisms 

is an abrupt and rapid change in physical properties of sediments leading to a reduction in 

porosity and triggering shear failures. Hence, a reduction in the porosity of sediments increases 

the velocities. The velocities we observe at the flanks of the faults range from ~3.5 to 4.0 km/s, 

and therefore a significant reduction in porosity is required to explain such high velocities. As 

a result, we argue that it is unlikely that a reduction in porosity caused by dewatering and 

subsequent compaction around the faults would yield high P-wave velocities in the order of 4 

km/s. 

The second possible process is the transformation of opal-A (amorphous) to opal-CT 

cristobalie and tridymite). This process is diagenetic that involves matrix sediments and could 

possibly be affected by pore fluids (sketched in Figure 4.16b). The diagenetic change in silica 

from opal-A to opal-CT occurs by a dissolution-reprecipitation reaction and its rate is increased 

by temperature (Wise et al., 1972; Davies et al., 2008). Other factors that influence the reaction 

rates include host-sediment surface area, sediment composition, and pore water chemistry 

(Davies et al., 2008). Silica diagenetic reactions occur in the first 1000 m of burial of 

biosiliceous sediment (Ireland et al., 2010). In young sediments, conversion takes place at 

temperatures of 40 to 55 °C (Ireland et al., 2010). Previous research has shown that the width 

of the reaction zone is controlled by the host-rock composition (Kastner et al., 1977; Isaacs, 
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1982). In pure diatomites with little heterogeneity, the diagenetic reaction happens at a faster 

rate in a narrow reaction zone. However, heterogeneous formations with differing 

concentrations of opal-A, opal-CT conversion happens at a slower rate and at different depths 

making the reaction zone wider (Davies et al., 2008). Because opal-A to opal-CT 

transformation increases bulk density and P-wave velocity, the reaction zone is often imaged 

on seismic data as moderate- to high-amplitude reflections. In the Chatham Rise, between ~2.2 

and 2.8 km depth from 95 to 109 km distance, reflections are chaotic and characterized by high 

amplitudes (Figure 4.4a, c, e, and g) which implies that the formations are heterogenous and 

associated with highly reflective material. Furthermore, in that depth range, thermal modelling 

conducted by Kroeger et al. (2015) suggests that temperatures range from 30 to 60 °C. 

Moreover, to the NW of the Chatham Rise (i.e., between 95 and 98 km distance), velocities 

between ~ 2.2 and 2.8 km depth range from ~3 to ~3.5 km/s (Figure 4.14b). To the SE where 

faults are present (i.e., between 98 and 109 km distance), velocities reach ~4 km/s. The seismic 

response, thermal modelling and FWI results suggest that the region between ~2.2 and 2.8 km 

depth from 95 to 109 km distance might be the reaction zone. In addition, the high velocities 

in the reaction zone could be a result of opal-A to opal-CT reaction and the HVA streaks in the 

highly deformed sediments could be the result of a more advanced opal-CT conversion due to 

the warmer fluids being transported along faults. However, for this be to the case, fluid 

migration along faults and the associated thermal anomalies need to be sustained for millions 

to tens of millions of years as the transformation of opal-A to opal-CT is slow (Kastner & 

Siever, 1983). Thus, we suggest two possible scenarios: (1) the HVAs are caused by silica 

diagenetic reactions and that Reflection 7 and Sequence Y have been dewatering for millions 

of years; and (2) the HVAs are unlikely to be caused by the transformation of opal-A to opal-

CT.  
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Figure 4.16 Sketch of the candidate mechanisms responsible for the high velocity anomalies 

around the faults in the Chatham Rise. 

 

The third candidate mechanism is a hydrocarbon-related diagenetic process (a diagenetic 

process involving pore fluids) (Figure 4.16c). Hydrocarbon carbon diagenesis occurs when 

hydrocarbons migrate upwards into shallower formations are oxidized by bacteria (O’brien & 

woods, 1995). Hydrocarbons’ biological oxidation occurs at shallow depth of burial (< 300-

500 m) (O’brien & woods, 1995) and yields localized, intense carbon cementation, which 

increases acoustic impedance (Hovland & Judd, 1988; O’brien & woods, 1995; Ligtenberg, 

2005).Although the FWI result shows that Sequence Y is potentially facilitating the upwards 

migration of gas (probably methane) to the Chatham Rise, and that the fault system is 

potentially facilitating the upward migration of hydrocarbon-charged fluids into the Chatham 

Rise, we argue that the HVA streaks are unlikely to be caused by hydrocarbon oxidation via 
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sulfate reduction because those features are beyond the depth where the oxidation via bacteria 

would occur.  

The final possible diagenetic process is the precipitation of carbonates at the flanks of the faults. 

This also falls under a diagenetic process involving pore fluids. This scenario stems from a 

hypothesis put forward by Stott et al. (2019) in which they speculate that pockmarks on the 

Chatham Rise are due to the release of CO2 instead of CH4 . The authors attribute the source of 

CO2 to the dissociation of limestones that subducted beneath the Chatham Rise during the Late 

Cretaceous. This hypothesis renders the Chatham Rise a carbon capacitor that accumulates 

carbon during glaciations and releasing carbon to the ocean during glacial terminations (Stott 

et al., 2019). Based on this hypothesis, we suggest that the fault system facilitated the depletion 

not only of pore water during compaction but also CO2 from a deep subsurface carbon 

reservoir. In addition, we suggest that water and CO2 may cause carbonates to precipitate at the 

flanks of the faults rendering the velocities around the fault to be very high. It is suggested that 

an influx of deep Earth CO2 from a non-sedimentary source resulted in the formation of the 

carbonate cement dawsonite (NaAlCO3(OH)2) in the Upper Triassic sandstones of the Lam 

Formation in Yemen (Worden, 2006). Furthermore, carbonate precipitation (calcite, dolomite, 

and dawsonite) has been suspected as a routine consequence of injecting CO2 storage into the 

subsurface for greenhouse reduction (De Silva et al., 2015). It is important to note that drilling 

in the Canterbury Basin offshore New Zealand showed that dawsonite is present (Blanke, 

2015). 

4.8 Summary of fluid migration paths 

The presence of the widespread low velocity zones along profile PEG09-19 indicates the 

complexity of fluid flow in subduction zones. Based on our FWI results and the previous work 

done by Plaza-Faverola et al. (2012), we present a summary of the preferential paths of fluids 

across the Hikurangi Margin (Figure 4.17). To the NW, gas-rich fluids (probably methane) are 
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migrating upwards along thrust faults at 9-12 km depth due to compaction and compression 

reaching Reflection 7. We propose that Reflection 7 is dewatering and facilitating the upward 

migration of gas-rich fluids through fractures and small-scale faults into the anticline. The 

presence of LVZ2 and LVZ3 indicate that the proto-thrusts are the preferred paths for the gas-

rich fluids. The presence of LVZ5 beneath reflector 5 suggests that fluids are migrating to the 

SE along Reflection 7 and escaping upwards into the buried sands through permeable layers. 

It also suggests that gas-charged fluids are spreading laterally away from the anticline. We 

argue that gas content of the fluids migrating along Reflection 7 is reduced considerably when 

it reaches the Chatham Rise. We suggest that a considerable amount of the gas migrates into 

the Hikurangi Trough to form the hydrates indicated by the presence of the BSR and LVZ2 

and LVZ4. At the Chatham Rise, Reflection 7 and Sequence Y are dewatering along faults.
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Figure 4.17 A summary for fluid migration paths for PEG09-19. Cyan regions are the different low velocity zones produced by the FWI. Orange 

arrows are interpreted fluid drainage pathways.  
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Chapter 5: Conclusions, challenges and 

future work 

 

This is thesis project focuses on characterizing gas hydrate deposits and upper plate fluid flow 

on the tectonically active Hikurangi Margin of northeastern New Zealand using the 2D elastic 

FWI.    

The FWI is a challenging data-driven technique based on full-wavefield modelling to extract 

the physical properties of the subsurface from seismograms. The FWI is capable of producing 

velocity models at half the propagated wavelength. Advances in computer power and multifold 

seismic acquisition make the FWI feasible today. Key elements of FWI are a robust forward-

modelling tool, a differential approach capable of efficiently estimating the Hessian, and a 

smooth, accurate starting model.    

In this thesis, the FWI was implemented in combination with downward continuation and 

traveltime tomography to (1) investigate the possibility of using it as a tool to explore for gas 

hydrates, and (2) shed light on fluid flow on the southern Hikurangi Margin, New Zealand. In 

Chapter 3, the FWI was applied to 2D multichannel reflection data of a hydrate system on the 

southern Hikurangi Margin. The FWI results were compared to velocity models of the same 

dataset produced using semblance- and tomography-based approaches. The most striking 

difference is the ability of the FWI to yield velocity models with improved lateral resolution 

because, unlike conventional velocity analysis methods, the FWI inverts for phase and 

amplitude and its processing sequence does not incorporate averaging of reflectivity or 

smoothing of any kind. I also presented an interpreted scenario for the migration of gas in 
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hydrates systems in which I proposed that: (1) a single fault that is surrounded by low velocities 

appears to facilitate supply of gas-charged fluids into the anticline, but (2) there is little hydrate 

precipitation above the BSR at the apex of the anticline; however, (3) the closely spaced proto-

thrusts to the East of the anticline seem to transport gas-charged fluids that formed the hydrate 

deposits above the BSR marked by high velocities. These findings underline the significance 

of faults and fractures as conduits for gas into the gas hydrate stability zone controlling gas 

hydrate distribution.  This study shows that enhanced vertical and lateral seismic resolution 

allows the imaging of faults that could act as conduits for free gas, making FWI an important 

tool when imaging the “plumbing” systems of gas hydrate reservoirs.   

After showing that the FWI is a robust tool for high-resolution velocity model building, I 

applied it to a second 2D multichannel seismic data on the southern Hikurangi Margin to 

investigate fluid flow. The FWI result offers a view on the preferential paths of fluids within 

the subduction zone. In addition, the results confirm that the upper plate, in proximity to the 

deformation front prior to subduction, is dewatering, evident by the presence of the widespread 

low velocity zones across the Hikurangi Margin. In the Hikurangi Trough, I attribute these low 

velocity zones to gas-rich fluids, possibly thermogenic methane. In the Chatham Rise, I suggest 

that anomalously high velocities that mimic the dip of faults are a result of diagenetic process 

that could be either a compaction, opal-A to opal-CT transformation or precipitation of 

carbonates. The NW to SE analysis of the velocity character of reflection 7 and Sequence Y 

shows that reflection 7 is poorly drained in the Hikurangi Trough and well drained in the 

Chatham Rise because of the presence of faults that penetrate down to reflection 7. In addition, 

it shows that Sequence Y is not acting as seal for fluids as has been previously thought. 
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Challenges and limitations of the method 

Even though an elastic full waveform inversion was used, only the P-wave velocities were 

inverted. This is because pressure data contain poor information on S-wave velocities and the 

converted phase is weak compared to the P-wave energy. The method does not take into 

account anisotropy which is a factor that might affect the results especially in the Chatham 

Rise where complex faulting occurs. However, incorporating anisotropy is unlikely to change 

the interpretation of major features.  

A challenging aspect in 2D FWI is the 3D to 2D conversion because of the difference of 

geometrical spreading from 2D to 3D. In this project, we transformed the data from 3D to 2D 

by multiplying them by √t (where t is the two-way traveltime) to compensate for the 

geometrical spreading, then we convolved with 1/√t to correct for the phase. This approach is 

mainly valid for 1D profiles, but it sufficiently reduces the differences between observed and 

synthetic data (Arnulf et al., 2012; Wang et al., 2014). More complex transformation can be 

used to compensate for the geometrical spreading from 3D to 2D like the one proposed by 

Wapenaar et al. (1992), in which they propose a lateral filtering procedure of seismic data to 

correct the amplitudes from 3D to 2D. Another challenging aspect in 2D FWI is amplitude 

scaling of the source. Many approaches were proposed to scale the amplitude of the source, 

some of which are:  

• Using the seafloor reflection (Collier & Singh, 1997), however, this approach requires 

the reflectivity of the seafloor to obtain an accurate scaling.  

• Using the direct wave (Wang et al., 2014). 

• Comparing the energy in the synthetic data produced using the forward modelling to 

the energy in the observed data for the inverted window (Arnulf et al., 2014).  
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• In this project, we opted for balancing the amplitude between both seafloor reflection 

and refracted arrivals using data from an area where faulting and attenuation are 

minimal. This same approach was adopted by Huot & Singh (2018).  

Future work 

In the case of studying dewatering at the Hikurangi Margin, possible future work that builds 

on this project could be applying the FWI to several other PEG19 seismic lines to establish if 

upper plate dewatering is a widespread feature of the Hikurangi Margin. Moreover, in many 

studies, Sequence Y is thought to be a seal. However, the FWI result of PEG19-19 shows 

otherwise. Therefore, having regional results of FWI would provide answers to which extent 

Sequence Y plays a role in facilitating fluid flow and to which degree it behaves as a regional 

seal.  

To further investigate the high velocity anomalies around the faults in Chatham Rise, it would 

be beneficial to apply the FWI to PEG19 lines that are adjacent to PEG09-19 (e.g., PEG09-15, 

PEG09-17 and PEG09-21) to explore if those anomalies would persist across the region of 

those lines. Furthermore, synthetic tests need to be conducted to investigate if those high 

velocity anomalies engender from diffractions and out-of-plane reflections from the tightly-

spaced faults.  

In the case of gas hydrates, rock-physics modelling using the FWI result can be carried out to 

estimate gas hydrate and free gas saturation. The results from such modelling can be compared 

to saturation values given by Crutchley et al. (2015) of the same data set.  

Beyond the scope of this PhD, the FWI code and the overall processing sequence employed in 

this project could be applied to seismic data sets acquired over regions of the Hikurangi Margin 

where shallow slow slips events occur as this processing sequence demonstrated its ability to 

detect with high-certainty areas of focused fluid flow or pore-fluid pressure. Arnulf et al. (2021) 



 

  161 

applied the same code and processing sequence to multichannel seismic data acquired in 2005 

over a region (central Hikurangi Margin) that hosted slow slip events triggered by the 2016 

Mw 7.8 Kaikoura earthquake. In this study, the authors derived in-situ stresses and pore 

pressure within the accretionary wedge from P- and S-wave velocities constrained by the FWI. 

This region could benefit from time-lapse imaging that might detect areas of fluid variations 

that could be further constrained using the FWI.  

The FWI code employed in this research is also designed to utilize ocean bottom seismometers 

(OBS) data to invert for subsurface properties. In the NZ3D OBS experiment, New Zealand’s 

R/V Tangaroa deployed 100 OBSs with a spacing of 2 km on four parallel lines across the 

Hikurangi Trough in the northern Hikurangi Margin where slow slip events occur at unusual 

shallow depths (~2 km) (MGL 1801 participants, 2018). In this experiment, 3D seismic 

refraction/wide-angle reflection data with multi-azimuth coverage were acquired. Although the 

FWI code used in this PhD is for 2D seismic data, it can still be used to constrain the velocity 

models of individual profiles of the OBS experiment and derive the in-situ stresses and pore 

pressure within regions where slow slip events occur to further our knowledge of this types of 

earthquakes.   
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Appendix A 

This appendix provides more information of the analysis presented in Chapter 4. 

 

 

 

Figure A1. Time residuals diagram. The initial time residuals (red) and the final time residuals 

(blue) decreased significantly in all parts of the profile to a range of ±10 ms. The positive 

residuals (red) indicate that the velocity should be higher than the velocity of the initial model 

and vice versa. 
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Figure A2. (a) Trace obtained from stacking the near three traces of multiple shots over the 

smoother region of PEG09-19. The seafloor reflection between 3.2 and 3.45 s was selected as 

the unfiltered source wavelet. (b) Source wavelet filtered with the same band-pass filter used 

in the downward continuation. (c) Frequency spectrum of the source wavelet. 
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Figure A3. Velocity model update progression for far-offset arrivals. (a) Starting model. (b), (c), (d) and (e) are the inverted models for the 4- 

7Hz, 4-10 Hz, 4-13 Hz and 4-16 Hz frequency bandwidths, respectively. 
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Figure A4. Initial (a) and final (b) far-offset residuals of shot 2501 at 56 km distance. Initial (c) and final (e) modelling of traces at 6 km offset. 

Initial (d) and final (f) modelling of traces at 7.5 km offset. Black and red traces are observed and synthetic data, respectively.  
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Figure A5. Initial (a) and final (b) far-offset residuals of shot 3501 at 93 km distance. Initial (c) and final (e) modelling of traces at 3.6 km offset. 

Initial (d) and final (f) modelling of traces at 4.5 km offset. Black and red traces are observed and synthetic data, respectively.  
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Figure A6. Velocity model update progression for near-offset reflections. (a) Starting model. (b), (c), (d) and (e) are the inverted models for the 

4- 7Hz, 4-10 Hz, 4-13 Hz and 4-16 Hz frequency bandwidths, respectively.  
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Figure A7. Initial (a) and final (b) near-offset residuals of shot 2501 at 56 km distance for the 

first frequency bandwidth (4-7 Hz). Initial (c) and final (d) near-offset residuals of shot 3501 

at 93 km distance for the first frequency bandwidth (4-7 Hz).  
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